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Paleoceanography of the Bering Sea across the 
Mid-to late Pleistocene 
The Bering Sea represents the gateway between the Pacific and the Arctic Ocean. It is 
characterized by a seasonal sea ice cycle, which together with upwelling along the 
continental margin provides nutrients for primary producers. The resulting high 
sedimentation rates along the margin allow to study Quaternary climate change at an 
orbital to sub-orbital resolution, ideal to examine the evolution of continental ice volume 
across the Mid-Pleistocene transition (MPT, 1.2-0.7 Ma), the shift in glacial/interglacial 
(G/IG) frequency from 41-ka to 100-ka. Additionally, the Bering Sea provides a unique 
opportunity to study sea ice-ocean/land ice interactions. In the North Pacific, sea ice not 
only plays a significant role in climatic feedbacks, but also influences the ventilation of 
mid-depth waters via brine rejection.  
This thesis focuses on MPT climate change in the eastern Bering Sea, with particular 
emphasis on bottom water temperature (BWT), seawater oxygen isotopes (δ18Ow), 
sedimentary redox conditions, and sea ice dynamics. The MPT findings are reinforced by 
examining the same parameters across the last G/IG cycle. Further, the chemical 
composition of contamination phases in benthic foraminifera in eastern Bering Sea slope 
sediments is analysed.  
Foraminiferal contaminants are primarily composed of authigenic carbonates enriched in 
Mg, U, Mn, Fe, and Sr with consequences for geochemical proxies, such as Mg/Ca for 
BWT. Nevertheless, this study also demonstrates the opportunities accompanying 
authigenic carbonates, such as authigenic U/Mn for sedimentary redox chemistry.   
Across the MPT, δ18Ow suggests two possible scenarios of continental ice volume history, 
in line with published records. Together δ18Ow, BWT, and sedimentary redox chemistry 
point towards enhanced entrainment of well-ventilated intermediate waters at ~2000 m 
water depth following the MPT, supported by an increase in the sea ice extent. The 
reconstructed sea ice dynamics align with published modelling studies, characterised by 
the emergence of a late glacial/deglacial sea ice maximum in the Bering Sea during the 
MPT. Increased sea ice extent across early deglaciations could have exerted a negative 
feedback on the moisture supply to continental ice sheets, highlighting the importance of 
sea ice dynamics for Quaternary climate change. The MPT results are additionally 
supported by findings across the last G/IG cycle. A BWT amplitude of ~ 2 °C across the 
last glacial maximum (LGM) to Holocene transition, is in line with previously published 
records from across the Pacific, and together with records of sedimentary redox chemistry, 
δ18Ow, and sea ice suggest admixture of well-ventilated waters during the LGM and 
Heinrich stadial 1. 
In conclusion, this thesis highlights the importance of the Bering Sea hydrography for 
environmental reconstructions and emphasises the need to understand the evolution of 
intermediate water formation in the North Pacific across the MPT. Additionally, it 
demonstrates the necessity of a globally stacked δ18Ow record, to reduce the influence of 
the regional hydrography on δ18Ow. Finally, this thesis accentuates the role of sea ice in 
long-term climate change and indicates the need for additional studies of MPT sea ice 
dynamics to fully unravel its influence on continental ice sheets.  
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GLODAP Global Ocean Data Analysis Project 
HBI Highly branched isoprenoid 
HBI III Tri-unsaturated HBI 
HMC High-Mg calcite 
HNLC High nutrient low chlorophyll 
HPLC High-performance liquid chromatography 
HS1 Heinrich stadial 1 
ICP-MS 
High resolution inductively coupled plasma mass 
spectrometry 
IODP International Ocean Discovery Program 
IRD Ice rafted debris 
IWT Intermediate water temperature 
ka Thousand years 
LA-ICP-MS 
Laser ablation inductively coupled plasma mass 
spectrometry 
LGM Last glacial maximum 
LMC Low-Mg calcite 
LOD Limit of detection 
LR Low resolution mode 
m CCSF-A Meters core composite depth below seafloor 
Ma Million years 
MARopal Mass accumulation rate of biogenic opal 
mbsf Meters below seafloor 
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MIS Marine isotope stage 
MIZ Marginal ice zone 
MPT Mid-Pleistocene transition 
MR Medium resolution mode 
NADW North Atlantic Deep Water 
NPDW North Pacific Deep Water 
NPI North Pacific Index 
NPIW North Pacific Intermediate Water 
ODP Ocean Drilling Program 
OMZ Oxygen minim zone 
PIP25 
Index combining phytoplankton biomarkers with IP25 
for semi-quantitative sea ice reconstructions 
PMOC Pacific Meridional Overturning Circulation 
r.s.d. Relative standard deviation 
s.d. Standard deviation 
s.e. Standard error 
SEM Scanning electron microscope 
SIS Sea ice switch hypothesis 
SMTZ Sulphate Methane Transition Zone 
SST Sea surface temperature 
TBA Tetrabutylammonium sulphite reagent 
Termination I LGM-Holocene transition 
TOE Total organic extract 
WPWP West Pacific Warm Pool 
YD Younger Dryas 
Δ[CO32-] Carbonate saturation state 
δ11B Boron isotope composition 
δ13C Carbon isotope composition 
δ13CDIC 
Carbon isotope composition of dissolved inorganic 
carbon 
δ15N Nitrogen isotope composition 
δ18Ob Benthic foraminiferal oxygen isotope composition 
δ18Ow Oxygen isotope composition of seawater 
ΔBWT BWT amplitude across the LGM-Holocene transition 
Δδ13C(849-U1342) 
Carbon isotope difference of ODP Site 849 and IODP 
Site U1342 
Δδ18Ob 
Benthic foraminiferal oxygen isotope amplitude across 
the LGM-Holocene transition 
εNd Neodymium isotope composition 
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1. Introduction 
1.1 Cenozoic climate change giving rise to the Mid-
Pleistocene Climate Transition 
The Cenozoic describes the geological era between 65.5 million years ago and the 
present and is marked by a transition in Earth’s climate from a ‘greenhouse’ to an 
‘icehouse’ state. Cenozoic climate change, primarily determined from the oxygen 
isotope ratio of benthic foraminifera (δ18Ob), demonstrates a transition from a mainly 
ice-free world throughout the Eocene to the modern icehouse climate, characterised 
by bipolar ice sheets (Zachos et al., 2001) (Figure 1.1). This is accompanied by long-
term cooling of the deep global ocean of ~12°C (Shackleton and Kennett, 1975, Miller 
et al., 1987, Lear et al., 2000, Zachos et al., 2001), a decrease in the atmospheric CO2 
concentrations (Pearson and Palmer, 2000), and prominent changes in the ocean 
circulation (Thomas, 2004, Motoi et al., 2005, Hague et al., 2012, Thomas et al., 2014). 
Cenozoic long-term climate trends are primarily governed by changes in the tectonic 
forcing, including volcanism, paleogeography, and changes in the topography and 
bathymetry. This influences oceanic gateways (Haug and Tiedemann, 1998, Motoi et 
al., 2005, Haug et al., 2005, Lyle et al., 2008) and atmospheric circulation (Raymo and 
Ruddiman, 1992, Molnar et al., 1993), in turn impacting the oceanic overturning, 
meridional heat and moisture transport, and atmospheric greenhouse gas 
concentrations. In addition to tectonic mechanisms, driving the climate on timescales 
of 105 to 107 years (Zachos et al., 2001), Cenozoic climate change demonstrates 
distinctive periodic and quasi-periodic oscillations defined by the orbital parameters 
obliquity (41 thousand years (ka)), precession (19 ka and 23 ka), and eccentricity (100 
ka and 413 ka), determining the total and latitudinal seasonal/annual solar energy 
budget (Milankovitch, 1941, Hays et al., 1976, Zachos et al., 2001) (Figure 1.1). 
Overall, Earth’s boundary conditions, predominantly governed by plate tectonics, 
determine the sensitivity of climate to orbital modulation. In addition to these long-
term and cyclical climate trends, abrupt transient events can be observed throughout 
the Cenozoic, such as the Palaeocene-Eocene-Thermal-Maximum and the Eocene-
Oligocene (E/O) boundary, suggesting a nonlinear response of the climate system 
(Pearson and Palmer, 2000, Lear et al., 2000, Zachos et al., 2001, DeConto and 
Pollard, 2003) (Figure 1.1). Traditionally, the E/O boundary is considered to represent 
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intensive glaciation of the Antarctic continent, as a result of thermal isolation of 
Antarctica and/or a long-term decrease in atmospheric CO2 (Zachos et al., 2001, 
DeConto and Pollard, 2003, Hill et al., 2013, Galeotti et al., 2016), with extensive 
northern hemisphere ice sheets not appearing until ~2.7 million years (Ma) ago during 
the Pliocene (Shackleton et al., 1984, Raymo, 1994). The unipolar glaciation 
throughout the Oligocene and Miocene, however, has recently been challenged by 
evidence of ice rafted debris (IRD) in the Arctic Ocean since ~45 Ma (Moran et al., 
2006), suggesting smaller ice sheets and/or sea ice throughout at least parts of the 
Middle Cenozoic with some evidence pointing towards perennial and/or seasonal sea 
ice in the Arctic Ocean during the Miocene (Moran et al., 2006, Krylov et al., 2008, 
Stein et al., 2016). The modern sea ice extent was established coeval with the 
intensification of northern hemisphere ice sheets at ~2.7 Ma (Knies et al., 2014). 
Following the late Miocene cooling the Plio-Pleistocene (5.3-0.012 Ma) is 
characterised by profound changes in northern hemisphere ice volume and changes in 
the sensitivity of Earth’s climate to external forcing, setting the stage for modern 
climate variability. 
The Mid-Pliocene is the most recent period that was consistently warmer than today, 
with atmospheric CO2 concentrations >280 ppm (Martinez-Boti et al., 2015) and sea 
surface temperatures (SST) up to 3°C warmer. The expansion of northern hemisphere 
ice sheets around 2.7 Ma is accompanied by a pronounced increase in the IRD content 
of North Atlantic and North Pacific sediments (Shackleton et al., 1984, Ruddiman and 
Raymo, 1988), indicating more extensive glacial discharge and larger continental ice 
sheets surrounding these major ocean basins. Hypotheses explaining northern 
hemisphere ice sheet expansion include changes in the ocean circulation resulting 
from the closure of the Mid-American seaway (Haug and Tiedemann, 1998, Lear et 
al., 2003) or the restriction of the Indonesian throughflow, Tibetan uplift (Raymo and 
Ruddiman, 1992), the onset of North Pacific stratification with the development of a 
permanent halocline (Haug et al., 1999, Haug et al., 2005), and/or changes in the deep 
water circulation influencing the meridional heat and salt transport governed by 
Antarctic ice sheet growth and Southern Ocean stratification (Woodard et al., 2014). 
The expansion of northern hemisphere ice sheets is coupled with the onset of a 
pronounced expression of 41-ka periodicity in glacial/interglacial (G/IG) cycles of the 
global δ18Ob stack (LR04) (Lisiecki and Raymo, 2005) around ~3 Ma (Raymo and 
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Nisancioglu, 2003, Lisiecki and Raymo, 2007), indicative of obliquity modulation 
(Figure 1.2). Further, from ~2.5 Ma onwards G/IG cycles, as seen from records of 
δ18Ob, indicate distinct asymmetry with long glaciations and rapid deglaciations giving 
rise to the emergence of the prominent saw-tooth pattern of Pleistocene G/IG cycles 
(Lisiecki and Raymo, 2007) (Figure 1.2). During the Pleistocene together with a 
pronounced increase in the δ18Ob amplitude the dominant frequency of G/IG cycles 
changed from 41-ka to quasi-periodic 100-ka oscillations that became dominant from 
~0.65 Ma (Clark et al., 2006). This transition is called the Mid-Pleistocene transition 
(MPT) (Figure 1.2).  
 
 
Figure 1.1 Composite Cenozoic benthic δ18O curve including the bottom water temperature 
based on δ18O in an ice-free world (Zachos et al., 2001, Zachos et al., 2008). Approximate 
schematic of Antarctic and northern hemisphere ice sheet evolution from Zachos et al. (2008). 
 
1.2 The Mid-Pleistocene transition  
The MPT describes the shift in G/IG frequency from 41-ka cycles to quasi-periodic 
100-ka cycles during the Mid-Pleistocene (1.25-0.7 Ma). The 100-ka spectral power 
first emerged in global records of δ18Ob around 1.25 Ma but did not become dominant 
until 0.65 Ma (Ruddiman et al., 1989, Clark et al., 2006), contradicting other studies 
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defining the MPT as an abrupt event with an increase in the 100-ka power between 
0.9-0.6 Ma (Mudelsee and Schulz, 1997). Simultaneously with the increase in 
frequency the asymmetry of G/IG cycles strengthened (Lisiecki and Raymo, 2007) 
and the G/IG amplitude in the global δ18Ob record (LR04 stack (Lisiecki and Raymo, 
2005)) increased with consistently higher δ18Ob during late Pleistocene glacials, 
indicating either larger continental ice volume, a decrease in deep ocean temperatures, 
or both (Figure 1.2). 
 
 
Figure 1.2 Global benthic foraminiferal δ18O stack (LR04)  (black) (Lisiecki and Raymo, 
2005), including the orbital parameters obliquity (light blue), precession (dark blue) and 
eccentricity (green) (Paillard et al., 1996, Laskar et al., 2004) across the Plio-Pleistocene (0-4 
Ma). The vertical yellow bar indicates the Mid-Pleistocene transition (MPT, 0.7-1.2 Ma) and 
the grey vertical bar marks marine isotope stage (MIS) 11 characterised by a pronounced 
mismatch in the eccentricity forcing and the δ18O response. 
 
Milankovitch’s theory indicates that variability in continental ice volume is driven by 
changes in the caloric summer half-year insolation (amount of energy integrated over 
the caloric summer half of the year) (Milankovitch, 1941), which at 65°N shows 
almost equal contribution from precession and obliquity forcing (Tzedakis et al., 
2017). Thus, challenges arise to explain Plio-Pleistocene G/IG variability in light of 
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orbital forcing, as no pronounced ice volume variability at precession periods is 
observed. Further, the power in the eccentricity band is too low to directly force late 
Pleistocene climate cycles and a distinct amplitude mismatch between eccentricity 
forcing and the δ18Ob signal is observed, for example during marine isotope stage 
(MIS) 11 (~400 ka) were the amplitude in eccentricity is low but the δ18Ob signal is 
unusually strong (Parrenin and Paillard, 2003) (Figure 1.2). Additionally, late 
Pleistocene G/IG cycles vary in duration between 80-120 ka equal to two to three 
obliquity cycles.  
Studies of the Pliocene and early Pleistocene G/IG cycles attribute the mismatch 
between Milankovitch’s theory and the 41-ka frequency to either self-sustained 
climate variability phase-locked to obliquity (Ashkenazy and Tziperman, 2004) or 
direct obliquity forcing (Raymo and Nisancioglu, 2003, Huybers, 2006, Raymo et al., 
2006, Lisiecki and Raymo, 2007). Whereas, the latter could result from ice sheets 
being sensitive to variations in the meridional insolation gradient between 25°N and 
70°N (Raymo and Nisancioglu, 2003), however climate models have failed to show 
this relationship (Jackson and Broccoli, 2003), or the insolation integrated over the 
duration of the summer, insensitive to precession as the summertime length is 
inversely proportional to Earth’s distance from the sun (Kepler’s second law) 
(Huybers, 2006). Huybers and Tziperman (2008) propose that 41-ka ice sheet 
variability can effectively be generated by climate models, if the ablation zone remains 
north of 60°N, where obliquity forcing has a greater influence, and if the summer melt 
season is long enough to balance changes in the insolation intensity, for example by 
basal sliding of the ice sheet resulting in thinning and lowering of the ice surface to 
warmer elevations. Raymo et al. (2006), on the other hand, suggest that the precession 
forcing is simply out of phase between hemispheres and is, thus, cancelled out in 
globally integrated records of δ18Ob. However, other more regionally determined 
climatically sensitive records such as bottom water temperature (BWT), IRD, and SST 
also vary at 41-ka during the Pliocene and early Pleistocene (Raymo et al., 2006, 
Sosdian and Rosenthal, 2009, Elderfield et al., 2012, McClymont et al., 2013). 
Additionally, as aforementioned 41-ka cycles demonstrate distinct asymmetry since at 
least ~2.5 Ma (Raymo and Nisancioglu, 2003, Lisiecki and Raymo, 2007), suggesting 
that even if climate cycles are directly forced or paced by obliquity modulation, 
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nonlinearities internal to the climate system must exist, as no orbital parameter 
demonstrates any kind of asymmetry.  
100-ka climate cycles, on the other hand, have been attributed to either nonlinear 
amplification of eccentricity (Hays et al., 1976), or to pacing by the external orbital 
forcing. However, studies disagree on whether the quasi-periodic 100-ka oscillations 
are paced by eccentricity or two to three obliquity cycles (Ashkenazy and Tziperman, 
2004, Huybers and Wunsch, 2005, Ashkenazy, 2006, Lisiecki, 2010, Huybers, 2011), 
with the timing of glacial terminations most likely being determined by obliquity, 
precession, or a combination of the two (Hays et al., 1976, Huybers and Wunsch, 2005, 
Huybers, 2011, Feng and Bailer-Jones, 2015, Tzedakis et al., 2017). Nevertheless, the 
change from 41-ka to 100-ka climate cycles appears without any attributable change 
in orbital forcing (Shackleton and Opdyke, 1976, Pisias and Moore Jr, 1981, Imbrie et 
al., 1993, Raymo and Nisancioglu, 2003), indicating that the MPT is characterised by 
a shift in the sensitivity of the climate system to external forcing, driven by 
mechanisms internal to the climate system. However, controversy still exists 
concerning the nature of feedback mechanisms and teleconnections responsible for 
MPT climate change.  
1.2.1 Hypothesis to explain the Mid-Pleistocene climate transition 
Hypotheses explaining MPT climate change can be divided into two broad categories, 
with the first one invoking a pronounced change in ice sheet dynamics and the second 
one indicating a threshold response to long-term climate cooling, for example as a 
result of gradual atmospheric CO2 decrease, even though records of atmospheric CO2 
across the MPT are scarce.  
One hypothesis indicating a fundamental shift in ice sheet dynamics is the ‘regolith 
hypothesis’ (Clark and Pollard, 1998), suggesting a gradual removal of a thick 
sediment horizon (regolith) underlying the North American ice sheet by ice erosion, 
allowing the Laurentide ice sheet to grow in size. Fundamental to their hypothesis 
Clark and Pollard (1998) argue that ice sheets primarily grew in thickness rather than 
area during the MPT, as a result of the exposure of high-friction Precambrian bedrock. 
A thicker ice sheet would imply changes in the response of the ice sheet to solar 
forcing, with increased ice sheet inertia giving rise to the late Pleistocene 100-ka 
climate cycles (Clark and Pollard, 1998, Clark et al., 2006). This is supported by 
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sedimentary evidence, such as thick saprolite layers found in Minnesota and Canada, 
a change in the geochemical and mineralogical signature of till deposits in North 
America, and a change in the ocean’s strontium and osmium isotope values at ~1.4 
Ma and ~1 Ma, respectively (Clark et al., 2006). Both, Sr (87Sr/86Sr) and Os 
(187Os/186Os) isotope ratios, are influenced by rates of continental weathering, however 
compared to Sr, Os isotopes are unaffected by the erosion of regolith (Clark et al., 
2006). Thus, Clark et al. (2006) argue that the increase in Sr isotopes at ~1.4 Ma 
represents the removal of regolith underlying the North American ice sheet, whereas 
the increase in Os isotopes at ~1 Ma represents the onset of bedrock weathering. 
Further, an increase in the silicate weathering rates associated with the bedrock 
exposure could have promoted atmospheric CO2 drawdown across the MPT, causing 
additional cooling (Clark et al., 2006). Tabor and Poulsen (2016) explored the validity 
of the ‘regolith hypothesis’ using a complex earth system model and find distinct 
changes in the ice sheet flow and accumulation/ablation dynamics as a result of 
crystalline bedrock exposure. Thus, they argue that the ‘regolith hypothesis’ is a valid 
mechanism to explain frequency changes across the MPT, as thicker and colder ice 
sheets require increased insolation forcing to fully retreat (Tabor and Poulsen, 2016). 
An increase in North American ice sheet size across the Mid-Pleistocene is also 
proposed by Bintanja and van de Wal (2008a) with the Laurentide and Cordilleran ice 
sheet merging for the first time around ~1 Ma, however, these authors attribute the 
larger ice sheets to gradual cooling following the northern hemisphere glaciation 
around ~2.7 Ma, rather than changes in the underlying geology. 
Other hypothesis of changes in ice sheet dynamics invoke an increase in Antarctic ice 
volume across the MPT (Pollard and DeConto, 2009, Elderfield et al., 2012) as the 
determining factor to lock Earth’s climate in a quasi-periodic 100-ka variability 
(Elderfield et al., 2012). Elderfield et al. (2012) study δ18Ob in conjunction with BWT 
variability at Ocean Drilling Program (ODP) Site 1123 in the southwestern Pacific, to 
extract the seawater δ18O (δ18Ow), sensitive to changes in continental ice volume. They 
find a pronounced increase in δ18Ow across the so-called ‘900-ka event’ (MIS 24 to 
MIS 22), which they interpret as an abrupt increase in Antarctic ice volume resulting 
from low southern hemisphere summer insolation across this interval (Elderfield et 
al., 2012). Raymo et al. (2006) also suggest a change in Antarctic ice sheet dynamics 
across the MPT, however due to long-term cooling, for example as a result of 
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decreasing atmospheric CO2 concentration and increased chemical weathering rates 
(Raymo and Ruddiman, 1992). During the pre-MPT 41-ka world East Antarctic Ice 
Sheet (EAIS) margins are suggested to remain terrestrial-based, sensitive to summer 
melting and thus insolation forcing (Raymo et al., 2006). Long-term cooling across 
the Pleistocene, however, led to EAIS expansion and the formation of marine-based 
ice margins around 1 Ma, positively influencing EAIS thickness (Raymo et al., 2006). 
Further, marine-based ice margins would allow for in-phase ice sheet variability 
between the northern and southern hemisphere (Raymo et al., 2006), as marine-based 
margins are sensitive to sea level fluctuations controlled by northern hemisphere 
insolation changes (Thompson and Goldstein, 2005). 
Other mechanisms, proposed to drive MPT climate change as a threshold response to 
long-term cooling, include the sea ice switch (SIS) hypothesis (Gildor and Tziperman, 
2001, Tziperman and Gildor, 2003, Sayag et al., 2004). Tziperman and Gildor (2003) 
use conceptual modelling and attribute a hypothetical long-term decrease in deep 
ocean temperatures and the resulting changes in the surface ocean heat capacity due 
to increased stratification, to the activation of the SIS mechanism across the MPT. The 
model results of Tziperman and Gildor (2003) show that as the climate heads towards 
a glacial state and atmospheric temperatures start to decrease substantial cooling of 
the surface ocean allows sea-ice to form. Subsequently, sea-ice extent increases 
rapidly resulting from a positive albedo-temperature feedback, with an increase in sea 
ice leading to a decrease in evaporation and moisture supply to continental glaciers 
(Tziperman and Gildor, 2003). However, sea ice growth is self-limiting as sea ice 
effectively insulates the surface ocean and thus, when atmospheric temperatures start 
to rise again, sea ice loss is rapid. The SIS hypothesis makes two critical predictions. 
The first one being a pronounced increase in the sea ice extent across the MPT 
(Tziperman and Gildor, 2003), and the second one being land-glacier sea ice hysteresis 
during post-MPT climate cycles, with the largest sea ice extent when continental ice 
volume starts to retreat (Sayag et al., 2004). Lee et al. (2017) also demonstrate the 
importance of sea ice for the MPT using climate models. They propose that the change 
in G/IG frequency associated with the MPT originated from changes in the inter-
hemispheric sea ice growth related to climate cooling (Lee et al., 2017). Whereas sea 
ice varies in-phase between hemispheres at 41-ka during warm climates, such as the 
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Pliocene, cold climates are characterised by out-of-phase interhemispheric sea ice 
growth driven by precession variation modulated by eccentricity (Lee et al., 2017).  
Furthermore, a nonlinear response of the Atlantic meridional overturning circulation 
(AMOC) to Plio-Pleistocene cooling has been proposed to change the redistribution 
of heat between the southern and northern hemisphere between the 41-ka and the 100-
ka world (Bell et al., 2015). Less northward heat transport during the 100-ka world as 
a result of decreased deep water formation in the North Atlantic could lead to/aid in 
the build-up of northern hemisphere ice volume across the MPT (Bell et al., 2015). In 
addition to changes in the oceanic overturning, changes in the atmospheric circulation 
have also been suggested to increase northern hemisphere ice volume across the MPT 
(McClymont and Rosell-Melé, 2005). Progressive intensification of the zonal SST 
gradient in the equatorial Pacific between 1.17-0.9 Ma has been proposed to drive the 
onset and intensification of the Walker circulation (McClymont and Rosell-Melé, 
2005). Together with an increase in the meridional SST gradient across the MPT in 
both the Atlantic and the Pacific (McClymont et al., 2008), this suggests strengthening 
of the Hadley Circulation, at least in the northern hemisphere, and decreased heat but 
increased moisture transport to ice-sheet source regions (McClymont and Rosell-
Melé, 2005, McClymont et al., 2008, McClymont et al., 2013). Although, it is unclear 
whether atmospheric changes were effective in controlling continental ice volume 
increase (McClymont et al., 2013).  
Thus, aplenty of hypothesis exist as to what could have caused MPT climate change, 
however, the evaluation of these hypotheses requires additional records from 
climatically sensitive regions to paint a complete picture of global climate change 
across the Pleistocene.  
1.2.2 Global climate change across the Mid-Pleistocene transition 
The change in frequency of G/IG cycles together with the increase in continental ice 
volume across the MPT is preceded/accompanied by a variety of atmospheric and 
oceanic changes. Determining the nature and timing of Mid-Pleistocene climate 
change is crucial with respect to our understanding of the synchronicity and/or 
sequential evolution of global climate feedbacks and our understanding of 
mechanisms driving the MPT frequency change.  
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McClymont et al. (2013) studied SSTs of 26 globally distributed sediment cores and 
identified an overall cooling trend during the early Pleistocene that intensified between 
1.2 Ma and 0.8 Ma and diminishes at the onset of dominant 100-kyr periodicity (~0.7 
Ma). Six sites, among others from the West Pacific Warm Pool (WPWP) (de Garidel-
Thoron et al., 2005, Medina-Elizalde and Lea, 2005) and in the Southern Ocean 
(Crundwell et al., 2008, Martínez-Garcia et al., 2010) deviate from this overall cooling 
trend and exhibit long-term warming across the mid to late Pleistocene (McClymont 
et al., 2013). Southern Ocean warming across the mid-Pleistocene disagrees with other 
studies, indicating a northward shift of the Antarctic Polar Front (APF) by 6° and 7° 
between 1.3-0.9 Ma and 0.9-0.42 Ma, respectively (Kemp et al., 2010). However, the 
sites studied by McClymont et al. (2013) are just north of the proposed APF shift, 
potentially highlighting the local hydrography as a driver of SST warming across the 
MPT. The lack of a cooling trend in the WPWP across the Pleistocene has been 
observed in several studies (McClymont and Rosell-Melé, 2005, de Garidel-Thoron et 
al., 2005, Medina-Elizalde and Lea, 2005, Dyez and Ravelo, 2014, Sun et al., 2017), 
indicating steady SSTs in the western equatorial Pacific but progressive cooling in the 
east between ~1.4-0.9 Ma. As aforementioned the inferred increased zonal SST 
gradient in the equatorial Pacific has been linked to an intensification of the Walker 
Circulation across the MPT, leading to enhanced upwelling in the east and shoaling of 
the thermocline (McClymont and Rosell-Melé, 2005, Dyez and Ravelo, 2014), 
supported by increased dust deposition in the eastern equatorial Pacific from 1.1 Ma 
suggesting a stronger atmospheric circulation (McClymont and Rosell-Melé, 2005). 
Together with a strengthening of the zonal SST gradient in the equatorial Pacific an 
enhanced meridional SST gradient can be observed in both the Pacific and Atlantic 
Ocean throughout the Mid-Pleistocene (Ruddiman et al., 1989, McClymont et al., 
2008, Martínez-Garcia et al., 2010, Lawrence et al., 2010, McClymont et al., 2013), 
strengthening the Hadley Circulation. Relatively stable SSTs throughout the 
Pleistocene in the Coral Sea (Russon et al., 2010), north of Australia, suggest that the 
Hadley circulation may have only increased in the northern hemisphere (McClymont 
et al., 2013), supported by a strengthening of the East-Asian monsoon and Atlantic 
and Arabian Sea aeolian dust input at around 1.5 Ma and 1.35 Ma, respectively (Clark 
et al., 2006). Compared to the ~2 °C SST cooling in the North Atlantic between ~1.4-
0.85 Ma (Lawrence et al., 2010), thermocline waters at the Iberian Margin demonstrate 
relatively stable long-term SSTs with intermittent warming throughout the Mid-
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Pleistocene coeval with a southward shift of the North Atlantic subpolar front, 
indicative of a shift in the predominant thermocline water mass off Iberia (Bahr et al., 
2018). Warmer waters off Western Europe could potentially have provided an 
important moisture source for Alpine glaciers throughout the MPT (Bahr et al., 2018).  
 
 
Figure 1.3 Bottom water temperature (BWT) and δ18Ow at DSDP Site 607 in the North 
Atlantic (grey (Sosdian and Rosenthal, 2009) and blue (Ford et al., 2016)) and the 
southwestern Pacific ODP Site 1123 (Elderfield et al., 2012) across the Mid-Pleistocene.  
 
Compared to the SST records BWT reconstructions across the MPT are scarce and 
only three high resolution records exist with two from North Atlantic Deep Sea 
Drilling Project (DSDP) Site 607 (Sosdian and Rosenthal, 2009, Ford et al., 2016) and 
one from southwestern Pacific ODP Site 1123 (Elderfield et al., 2012). All three 
studies are based on Mg/Ca ratios of benthic foraminifera, indicating a distinctly 
different long-term evolution of BWT in the North Atlantic and the South Pacific. 
Whereas, North Atlantic Site 607 demonstrates a long-term BWT cooling between 
1.12-0.85 Ma of ~2 °C with cooling observed during both glacial and interglacial 
intervals (Sosdian and Rosenthal, 2009, Ford et al., 2016) (Figure 1.3), South Pacific 
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Site 1123 indicates no long-term change in BWT (Elderfield et al., 2012) (Figure 1.3). 
Instead, glacial BWT at Site 1123 across the last 1.5 Ma consistently approach the 
freezing point, with a small increase in interglacial BWT from MIS 19 (790 ka) 
onwards (Elderfield et al., 2012). Similarly consistent glacial BWT in the deep Pacific 
close to the freezing point of seawater have been inferred by Siddall et al. (2010) using 
a transfer function between sea level and δ18Ob to deconvolve the δ18Ob record into its 
BWT and ice volume component. However, it is debatable if the transfer function of 
δ18Ob derived for the last two G/IG cycles holds true for the entire Pleistocene. Long-
term BWT cooling in the North Atlantic has been suggested to result from either 
surface water cooling in the deep water source regions, as suggested from SST records 
(Lawrence et al., 2010, McClymont et al., 2013), and/or changes in the mixing ratio 
of relatively warm northern sourced deep waters and cooler southern sourced deep 
waters across the MPT (Sosdian and Rosenthal, 2009, Ford et al., 2016). Whilst 
different BWT histories in the Atlantic and Pacific may be explained by changes in 
the deep water masses bathing these basins, the three studies also report distinctly 
different Mid-Pleistocene continental ice volume histories, based on the reconstructed 
δ18Ow (Sosdian and Rosenthal, 2009, Elderfield et al., 2012, Ford et al., 2016). 
Whereas, δ18Ow at DSDP Site 607 suggests no long-term change in continental ice 
volume across the MPT (Sosdian and Rosenthal, 2009, Ford et al., 2016) (Figure 1.3), 
ODP Site 1123 indicates a step-like increase across the 900-ka event (Figure 1.3), 
interpreted to represent an abrupt increase in Antarctic ice volume (Elderfield et al., 
2012). Based on the differences in the amplitude of the δ18Ob record at ODP Site 1123 
and the globally integrated LR04 stack between ~0.9-0.7 Ma, Ford et al. (2016) 
attribute the increase in δ18Ow to the influence of the local hydrography, with Site 1123 
likely being sensitive to the mixing ratio of northern and southern sourced deep waters. 
This highlights the need for further studies of BWT δ18Ow and from across the deep 
ocean to derive a globally integrated continental ice volume signal across the MPT 
averaging out any regional influences.  
As previously mentioned the MPT is associated with a pronounced perturbation in the 
deep ocean circulation. Early evidence of changes in the deep Pacific and Atlantic 
carbon isotope values (δ13C) of benthic foraminifera indicate convergence between 
these two ocean basins between 0.8-0.7 Ma and 0.5-0.4 Ma, suggesting relatively weak 
North Atlantic Deep Water (NADW) formation at these times (Raymo et al., 1990, 
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Raymo et al., 1997). This was further demonstrated by Pena and Goldstein (2014) 
using neodymium isotopes (εNd) to track changes in the NADW export throughout the 
MPT. More positive εNd values during the 900-ka event (MIS 24 to MIS 22) indicate 
a prominent decrease in the NADW export during this time. Similarly, post-MPT 
glacials are also marked by decreased NADW export (Elderfield et al., 2012, Pena and 
Goldstein, 2014) together with a shoaling of its distinctive εNd signature in the South 
Atlantic, whereas interglacial circulation patterns are similar to the pre-MPT interval 
(Pena and Goldstein, 2014). Pena and Goldstein (2014) further argue that the weak 
thermohaline circulation during the 900-ka event and post-MPT glacials facilitated 
atmospheric CO2 drawdown by reducing the exchange between Antarctic surface and 
deep waters (Hodell et al., 2003). Increased deep ocean carbon storage across the MPT 
is inferred from records of benthic foraminiferal B/Ca in the North Atlantic (Lear et 
al., 2016, Sosdian et al., 2018). A decrease in the carbonate saturation state (Δ[CO32-
]) at DSDP Site 607 between 1-0.8 Ma is associated with an increased incursion of 
southern component deep waters into the North Atlantic and potential changes in the 
air-sea gas exchange around Antarctica, suggesting increased carbon sequestration in 
the deep ocean (Lear et al., 2016, Sosdian et al., 2018). Additionally, if a larger portion 
of the deep ocean is bathed in corrosive bottom waters the subsequent dissolution of 
CaCO3 in the sediments and increase in total alkalinity lead to further atmospheric 
CO2 drawdown (Lear et al., 2016, Sosdian et al., 2018). Moreover, Sosdian et al. 
(2018), suggest a change in the location of CaCO3 burial during glacials since the 
MPT, with increased carbonate dissolution in the Atlantic raising the average ocean 
carbonate ion concentration ([CO32-]), leading to the formation of CaCO3 burial 
hotspots in the equatorial Pacific, in line with records of Atlantic and Pacific CaCO3 
preservation across the Pleistocene (Sexton and Barker, 2012). The shift in primary 
location of carbonate burial and the transfer of alkalinity from the Atlantic to the 
Pacific aids in keeping deep ocean [CO32-] low throughout glacial intervals and high 
across interglacials, as observed from the benthic foraminiferal B/Ca record at Site 
607 (Sosdian et al., 2018). Studies of benthic foraminifera-derived productivity 
changes in the equatorial Pacific support an increase in primary productivity since the 
MPT, in line with enhanced CaCO3 burial (Diester-Haass et al., 2018).  
In addition to changes in the oceanic carbon cycle, records of atmospheric CO2, as 
reconstructed from planktonic foraminiferal boron isotopes (δ11B) and Antarctic ice 
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cores, suggest prominent changes across the Pleistocene, in line with increased deep 
ocean carbon storage in the glacial Atlantic Ocean since the MPT (Lear et al., 2016, 
Sosdian et al., 2018). Continuous records of ancient air trapped in Antarctic ice cores 
only date back to ~800 ka, with G/IG CO2 variability between 182-290 ppmv and 176-
260 ppmv between 0-400 ka and 400-800 ka, respectively (Bereiter et al., 2015) 
(Figure 1.4). Beyond 800 ka records of atmospheric CO2 variations become scarce, 
complicating the interpretation of the role of CO2 for MPT climate change. Many 
hypotheses for the frequency change of G/IG cycles, invoke a threshold response to 
long-term cooling, for example as a result of a gradual decrease in atmospheric 
greenhouse gas concentrations. However, Hönisch et al. (2009) suggest a decrease in 
glacial atmospheric CO2 of ~31 µatm across the MPT with no long-term trend and 
relatively stable interglacial CO2 values (Figure 1.4). Between ~2 Ma and 1 Ma 
average glacial and interglacial atmospheric CO2 concentrations were on the order of 
~215 µatm and 285 µatm, respectively (Hönisch et al., 2009), in line with an orbitally 
resolved study of atmospheric CO2 concentrations across MIS 38 to MIS 32 (1081 ka 
to 1264 ka) suggesting a similar glacial drawdown in atmospheric CO2 associated with 
the MPT (Chalk et al., 2017) (Figure 1.4). Further, reconstructions of disturbed blue 
ice from Antarctica indicate atmospheric CO2 concentrations between 221 ppm and 
277 ppm around ~1 Ma (Higgins et al., 2015), in line with studies of planktonic δ11B 
(Figure 1.4). Based on modelling results, Chalk et al. (2017) attribute the post-MPT 
glacial decrease in atmospheric CO2 to iron fertilization in the Southern Ocean 
increasing the efficiency of the biological pump and deep ocean carbon sequestration.    
In line with the general global climate cooling observed across the Mid-Pleistocene, 
records of microfossil assemblages in the Arctic Ocean, suggest a pronounced shift in 
the sea ice regime. Both foraminifera and ostracod faunal assemblages indicate a 
transition from more seasonal to perennial sea ice in the central Arctic Ocean at the 
MPT (DeNinno et al., 2015, Lazar and Polyak, 2016). Additionally, the diatom species 
Neodenticula seminae, typical for the North Pacific (Sancetta and Silvestri, 1986), 
becomes extinct in the North Atlantic coeval with the MPT, in favour of changes in 
the Arctic sea ice concentrations and/or circulation (Miettinen et al., 2013). 
All in all this demonstrates the extent of climate change associated with the shift in 
G/IG frequency across the MPT, emphasizing the importance of this transition for our 
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understanding of climatic feedbacks and the sensitivity of Earth’s climate to different 
forcing mechanisms.  
 
 
Figure 1.4 Records of atmospheric CO2 change across the Pleistocene from Antarctic ice 
cores between ~0-800 ka (pink) (Bereiter et al., 2015 and references herein) and from 
Antarctic blue ice around ~1 Ma (blue) (Higgins et al., 2015), together with CO2 records from 
foraminiferal boron isotopes (δ11B) from Hönisch et al. (2009) (red) with ± 1 standard error 
(s.e.) and Chalk et al. (2017) (green) including a 2σ error envelope. Grey vertical bars 
represent glacial intervals, white vertical bars mark interglacials. Marine isotope stage (MIS) 
boundaries from Lisiecki and Raymo (2005). Numbers at the top correspond to the respective 
MIS. 
 
1.2.2.1 The North Pacific throughout the Mid-Pleistocene  
Records of North Pacific climate change demonstrate prominent changes on G/IG 
timescales, highlighting the potential of this region to actively shape climate cycles, 
however, compared to the North Atlantic it is a highly underrepresented region in 
paleoclimate research, largely owing to the low preservation potential of calcareous 
microfossils, hindering the application of traditional foraminiferal paleoclimate 
proxies.  
Nevertheless, some evidence exists for climate change in the North Pacific and its 
marginal seas across the MPT. As previously mentioned the MPT is marked by an 
increase in the meridional temperature gradient in the Pacific Ocean, driven by an 
expansion of polar water masses in the North Pacific from ~1.15 Ma as seen from a 
decrease in the SST (McClymont et al., 2008, Martínez-Garcia et al., 2010). Gradual 
increasing SSTs from 0.9-0.5 Ma suggest a subsequent retreat of polar waters in the 
North Pacific (McClymont et al., 2008). McClymont et al. (2008) suggest that the 
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southward expansion of polar water masses likely exerted a negative feedback on the 
moisture supply to continental ice sheet source regions, potentially accounting for the 
delay in ice sheet response compared to oceanic and atmospheric changes observed 
from ~1.2 Ma. Further, the expansion of cold waters may have shoaled the 
thermocline, aiding in the development of the modern eastern equatorial Pacific cold 
tongue and the intensification of the Walker Circulation (Martínez-Garcia et al., 2010). 
An expansion of polar water masses and North Pacific cooling from ~1.2 Ma is in line 
with increased IRD content in sediments of the Gulf of Alaska between 1.2-0.8 Ma 
and the western North Pacific from ~1 Ma, indicating a highly dynamic Cordilleran 
ice sheet across the MPT (St. John and Krissek, 1999, Müller et al., 2018). 
The Bering Sea represents the northernmost marginal sea of the Pacific, forming the 
gateway between the Pacific and the Arctic Ocean. Records of Bering Sea climate 
change across the Mid-Pleistocene demonstrate significant cooling associated with the 
MPT, as seen from a step-wise expansion of sea ice extent at ~1.9 Ma and ~0.9 Ma, 
inferred from microfossil assemblages (Teraishi et al., 2016, Ikenoue et al., 2016, 
Stroynowski et al., 2017). The increase in sea ice extent is accompanied by a decrease 
in the primary productivity in the Bering Sea (Kim et al., 2014, Iwasaki et al., 2016) 
and a change in the circulation regime associated with sea level low stands during 
glacials, restricting the inflow of relatively warm North Pacific waters into the 
southern Bering Sea (Kim et al., 2014, Teraishi et al., 2016, Stroynowski et al., 2017). 
Records of δ13C and microfossils in the Bering Sea, also suggest the presence of well-
ventilated intermediate waters throughout glacials of the last ~1.2 Ma, likely indicating 
increased brine rejection during sea ice freezing (Knudson and Ravelo, 2015b, 
Ikenoue et al., 2016). Knudson and Ravelo (2015b) suggest that intermediate water 
ventilation was enhanced during glacials characterised by a closed Bering Strait, 
however, it is unclear whether intermediate waters originated in the Bering Sea or in 
the neighbouring Sea of Okhotsk throughout this interval. Further, records of nitrate 
utilisation in the Bering Sea indicate increased nutrient utilisation across all glacials 
of the last 1.2 Ma, likely as a result of enhanced stratification limiting the nutrient-
supply from below (Knudson and Ravelo, 2015a). Increased stratification during late 
Pleistocene glacials might have aided in glacial atmospheric CO2 drawdown, 
restricting the evasion of CO2 from old deep waters outcropping in the North Pacific 
(Knudson and Ravelo, 2015a).  
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1.3 Climate of the subarctic North Pacific across the last 
glacial maximum to Holocene  
The environment of the last glacial maximum (LGM) in the North Pacific and the 
Bering Sea differs significantly from present day conditions by means of 
geomorphology, surface currents, SST, and sea-ice extent. Resulting from the large 
sea level fall of ~120 m associated with the LGM (Spratt and Lisiecki, 2016), the 
Bering land bridge was exposed with large parts of the Bering shelf being submerged 
(Elias et al., 1996). Further, the drastic change in sea level restricted the inflow of 
relatively warm and nutrient-rich Alaskan Stream waters through the Aleutian Arc into 
the southern Bering Sea (Tanaka and Takahashi, 2005). Both the North Pacific and 
the Bering Sea are characterised by decreased SSTs throughout the LGM, as inferred 
from microfossil assemblages, organic, and inorganic geochemistry (Tanaka and 
Takahashi, 2005, Kiefer and Kienast, 2005, Martínez-Garcia et al., 2010, Meyer et al., 
2016). Absolute temperatures, however, vary based on the proxy potentially indicating 
different water depths of the proxy carriers and/or seasonal bias. Low SSTs and low 
salinity surface conditions together with prevailing northerly winds during the LGM 
(Muhs et al., 2003, Tanaka and Takahashi, 2005) likely favoured sea ice formation in 
the Bering Sea. Evidence from both microfossil and geochemical studies suggests 
extended sea ice during the LGM at the Umnak Plateau and in the western Bering Sea 
(Caissie et al., 2010, Méheust et al., 2016). Seasonal to extended sea ice is also 
observed throughout the eastern and western subarctic North Pacific at this time 
(Méheust et al., 2018), however, microfossil assemblages in the Bowers Ridge region, 
do not support sea ice cover in this area (Katsuki and Takahashi, 2005), potentially as 
a result of sustained Alaskan Stream inflow around the Bowers Ridge.  
Climate evolution across the last deglacial in the Bering Sea and the North Pacific 
realm has experienced recurrent attention in the past decade. Available modelling and 
proxy studies show divergent results with regard to the North Pacific response to 
millennial-scale climate change in the North Atlantic, most prominently seen in δ18O 
of Greenland ice cores (Heinrich, 1988, Bond et al., 1993, Dansgaard et al., 1993, 
North Greenland Ice Core Project Members 2007). Across the LGM-Holocene 
transition (Termination I) two cold stadial events, Heinrich stadial 1 (HS1, ~14.7-18 
ka) and the Younger Dryas (YD, ~12.9-11.7 ka), separated by the warm Bølling-
Allerød (B/A, ~12.7 ka to 14.7 ka) interstadial, are linked to freshwater perturbations 
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and changes in the AMOC flow (Heinrich, 1988, McManus et al., 2004). Slowdown 
and/or shutdown of the AMOC leads to pronounced cooling in the North Atlantic, 
modifying the atmospheric circulation and SSTs downstream (Okumura et al., 2009). 
Whilst some studies indicate warming in the North Pacific in response to North 
Atlantic cooling (Sarnthein et al., 2004, Kiefer and Kienast, 2005, Sarnthein et al., 
2006, Okazaki et al., 2010), for example as a result of the onset of a Pacific Meridional 
Overturning Circulation (PMOC) and increased heat transport (Saenko et al., 2004, 
Okazaki et al., 2010), other studies suggest in-phase climate change of the North 
Atlantic and North Pacific as a result of atmospheric and/or oceanic teleconnections 
(Kienast and McKay, 2001, Pisias et al., 2001, Okumura et al., 2009, Caissie et al., 
2010, Max et al., 2012, Chikamoto et al., 2012, Meyer et al., 2016). Discrepancies in 
the subarctic Pacific proxy records, primarily SST, could potentially arise from either 
seasonal signals and/or differences in the water depth of proxy carriers or different 
regional oceanographic responses (Max et al., 2012, Meyer et al., 2016). 
Sea ice extent in the Bering Sea and the North Pacific across the deglaciation varied 
in-phase with millennial-scale climate change in the North Atlantic. The onset of the 
deglaciation, associated with cold conditions during HS1 is marked by an extensive 
sea ice cover in the Bering Sea and the subarctic North Pacific (Caissie et al., 2010, 
Méheust et al., 2016, Méheust et al., 2018). Around ~15 ka, towards the end of HS1, 
the sea ice regime shifted towards seasonal sea ice/ice free conditions in the Bering 
Sea and predominantly ice free conditions in the subarctic North Pacific (Caissie et 
al., 2010, Méheust et al., 2016, Méheust et al., 2018), with reduced sea ice and/or ice 
free conditions prevailing throughout all of the B/A (Caissie et al., 2010, Méheust et 
al., 2016, Méheust et al., 2018). High resolution records of sea ice related biomarkers 
in the western and northern Bering Sea indicate a re-establishment of seasonal sea ice 
during the YD cold reversal, whilst the sea ice edge likely did not extend as far south 
as the subarctic North Pacific (Méheust et al., 2016, Méheust et al., 2018). Coeval with 
the early Holocene climate warming following the YD, diatom assemblages at the 
Umnak Plateau indicate ice free conditions in conjunction with increased SSTs and 
enhanced influence of the warm Alaskan Stream waters in the southern Bering Sea 
(Caissie et al., 2010). Likewise, the western and northern Bering Sea are characterised 
by ice free conditions during the early Holocene, whereas seasonal sea ice re-emerges 
during the mid-Holocene (Méheust et al., 2016, Méheust et al., 2018). The North 
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Pacific, on the other hand, remained largely ice free since the onset of the Holocene 
(Méheust et al., 2016, Méheust et al., 2018). 
Based on studies of foraminiferal δ18O, δ13C, and εNd, it has been suggested that 
intermediate water formed in the Bering Sea during times of increased sea ice cover, 
such as the LGM and HS1 (Horikawa et al., 2010, Rella et al., 2012, Knudson and 
Ravelo, 2015b, Cook et al., 2016). Today, North Pacific Intermediate Water (NPIW) 
forms primarily via brine rejection during sea ice freezing in the Sea of Okhotsk and 
mixing with nutrient-rich subsurface waters in the subarctic gyre (300-700 m) (Talley, 
1993, Shcherbina et al., 2003). Nevertheless, evidence of chlorofluorocarbon suggests 
the formation of trace amounts of deep water in the Bering Sea today (Warner and 
Roden, 1995). Based on more radiogenic εNd isotopes at intermediate depth along the 
Bowers Ridge during cold periods of the last G/IG cycle, Horikawa et al. (2010) 
concluded subduction of radiogenic surface waters along the Aleutian Arc to 
intermediate depth. Additional studies, on the other hand, suggest that the Sea of 
Okhotsk remained the primary source of NPIW during cold events, such as the HS1 
(Max et al., 2014). Thus, further research is needed to determine the source region of 
NPIW during northern hemisphere cold events. Additionally, the extent and depth of 
NPIW during glacial intervals is poorly constrained. δ18Ob from across the Bering Sea 
suggests a divide of well-ventilated intermediate and poorly-ventilated deep waters 
around ~1000 m water depth for the LGM (Cook et al., 2016), whereas other studies 
from the Gulf of Alaska demonstrate decreased ventilation ages during HS1 at ~3500 
m water depth (Rae et al. 2014). Further, a larger extent of glacial NPIW has been 
proposed to foster primary productivity in the equatorial Pacific, important for oceanic 
carbon sequestration (Max et al., 2017). 
Overall, LGM climate change in the Bering Sea and the North Pacific illustrates the 
sensitivity of the region to G/IG cycles and highlights its potential to actively shape 
Pleistocene climate cycles via oceanographic and carbon cycle feedbacks.  
1.4 Biogeochemical cycling and ventilation in the North 
Pacific on glacial/interglacial timescales 
Late Pleistocene G/IG cycles are accompanied by pronounced changes in the 
atmospheric CO2 concentration (~180-280 ppmv), observed in Antarctic ice cores 
(Bereiter et al., 2015) (Figure 1.4), indicating a large scale re-distribution of carbon 
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between different reservoirs, including the ocean, the biosphere, and the atmosphere 
(Broecker, 1982). The deep ocean is the largest reservoir accessible on orbital 
timescales, suggesting that large amounts of carbon were stored in the deep ocean 
during glacials and released across the deglaciation (Boyle, 1988, Galbraith et al., 
2007, Jaccard et al., 2009, Yu et al., 2010a, Skinner et al., 2010, Burke and Robinson, 
2012). Proposed mechanisms of deep ocean carbon storage include expansion of more 
corrosive southern-sourced bottom waters and associated dissolution of CaCO3 at the 
seafloor, raising the whole ocean alkalinity (Boyle, 1988, Skinner, 2009), changes in 
the air-sea gas exchange, as a result of changes in the ocean circulation/stratification 
(Toggweiler et al., 2006, Schmittner and Galbraith, 2008, Anderson et al., 2009, 
Jaccard et al., 2013, Billups et al., 2018) and/or increased sea ice extent around 
Antarctica causing decreased CO2 outgassing (Stephens and Keeling, 2000, Ferrari et 
al., 2014), and changes in the efficiency of the biological pump as indicated by a 
change in the regenerated to preformed nutrient inventory of the deep ocean (Martin, 
1990, Jaccard et al., 2009, Jaccard and Galbraith, 2012, Ziegler et al., 2013, Jaccard et 
al., 2013, Martínez-García et al., 2014, Gottschalk et al., 2016). 
Thus, biogeochemical cycling and ventilation, the subduction of atmospherically-
equilibrated waters, are important components of the oceanic carbon cycle. Dynamic 
changes have been proposed for the North Pacific on G/IG timescales, as a result of 
variations in the primary productivity, the ventilation of North Pacific Deep Water 
(NPDW), and the influence of NPIW, suggesting that the North Pacific and Bering 
Sea carbon cycle may have played an active role in G/IG atmospheric CO2 variability. 
Vast areas of the modern North Pacific are considered High Nutrient Low Chlorophyll 
(HNLC) regions (Moore et al., 2001, Lam and Bishop, 2008), with iron representing 
the limiting micronutrient (Moore et al., 2001, Lam and Bishop, 2008). Along the 
eastern Bering Sea slope, however, eddy-driven upwelling (Mizobata et al., 2002, 
Mizobata and Saitoh, 2004, Mizobata et al., 2008, Ladd et al., 2012), the inflow of 
nutrient-rich Pacific waters (Walsh et al., 1989, Expedition 323 Scientists 2010), tidal 
mixing, and transverse circulation (Springer et al., 1996, Hurst et al., 2010, Tanaka et 
al., 2012) sustain one of the most productive ecosystems in the world’s ocean 
(Springer et al., 1996). Resulting from enhanced primary productivity and 
remineralisation of organic matter settling through the water column, a pronounced 
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oxygen minimum zone (OMZ) is found in mid-depth waters (600-1000 m) (Whitledge 
and Luchin, 1999, Expedition 323 Scientists, 2010) (Figure 1.5). 
 
 
Figure 1.5 Dissolved oxygen concentrations in the Bering Sea and the North Pacific, including 
all Sites cored as part of International Ocean Discovery Program (IODP) expedition 323. The 
pink area with dissolved oxygen concentrations < 1 ml L-1 represents the mid-depth oxygen 
minimum zone (OMZ). Figure from Expedition 323 Scientists (2010). 
 
Evidence suggests that primary productivity in the North Pacific and its marginal seas 
has varied on G/IG timescales. This is expressed with a widespread decrease in 
primary productivity observed across the LGM (Jaccard et al., 2005, Brunelle et al., 
2007, Jaccard et al., 2009, Brunelle et al., 2010, Kohfeld and Chase, 2011, Kim et al., 
2014, Knudson and Ravelo, 2015a), ascribed to a decrease in the light availability in 
areas of extensive sea ice formation together with enhanced stratification of the 
subpolar water column, decreasing the nutrient-supply to the surface ocean (Jaccard 
et al., 2005, Brunelle et al., 2007, Brunelle et al., 2010, Kim et al., 2014, Knudson and 
Ravelo, 2015a). Records of opal mass accumulation rates (Kim et al., 2014) and 
nutrient utilisation in the Bering Sea (Knudson and Ravelo, 2015a), indicate that 
decreased glacial productivity together with enhanced stratification may have been a 
consistent feature across the Mid-Pleistocene (~1.2 Ma). This likely infers dynamic 
changes in the mid-depth OMZ in the Bering Sea in response to enhanced/reduced 
primary productivity during interglacial and glacial intervals, respectively. This is also 
seen from laminated sediments along the Bering Sea continental margins, which have 
been reported from up to ~2000 m water depth across the last deglaciation (Cook et 
al., 2005, Expedition 323 Scientists 2010, Caissie et al., 2010, Aiello and Ravelo, 
Chapter 1: Introduction 
22 
 
2012, Kuehn et al., 2014, Pelto et al., 2018), suggesting OMZ expansion in 
conjunction with deglacial warm events characterised by enhanced primary 
productivity (Brunelle et al., 2007, Jaccard et al., 2009, Aiello and Ravelo, 2012, Kim 
et al., 2014, Kuehn et al., 2014). 
In addition to expansion/contraction of the OMZ in the Bering Sea bottom water 
oxygenation is also influenced by the contribution and ventilation of different water 
masses. Whereas the modern deep Bering Sea is ventilated by NPDW, originating in 
the Southern Ocean, primarily ventilated by deep water formation around Antarctica 
(Killworth, 1983, Broecker et al., 1998, Kawabe and Fujio, 2010), the mid-depth 
Bering Sea is ventilated by NPIW, originating locally from brine formation during sea 
ice freezing in the Sea of Okhotsk and mixing with subsurface waters (Talley, 1993, 
Yasuda, 1997, Shcherbina et al., 2003). 
Enhanced ventilation of the mid-depth Bering Sea (~800 m water depth) has been 
observed across glacial intervals of the last 1.2 Ma (Knudson and Ravelo, 2015b), 
whilst a pronounced deepening of well-ventilated intermediate waters to ~2000 m 
(potentially even ~3500 m (Rae et al., 2014)) is suggested from records across the 
North Pacific for the LGM and cold intervals of the last deglaciation, such as HS1 
(Duplessy et al., 1989, Ahagon et al., 2003, Galbraith et al., 2007, Sagawa and Ikehara, 
2008, Jaccard et al., 2009, Lund et al., 2011, Okazaki et al., 2012, Jaccard and 
Galbraith, 2013, Rae et al., 2014, Max et al., 2014, Cook et al., 2016). Hence, 
deepening of atmospherically-equilibrated O2-enriched intermediate waters during 
glacials may have influenced intermediate to bottom water oxygenation in the Bering 
Sea throughout the Pleistocene, however no records exist as of yet, documenting the 
evolution of NPIW across the MPT.  
On the other hand, NPDW which ventilates the deep Bering Sea today, likely also 
experienced prominent changes in oxygenation on G/IG timescales, linked to 
enhanced deep ocean carbon storage during glacial intervals. Records of bottom water 
oxygenation in the North Pacific across the last ~150 ka, suggest a pronounced 
decrease in the oxygen concentrations of NPDW during glacials, as a result of a change 
in the ratio of preformed to regenerated nutrients, facilitating deep ocean carbon 
storage (Jaccard et al., 2005, Galbraith et al., 2007, Jaccard et al., 2009, Jaccard and 
Galbraith, 2012).  
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Considering recent studies from the North Atlantic, indicating an increase in the deep 
ocean carbon storage associated with the MPT (Lear et al., 2016, Sosdian et al., 2018), 
together with records of CaCO3 accumulation in the deep North Pacific, in support of 
poorly ventilated more corrosive deep waters prevailing across glacial intervals of the 
last ~2.7 Ma (Haug et al., 1995, Jaccard et al., 2005, Burls et al., 2017), this suggests 
that lower NPDW oxygen concentrations could have been a consistent feature of 
glacial intervals across the Pleistocene. Further this is supported by records of 
magnetite preservation in the deep western North Pacific, suggesting decreased 
oxygen concentrations below 5000 m during MIS 22, 12, 10, 8, 6, and 2 (Korff et al., 
2016). Although, absolute oxygen concentrations in NPDW across Pleistocene 
glacials likely varied in response to changes in the deep ocean carbon sequestration 
and ventilation. 
Thus, both biogeochemical cycling, linked to primary productivity, and ventilation 
demonstrate dynamic behaviour on G/IG timescales in the North Pacific, most 
prominently expressed as changes in the oxygen concentration. Whereas, 
remineralisation of organic matter in the water column likely played a pronounced role 
during interglacials, marked by increased primary productivity, lower rates of primary 
productivity during glacials potentially caused OMZ contraction. On the other hand, 
changes in the ventilation and water mass structure of the North Pacific on G/IG 
timescales, with enhanced ventilation and formation of NPIW together with increased 
carbon storage in NPDW during glacial intervals, are expected to influence the 
oxygenation of the North Pacific and the Bering Sea. 
1.5 Research questions and outline of the thesis 
The North Pacific is a highly underrepresented region in paleoceanographic studies, 
largely owing to the poor preservation potential of calcareous microfossils, one of the 
main proxy carriers in paleoceanography, in the relatively corrosive bottom waters. 
Nonetheless, dynamic behaviour, such as changes in the primary productivity, deep 
ocean carbon storage, and enhanced intermediate water formation have been proposed 
on orbital timescales, important for the oceanic carbon cycle. However, many open 
questions remain regarding the potential of this region to actively shape Pleistocene 
climate cycles. 
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International Ocean Discovery Program (IODP) Expedition 323 to the Bering Sea 
cored along the high productivity area of the eastern Bering Sea slope, with Site U1343 
reaching back to ~2.3 Ma, covering most of the Pleistocene (Expedition 323 Scientists 
2010, Asahi et al., 2016). The high sedimentation rates along the continental margin 
indicate the potential to study Mid-Pleistocene climate change at a sub-orbital 
resolution.  
The overall aim of this study is to add a North Pacific perspective on climate change 
across the MPT. Further, I explore changes across the last glacial to Holocene cycle 
to provide context with respect to this comparatively well understood time period. 
Particular emphasis is placed on disentangling the evolution of continental ice volume 
across the MPT, to explore dynamic changes in the North Pacific oceanography, and 
to examine potential forcing mechanisms driving climate change across this critical 
transition. Especially, the development of sea ice across the MPT is of major interest, 
as modelling studies suggest fundamental changes of sea ice dynamics, actively 
driving global climate change. A multi-proxy approach is employed, combining 
organic geochemistry for sea ice reconstructions with inorganic geochemistry of 
calcareous microfossils to study the evolution of bottom water temperatures and 
sedimentary redox chemistry in the eastern Bering Sea to help unravel continental ice 
volume, North Pacific circulation patterns, and biogeochemical cycling across the 
Pleistocene. Furthermore, I am exploring the influence of high surface ocean 
productivity on diagenesis of calcareous microfossils in the continental margin of the 
eastern Bering Sea and the implications for paleoclimate studies.  
Specifically, the scientific objectives of this study are: 
 To develop a comprehensive understanding of authigenic carbonate 
geochemistry precipitated on foraminiferal tests in sediments underlying high 
productivity areas. 
o Establish the trace metal composition of foraminiferal authigenic 
carbonates in sediments along the eastern Bering Sea slope both above 
and below the Sulphate-Methane Transition Zone (SMTZ). 
o Determine the role of organoclastic sulphate reduction versus 
anaerobic oxidation of methane for authigenic carbonate formation on 
foraminiferal tests. 
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o Understand the spatial distribution of authigenic carbonates within 
foraminiferal tests and examine the applicability of diagenetically 
altered foraminiferal tests for paleoclimate reconstructions. 
 To investigate the relationship of BWT history and δ18Ob in the eastern Bering 
Sea and its implications for the δ18Ow across the MPT and LGM-Holocene. 
This will provide insights into continental ice volume history, but also offer 
the opportunity to explore the contribution of NPDW versus NPIW to the deep 
Bering Sea on G/IG timescales. 
 To examine changes in the sedimentary redox chemistry along the eastern 
Bering Sea slope in order to infer changes in bottom water oxygenation in light 
of primary productivity and water masses contributing to the deep Bering Sea 
across the MPT and LGM-Holocene. 
 To explore the role of sea ice for the LGM-Holocene and MPT climate change 
on a regional to global scale, studying the dynamic changes of the Bering Sea 
sea ice regime under consideration of the sea ice switch hypothesis (Gildor and 
Tziperman, 2001, Tziperman and Gildor, 2003) and potential NPIW formation 
across the Mid-Pleistocene and the last deglaciation. 
1.6 Outline of the thesis 
Chapter 2 of this thesis comprises a detailed description of the modern Bering Sea 
oceanography, together with an in-depth Site description of IODP Site U1343. Further, 
the paleoceanographic proxies and statistical approaches utilised throughout the study 
are elucidated and discussed.  
The following four chapters comprise the description and discussion of the scientific 
findings of this study. Chapter 3 focuses on the diagenetic alterations of foraminiferal 
tests in sediments from IODP Site U1343. Reconstructing past climate using 
foraminifera, relies on the assumption that foraminifera calcify in equilibrium with the 
surrounding seawater and the geochemical integrity of calcareous tests, preserved in 
the sediments for thousands to millions of years. This chapter explores foraminiferal 
alterations in conjunction with early diagenesis driven by an active microbial 
community within the sediments underlying a high productivity area. The results 
comprise a suite of single-specimen imaging and geochemical analyses to examine the 
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trace metal composition and spatial variability of authigenic foraminiferal carbonates 
and their applicability for paleoceanographic studies.  
Building upon these findings Chapter 4 encompasses a composite record of benthic 
foraminiferal Mg/Ca for BWT reconstructions across the LGM-Holocene and the 
Mid-Pleistocene. Independent BWT reconstructions are a powerful tool to deconvolve 
the δ18Ob record into its temperature and δ18Ow component, driven by changes in 
continental ice volume and regional hydrography. In the Bering Sea and North Pacific 
fluctuations in the depth and ventilation of NPIW have been proposed on orbital 
timescales. NPIW is a low δ18Ow water mass indicating the potential to influence the 
mid-depth to deep Bering Sea δ18Ow record across the Pleistocene. Thus, inferences 
of continental ice volume based on δ18Ow in this region always need to take local 
changes in the water mass contribution into account. Nonetheless, this offers a 
potentially unique opportunity to study continental ice volume together with the Mid- 
to late Pleistocene evolution of NPIW in the Bering Sea.  
Changes in the contribution and ventilation of the different water masses in the deep 
Bering Sea additionally have the potential to cause pronounced fluctuations in the 
bottom water oxygenation. Chapter 5 explores dynamic changes in sedimentary redox 
chemistry across the LGM-Holocene and the MPT, inferred from U/Mn and U/Ca of 
authigenic foraminiferal coatings. Sedimentary redox chemistry varies in relation to 
bottom water oxygenation and organic carbon export from the sea surface. Thus, in 
conjunction with records of primary productivity at Site U1343, sedimentary redox 
chemistry provides a qualitative tool to investigate changes in bottom water 
oxygenation linked to changes in the water mass contribution and/or deep ocean 
carbon storage. 
Subsequently, Chapter 6 focuses on the evolution of sea ice in the eastern Bering Sea 
across the Mid-Pleistocene and the LGM-Holocene. Sea ice reconstructions are based 
on organic geochemistry, utilising biomarkers produced by sea ice diatoms to track 
changes in the seasonal sea ice extent. Across the LGM-Holocene the sea ice dynamics 
will be discussed together with previously published records from across the Bering 
Sea and the North Pacific painting a regionally consistent picture of deglacial sea ice 
variability. The Mid-Pleistocene sea ice evolution, on the other hand, is the first of its 
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kind looking at orbital-scale variability and allows the assessment of previously 
proposed mechanisms for MPT climate change. 
Chapter 7 summarises and brings together the conclusions from the individual 
chapters of this thesis. Additionally, an outlook is provided with potential future work 
to reinforce the key findings and to further develop the proposed hypotheses. 
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2. Materials and methods 
2.1 Oceanography of the Bering Sea 
The Bering Sea represents the northernmost marginal Sea of the North Pacific, 
forming the gateway between the Pacific and Arctic Ocean. Its area of 2.29 x 106 km2 
and volume of 3.75 x 106 km3 make it the third largest marginal sea in the world 
(Takahashi et al., 2011), comprising a wide neritic shelf area in the east up to 200 m 
deep and the Aleutian Basin to the west reaching depths over 3.5 km (Figure 2.1).  
 
 
Figure 2.1 Map of the Bering Sea showing the location of IODP Site U1343 (red star). The 
pink solid line represents the present day winter sea ice edge, the red dashed line is the last 
glacial maximum (LGM) coastline (PALE Beringian Working Group, , 1999), and the blue 
arrows show the cyclonic surface circulation in the Bering Sea. The Alaskan Stream enters 
the Bering Sea in the south through several Aleutian passes to form the Aleutian North Slope 
Current (ANSC) that feeds into the Bering Slope Current (BSC), which in turn feeds into the 
East Kamchatka Current (EKC) (modified from Stabeno et al. (1999)). Eddy formation along 
the eastern Bering slope brings nutrients to the surface resulting in high primary productivity, 
called the 'Green Belt' (Springer et al., 1996, Mizobata and Saitoh, 2004). Map created with 
Ocean Data View (Schlitzer, 2011). 
 
The surface circulation in the Bering Sea is fed via inflow of the relatively warm and 
nutrient-rich Alaskan Stream, the northern boundary current of the subarctic North 
Pacific gyre, through several passes of the Aleutian Arc (Stabeno et al., 1999). The sill 
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depth of the different passes constrains the influx of Alaskan Stream waters, with the 
main flow occurring through Amukta Pass in the central Aleutian Arc east of Bowers 
Ridge (Ladd, 2014) (Figure 2.1). In addition to the sill depth, the flow through the 
passes can be obstructed by eddy formation, such as observed for the Amchitka Pass 
west of the Bowers Ridge (Stabeno et al., 1999). Within the Bering Sea the cyclonic 
gyre circulation is comprised of the southward flowing Kamchatka Current 
representing the western boundary current, the north-westward flowing Bering Slope 
Current (BSC) as the eastern boundary current, and the eastward flowing Aleutian 
North Slope Current (ANSC) to the south (Figure 2.1) (Stabeno et al., 1999). The main 
surface outflow in the Bering Sea occurs through the Kamchatka Strait in the west, 
however, some surface water (0.85 Sverdrup (Sv) (Coachman, 1993)) flows northward 
and leaves the Bering Sea through the 50 m deep Bering Strait – the gateway between 
the Pacific and the Arctic Ocean. The northward transport through the Bering Strait is 
driven by a sea level difference of 0.4 m between the Bering Sea and the Arctic Ocean 
(Stabeno et al., 1999) and it is thought to influence the heat equilibrium and salt 
balance of the Pacific and Atlantic Ocean on long time scales (Takahashi, 2005). At 
International Ocean Discovery Program (IODP) Site U1343, the surface ocean is 
characterised by the BSC (Figure 2.1), flowing along the eastern Bering Sea shelf 
break. It exhibits a pronounced seasonal cycle with enhanced flow speed closer to the 
shelf break during winter and a reduced flow speed during summer (Ladd, 2014). The 
average flow speed of the BSC is >10 cm s-1 with maximum speed around 14 cm s-1 
(Ladd, 2014). The BSC is characterised by mesoscale cyclonic and anticyclonic eddies 
measuring up to 10-200 km horizontally and >1 km vertically (Paluszkiewicz and 
Niebauer, 1984, Stabeno et al., 1999, Mizobata et al., 2002, Ladd, 2014) (Figure 2.1). 
Eddies form primarily along the major canyons of the eastern shelf slope during spring 
and are important for the spring phytoplankton bloom (Ladd et al., 2012). A 
chlorophyll a maximum has been observed within eddies (Mizobata et al., 2002, 
Mizobata et al., 2008, Ladd et al., 2012), as a result of upwelling within or along the 
eddies (Mizobata et al., 2002), transporting nutrient and CO2-rich deep waters to the 
surface, resulting in occasional CO2 outgassing (Kelley et al., 1971). Further, 
horizontal water mass transport within eddies (Mizobata et al., 2006, Ladd et al., 2012) 
is enhancing the exchange of nitrogen-rich basin waters and iron-rich shelf waters 
(Aguilar-Islas et al., 2007), fostering primary productivity. Eddy activity is negatively 
correlated with the North Pacific Index (NPI), with a negative NPI, characterized by 
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a strong Aleutian Low, resulting in an enhanced subarctic gyre in the North Pacific 
and increased inflow into the Bering Sea (Ladd et al., 2012, Ladd, 2014). 
Deep water in the Bering Sea today originates in the North Pacific and is marginally 
influenced by small amounts of deep water forming in situ within the Bering Sea 
(Warner and Roden, 1995, Takahashi et al., 2011). Deep water renewal takes place via 
inflow of North Pacific Deep Water (NPDW) into the Bering Sea through the 
Kamchatka Strait below 2500 m (Coachman et al., 1999, Stabeno et al., 1999). As it 
progresses north- and eastward through the Aleutian Basin it slowly freshens and is 
displaced upward, exiting the Bering Sea via outflow through Kamchatka Strait at 
depth <2500 m (Stabeno et al., 1999). However, data on the Bering Sea deep water is 
scarce so more information is needed to constrain its flow and origin (Riethdorf et al., 
2013b). 
The Bering Sea has a subarctic water column structure with a warm surface layer (0-
50 m) during summer, a cold subsurface dicothermal layer (50-200 m) (cold layer 
between two warmer layers) (Tanaka and Takahashi, 2005) overlying the strong 
halocline (100-200 m) (Miura et al., 2002) (Figure 2.2). During winter when the 
surface layer cools the thermocline deepens (150 m) (Tanaka and Takahashi, 2005) 
and vertical mixing is promoted forming a winter mixed layer with the depth restricted 
by the permanent halocline (Miura et al., 2002). These cold waters remain throughout 
summer forming the dicothermal layer (Figure 2.2).  
The surface layers are underlain by North Pacific Intermediate Water (NPIW) 300-
700 m (Talley, 1993, Yasuda, 1997) (Figure 2.2), and NPDW. Modern NPIW is 
produced by mixing of Okhotsk Sea Mode Water, formed via brine rejection during 
winter sea ice freezing (Talley, 1993, Yasuda, 1997, Shcherbina et al., 2003), with the 
relatively warm and salty Western Subarctic Gyre, to form the Oyashio Current 
(Yasuda, 1997). A large part of this current then flows south cabbeling with the 
Kuroshio Extension, forming new NPIW (Yasuda, 1997). NPDW is one of the oldest 
deep water masses throughout the oceans, characterised by relatively low oxygen and 
high nutrient concentrations. Whereas the nitrate and phosphate concentrations in the 
deep Bering Sea are similar (Garcia et al., 2006b), the silicate concentrations are 
enriched compared to the deep North Pacific (Garcia et al., 2006b), in line with the 
deep Bering Sea having the highest concentrations of silica throughout the world’s 
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ocean. This is likely caused by extraordinary high production of siliceous 
phytoplankton in the surface ocean, high regeneration rates at the sediment-water 
interface and accumulation in the bottom water due to very low flushing rates 
(Coachman et al., 1999). 
 
 
Figure 2.2 Water column temperature (blue) and salinity (green) at GLODAP v2 
station 41047-3 (B) (58°00’N, 174°87’W) (Olsen et al., 2016), close to IODP Site U1343 in 
the eastern Bering Sea. The dark blue box indicates the dichothermal layer (Tanaka and 
Takahashi, 2005) and the light blue box marks the modern depth of North Pacific Intermediate 
Water (NPIW) in the Bering Sea (Talley, 1993). 
 
The ecosystem in the Bering Sea is among the most productive in the world, 
particularly along the eastern Bering slope, also called the ‘Green Belt’ with 
productivity rates of 175-275 g C m-2 yr-1 (Springer et al., 1996). As a result of 
enhanced primary productivity along the shelf break, depleted oxygen concentrations 
are pervasive in mid-depth waters, forming a pronounced oxygen minimum zone 
(OMZ) between 600-1000 m (Expedition 323 Scientists 1999, Expedition et al., 2010) 
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(Figure 1.5). The oxygen content within the OMZ core ranges from 0.43-1.57 mg L-1 
(Whitledge and Luchin, 1999) and is highly variable between seasons, with lowest 
concentrations during winter.  
Large parts of the remaining Bering Sea, especially the deep Aleutian Basin, are 
considered a High Nutrient Low Chlorophyll (HNLC) zone with iron representing the 
limiting micronutrient (Springer et al., 1996, Leblanc et al., 2005, Aguilar-Islas et al., 
2007). However, a pronounced spring phytoplankton bloom can be observed on the 
500 km wide eastern shelf, partly sustained by the seasonal sea ice cycle, providing an 
important seed population, releasing nutrients during melting, and facilitating water 
column stratification (Goes et al., 2014, Wang et al., 2014).  
Seasonal sea ice formation in the Bering Sea is important for both the physical 
properties of the water column and the ecosystem. Formation and extent are driven by 
the air and water temperature together with the direction of storm tracks during the 
winter months (Rodionov et al., 2007). Today, sea ice originates in the Chukchi Sea 
and in polynyas on the southward facing coastlines on the eastern Bering shelf and is 
advected south-westward (Niebauer et al., 1999). Polynyas are areas of extensive heat 
exchange between the ocean and the atmosphere, therefore ice and brine formation 
take place. Niebauer et al. (1999) calculated an average sea ice and brine formation 
for Bering Sea polynyas of 10-12 cm day-1 and 0.006-0.042 Sv, respectively. 
According to studies by Cavalieri and Martin (1994), who used a combination of 
satellite, weather, and oceanographic data together with an ocean box model to 
investigate brine flow in the Arctic Ocean marginal seas, the brine formed on the 
eastern Bering shelf flows northward across the shelf and through the Bering Strait 
into the Arctic Ocean, where it helps to maintain the Arctic halocline. The maximum 
seasonal sea ice extent is reached in March/April close to the Bering Sea slope (Figure 
2.1) (Niebauer et al., 1999, Expedition 323 Scientists 2010). Recent years, however, 
are marked by a pronounced retreat of the sea ice edge in the Bering Sea (Grebmeier 
et al., 2006, Douglas, 2010, Brown and Arrigo, 2013), with important implications for 
the marine ecosystem (Hunt Jr et al., 2002, Grebmeier et al., 2006, Mueter and Litzow, 
2008, Brown et al., 2011b, Brown and Arrigo, 2013). 
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2.2 International Ocean Discovery Program Site U1343 
This study is focused on the IODP Site U1343, retrieved during IODP Leg 323 in 2009 
(Expedition 323 Scientists 2010). The Site is located on a topographic high off the 
eastern Bering Sea slope (57°33.4’N, 176°49.0’W at 1953 m water depth (Expedition 
323 Scientists 2010)) (Figure 2.1). In total five holes (A-E) were drilled using an 
Advanced Piston Corer and an Extended Core Barrel system, to compile a composite 
core and depth scale (Expedition 323 Scientists 2010). The cores vary in length 
between 8.5 m below sea floor (mbsf) (U1343D) to 744.3 mbsf (U1343E) (Expedition 
323 Scientists 2010). The composite depth scale was constructed by correlating the 
physical properties of U1343A, U1343C, and U1343E (Asahi et al., 2016). From the 
mudline down to 235 mbsf the splice is composed of a continuous interval. Below 235 
mbsf, however, sections from U1343E are appended with unknown gaps (Asahi et al., 
2016).  
IODP Site U1343 is bathed in NPDW (Expedition 323 Scientists 2010). Data from 
Global Ocean Data Analysis Project version 2 (GLODAP v2) (Olsen et al., 2016) 
station 41047-3 (B) (58°00’N, 174°87’W) show a present day water temperature at 
~2000 m depth in the eastern Bering Sea of ~1.95 °C with a salinity of 34.58 (Practical 
Salinity Scale – 1978) (Figure 2.2). The nitrate concentration is 41 μmol kg-1, with 
phosphate and silicate having concentrations of  3.06 μmol kg-1 and 199.8 μmol kg-1, 
respectively (Olsen et al., 2016). The total carbon concentration at ~2000 m water 
depth in the eastern Bering Sea is 2392 μmol kg-1 with a pH of 7.6 (Olsen et al., 2016). 
By means of the software CO2calc (Robbins et al., 2010) other CO2 system parameters 
were calculated, using the dissociation constants from Mehrbach et al. (1973) refit by 
Dickson and Millero (1987). This yields a bottom water carbonate saturation state 
(Δ[CO32-]) (Equation 2.1) at Site U1343 around -14 μmol kg-1 with an Ω of 0.8, 
suggesting undersaturated waters with respect to CaCO3. 
∆[𝐶𝑂3
2−] = [𝐶𝑂3
2−] − [𝐶𝑂3
2−]𝑠𝑎𝑡𝑢𝑟𝑎𝑡𝑖𝑜𝑛  (Equation 2.1) 
Today, IODP Site U1343 underlies the mid-depth OMZ (Expedition 323 Scientists 
2010), with modern oxygen concentrations at ~2000 m water depth of ~52 μmol kg-1 
(1.2 ml L-1) (Olsen et al., 2016).  
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2.2.1 Sedimentary properties  
The sediment at Site U1343 is primarily composed of dark/very dark greenish-grey to 
dark/very dark grey silt (Expedition 323 Scientists 2010). It contains varying amounts 
of clay and diatoms, whilst sand, foraminifera, ash, calcareous nannofossils, and 
sponge spicules constitute only minor components (Expedition 323 Scientists 2010). 
Frequent authigenic carbonate crystals are found in all holes at Site U1343 (Expedition 
323 Scientists 2010). Compared to Sites drilled at the Bowers Ridge during IODP 
expedition 323, U1343 has a higher ratio of siliciclastic versus biogenic components, 
as a result of its proximity to the Bering slope (Expedition 323 Scientists 2010), with 
a total organic carbon content at Site U1343 between 0.5-1 wt% (Wehrmann et al., 
2011). Additionally, a smaller amount of volcanoclastic material is found in U1343 
compared to Sites further south, resulting from its more distal position from the 
Aleutian Arc (Expedition 323 Scientists 2010).  
Overall the sediments are characterized by slight to moderate rates of bioturbation, 
however, six narrow intervals of laminations occur at Site U1343 above 130 mbsf that 
can be correlated between different holes, indicating episodes of drastically decreased 
bottom water oxygen concentration ([O2]) (<0.1 ml L-1) (Moffitt et al., 2015). Below 
130 mbsf there are no laminated intervals in IODP sediment core U1343 either 
indicating that the OMZ did not expand to ~2000 m water depth or the loss of 
laminations due to sediment compaction (Expedition 323 Scientists 2010). 
2.2.2 Age model  
The age model of sediment core U1343 is based on benthic foraminiferal oxygen 
isotope (δ18Ob) stratigraphy, constructed by tuning the δ18Ob record to the global LR04 
stack (Lisiecki and Raymo, 2005, Asahi et al., 2016, Kender et al., in review). The 
composite δ18Ob records are based on multiple benthic foraminifera species 
(Elphidium batialis, Uvigerina spp., Globobulimina pacifica, Nonionella labradorica, 
Islandiella norcrossi, Valvulineria auracana, Lenticulina spp., Cassidulina spp., 
Cibicidoides spp., Planulina wuellerstorfi), normalized to E. batialis, the most 
abundant species at Site U1343 (Asahi et al., 2016, Kender et al., in review). Asahi et 
al. (2016) measured δ18Ob at an average depth resolution of 0.3 m between 0-170 m 
core composite depth below seafloor (CCSF-A), 1.4 m between 170-423 m CCSF-A, 
and 5.1 m between 423-770 m, yielding a highly refined age model between 0-1.2 Ma 
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and a refined age model between 1.2-2.4 Ma (Figure 2.3). Kender et al. (in review) 
measured δ18Ob at a temporal resolution of ~250 years between ~0.84-1.02 Ma, to 
refine the previous age model across this climatically important time period (Figure 
2.3). The δ18Ob stratigraphy at Site U1343 is consistent with the biostratigraphy, with 
19 out of 21 biostratigraphic datum events (Takahashi et al., 2011, Teraishi et al., 
2016) agreeing with the δ18Ob stratigraphy published in Asahi et al. (2016). The age 
model reveals very high sedimentation rates of 26 cm ka-1 in the uppermost 400 m 
CCSF-A and 56 cm ka-1 in the remaining 350 m CCSF-A (Expedition 323 Scientists 
2010). Spectral analysis of the δ18Ob record at Site U1343 indicates a change in the 
glacial/interglacial (G/IG) frequency from 41-ka to 100-ka associated with the Mid-
Pleistocene transition (MPT) (Asahi et al., 2016). The 100-ka power first emerges at 
1.2 ka but does not become dominant until 0.7 Ma (Asahi et al., 2016). 
 
 
Figure 2.3 Benthic foraminiferal oxygen isotopes (δ18Ob) at IODP Site U1343 in black (Asahi 
et al., 2016) and in blue (Kender et al., in review) together with the global δ18Ob stack (LR04) 
(Lisiecki and Raymo, 2005). The box in the bottom right corner shows the Kender et al. (in 
review) (blue) together with the LR04 stack (grey) (Lisiecki and Raymo, 2005). Grey vertical 
bars represent glacial intervals. The numbers at the top represent marine isotope stages (MIS). 
MIS boundaries from Lisiecki and Raymo (2005). 
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2.3 Methodology  
2.3.1 Sediment processing for inorganic geochemical analyses  
In total 336 samples (2-3 cc) were processed for inorganic geochemical analyses, with 
n = 115 for the final Mg/Ca bottom water temperature (BWT) record and n = 140 for 
benthic U/Mn and n = 47 for planktonic U/Mn and n = 6 for planktonic U/Ca. The 
samples were weighed and wet-sieved over a 63 µm sieve. The fraction <63 µm was 
left to settle, siphoned off, dried, weighed, and archived. The fraction >63 µm was 
dried in the oven over night at 40 °C. Subsequently the coarse fraction was weighed 
and dry-sieved using narrow size fraction intervals. Foraminifera were picked from 
the size fractions >250 μm and 150-250 μm. 
2.3.2 Sediment processing for organic geochemical analyses  
In total 157 samples were processed for biomarker analyses with 1-2 cc of wet 
sediment per sample. The sediment was freeze dried at -45°C and 0.2 mbar for 48 
hours using a Thermo Savant Modulyo D freeze drier and an Edwards K4 Modulyo 
freeze drier at Plymouth and Cardiff University, respectively. After freeze drying 
samples were homogenized using a Dichloromethane (DCM)-cleaned agate pestle and 
mortar and 3 g of sediment was weighed into 7 ml glass vials with aluminium-lined 
polypropylene screw caps for biomarker extraction.  
2.3.3 Sea ice and phytoplankton biomarkers for sea ice reconstruction 
Resulting from its transient nature, accurately reconstructing past sea ice dynamics is 
challenging. In recent years a source-specific biomarker produced by sea ice diatoms 
has received recurrent attention. IP25 (Ice Proxy with 25 carbon atoms) (Belt et al., 
2007), a mono-unsaturated highly branched isoprenoid (HBI) alkene produced by 
certain sea ice diatoms (Brown et al., 2011a, Brown et al., 2014), provides proxy 
evidence for past seasonal sea ice in the Arctic and subarctic realm. The sea ice 
diatoms grow in brine channels at the bottom surface of seasonal sea ice, with a 
maximum of IP25 concentrations observed during spring, coinciding with the ice algal 
bloom (Brown et al., 2011a). Sedimentary IP25 abundance has been shown to reflect 
variations in the spring sea ice extent as determined from surface sediment studies in 
comparison to satellite derived sea ice variability (Müller et al., 2009, Xiao et al., 2013, 
Méheust et al., 2013, Stoynova et al., 2013, Navarro-Rodriguez et al., 2013, Müller 
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and Stein, 2014, Xiao et al., 2015, Smik et al., 2016). Further, IP25 has been readily 
identified in sediments from the northern Bering Sea shelf, characterised by a seasonal 
sea ice cover (Méheust et al., 2013), whereas IP25 is absent in sediments along the 
eastern Bering Sea slope (Méheust et al., 2013), south of the modern maximum sea 
ice extent, suggesting accurate representation of Bering Sea sea ice dynamics.  
However, IP25 alone does not provide a robust measure of sea ice dynamics, resulting 
from absent IP25 observed under both ice free and perennial sea ice conditions (Belt 
and Müller, 2013). Hence, further proxies and or a combination with other biomarkers 
is needed to distinguish between these two extreme scenarios in sea ice extent. 
Additionally, caveats, such as lateral transport, degradation of IP25 within the 
sediments, and changes in the sea ice diatom ecosystem structure could affect 
sedimentary IP25 concentrations (Belt and Müller, 2013). However, further research is 
needed to fully constrain these influences. 
Traditionally, semi-quantitative reconstructions of seasonal sea ice extent are based 
on the combination of IP25 with phytoplankton biomarkers (PIP25), such as dinosterol 
and brassicasterol, found in year-round ice free settings (Equation 2.2) (Müller et al., 
2011). Recent studies, suggest calculating the PIP25 index by combining IP25 with a 
tri-unsaturated HBI (HBI III) (Smik et al., 2016), produced by diatoms characteristic 
of the spring bloom within the marginal ice zone (MIZ) (Belt et al., 2015), which 
provides a better correlation of satellite-derived sea ice conditions and biomarker-
based sea ice reconstructions from surface sediments.  
𝑃𝐼𝑃25 = 𝐼𝑃25/ (𝐼𝑃25 + (𝑃ℎ𝑦𝑡𝑜𝑝𝑙𝑎𝑛𝑘𝑡𝑜𝑛 𝑚𝑎𝑟𝑘𝑒𝑟 ∗ 𝑐))              (Equation 2.2) 
𝑐 = 𝑚𝑒𝑎𝑛 𝐼𝑃25 𝑐𝑜𝑛𝑐𝑒𝑛𝑡𝑟𝑎𝑡𝑖𝑜𝑛/𝑚𝑒𝑎𝑛 𝑝ℎ𝑦𝑡𝑜𝑝𝑙𝑎𝑛𝑘𝑡𝑜𝑛 𝑚𝑎𝑟𝑘𝑒𝑟 𝑐𝑜𝑛𝑐𝑒𝑛𝑡𝑟𝑎𝑡𝑖𝑜𝑛 
The calculation of PIP25, however, includes a balance term (c-factor) needed to 
account for significant differences in the sedimentary concentrations of IP25 and the 
applied phytoplankton biomarker (Müller et al., 2011, Smik et al., 2016). The c-factor 
can be calculated from the downcore data, or from a regional surface sediment 
calibration (Müller et al., 2011, Belt and Müller, 2013). Thus, the c-factor may vary 
based on the core section studied, significantly altering the interpretations of past sea 
ice dynamics.  
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Other approaches to determine past sea ice dynamics include the combination of IP25 
with productivity proxies. Extended seasonal sea ice is thought to reduce primary 
productivity, by limiting the light availability for phytoplankton growth. Hence, 
reduced IP25 concentrations in combination with reduced primary productivity likely 
point towards extended/perennial sea ice, whereas reduced IP25 together with high 
primary productivity is more characteristic of ice free conditions. Potential caveats, 
however, include other parameters besides sea ice significantly influencing the local 
primary productivity. Méheust et al. (2016) use threshold values of IP25 and biogenic 
opal concentrations to distinguish ice free, extended, and seasonal sea ice cover in the 
western Bering Sea across the last ~18 ka. This indicates that a combinatory approach 
of IP25 with primary productivity proxies may provide valuable insights with respect 
to sea ice dynamics in the Bering Sea.   
2.3.4 Foraminiferal authigenic U/Mn for sedimentary redox conditions 
In the modern ocean, uranium has a concentration of 13-14 nmol kg-1 (McManus et 
al., 2005) and acts conservatively with a residence time of >400 ka (Boiteau et al., 
2012). It forms highly soluble U6+ carbonate complexes under oxic conditions, whilst 
under anoxic conditions soluble U6+ is removed from the pore water and precipitated 
as U4+ (Boiteau et al., 2012). Thus, the bulk sedimentary content of authigenic uranium 
has been proposed as a proxy for sedimentary redox conditions in the past, related to 
changes in the oxygenation of overlying bottom waters and the remineralization of 
organic carbon in the sediments (Calvert and Pedersen, 1993, Rosenthal et al., 1995, 
Morford and Emerson, 1999, Morford et al., 2007). A novel approach using authigenic 
uranium in foraminiferal coatings was developed by Boiteau et al. (2012). Both 
planktonic and benthic foraminiferal tests act as a low uranium substrate (3-23 nmol 
mol-1) (Russell et al., 2004, Raitzsch et al., 2011, Boiteau et al., 2012, Chen et al., 
2017) in reducing sediments and can accumulate authigenic uranium. As the ionic 
radius of U4+ is similar to that of Ca2+ cations, U4+ can be readily incorporated into 
authigenic carbonates forming in the sediment during early diagenesis (Sturchio et al. 
1998, Zhao et al. 2016). The accumulation of authigenic uranium in sediments has 
been shown to be sensitive to re-oxidation (‘burn-down’) if previously anoxic 
sediments are re-exposed to oxygen, for example following a drastic decrease in the 
sedimentation rates, an increase in bottom water [O2], and/or a decrease in the organic 
carbon flux (Crusius and Thomson, 2000, Zheng et al., 2002, McManus et al., 2005). 
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Considering the high sedimentation rates at Site U1343 (34 ± 11 cm ka-1 (Asahi et al., 
2016)) the influence of re-oxidation effects on precipitated uranium is likely to be 
insignificant for the interpretation of U/Ca and U/Mn ratios.  
Building on the approach outlined in Boiteau et al. (2012), Gottschalk et al. (2016) 
proposed to normalise authigenic foraminiferal uranium to manganese (U/Mn) rather 
than calcium (U/Ca), to avoid species-specific differences based on the test surface-
to-mass ratio. Manganese precipitates as Mn4+ in sediments under oxic conditions in 
form of Mn-oxides or Mn-carbonates and is re-dissolved into pore waters as Mn2+ 
under reducing conditions (Froelich et al., 1979). The dissolved Mn2+ either migrates 
upwards until it reaches the depth of oxygen penetration where it re-precipitates or is 
removed from pore waters by the formation of diagenetic carbonates (Froelich et al., 
1979, Pedersen and Price, 1982). Primary foraminiferal carbonate is typically low in 
Mn <100 µmol mol-1 (Boyle, 1983, Barker et al., 2003), however, several studies 
report increased foraminiferal Mn concentrations in conjunction with prominent 
diagenetic alterations (Pena et al., 2005, Hasenfratz et al., 2017a), suggesting the 
incorporation of Mn into authigenic mineral phases. Hence, normalisation of 
authigenic uranium to manganese is independent of the test matrix variations, reducing 
the species-specific variability (Gottschalk et al., 2016, Chen et al., 2017). Applied 
studies demonstrate that authigenic U/Mn sensibly tracks sedimentary redox changes, 
linked to the oxygenation of overlying bottom waters (Gottschalk et al., 2016, Chen et 
al., 2017). 
Recent studies have shown that chemical cleaning of foraminifera, can remove 
authigenic foraminiferal coatings, of interest for studies of authigenic U/Mn (Boiteau 
et al., 2012, Chen et al., 2017). Thus, a chemical cleaning test is needed to determine 
the appropriate procedures. 
2.3.5 Benthic foraminiferal Mg/Ca for bottom water temperatures 
Mg is a conservative element in seawater, with relatively constant oceanic Mg/Ca 
ratios on timescales of ~1 Ma (Li, 1982, Evans and Müller, 2012). Mg2+ is among the 
various positive divalent ions that can substitute for Ca2+ in CaCO3. At equilibrium 
this substitution is endothermic, suggesting a higher incorporation of Mg2+ into CaCO3 
at increased temperatures. In line with inorganic CaCO3 experiments (Katz, 1973, 
Mucci, 1987, Oomori et al., 1987), biologically precipitated CaCO3, such as the tests 
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of planktonic and benthic foraminifera, demonstrates an increase in Mg/Ca in 
correlation with the ambient temperature at calcification (Nürnberg et al., 1996, 
Rosenthal et al., 1997, Lea et al., 1999). Early laboratory culturing experiments of 
planktonic foraminifera, however, showed that foraminiferal calcite is undersaturated 
with respect to seawater Mg2+, suggesting a lower partition coefficient of Mg for 
biologically compared to inorganically precipitated calcite (Nürnberg et al., 1996). 
Thus, the incorporation of Mg into biologically precipitated calcite is different from 
the reaction kinetics of precipitation of inorganic calcite. Mg uptake into foraminiferal 
calcite is likely controlled by temperature-dependent physiological processes 
(Nürnberg et al., 1996). This highlights the importance of vital effects on Mg2+ 
incorporation into foraminiferal carbonate, emphasizing the need for species-specific 
Mg/Ca-temperature calibrations.  
Compared to Mg/Ca paleothermometry on planktonic foraminifera, the use of benthic 
foraminifera has been developed more recently and the respective processes of Mg 
uptake are less constrained. Sensitivities of 10-11 % per 1 °C (Cibicidoides 
pachyderma) (Rosenthal et al., 1997, Lear et al., 2002), ~6 % per 1 °C (Uvigerina 
spp.) (Lear et al., 2002), and 11 % per 1 °C (Oridorsalis umbonatus) (Lear et al., 2002) 
have been proposed for different benthic foraminiferal species. 
In addition to species-specific vital effects, secondary effects on the incorporation of 
Mg2+ into foraminiferal calcite have been reported for the pH/Δ[CO32-], salinity, and 
the Mg/Ca composition of seawater (Rosenthal et al., 1997, Elderfield et al., 2006, 
Rosenthal et al., 2006, Yu and Elderfield, 2008, Hasiuk and Lohmann, 2010, 
Elderfield et al., 2010, Dissard et al., 2010, Evans and Müller, 2012, Geerken et al., 
2018). A potential salinity effect on benthic foraminiferal Mg/Ca, however, has only 
been determined for one species, Ammonia tepida characteristic of brackish waters, 
suggesting increased Mg incorporation at higher salinities, proposed to bias 
paleotemperature reconstructions by 1 °C per 2 practical salinity unit (psu) (Dissard et 
al., 2010, Geerken et al., 2018).  
Furthermore, several post-depositional processes, such as dissolution, 
recrystallization, authigenic mineral precipitation, and contamination with silicate 
minerals can alter the primary Mg/Ca ratio of foraminiferal tests and introduce bias to 
the temperature reconstruction (Rosenthal et al., 2000, Barker et al., 2003, Pena et al., 
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2005, Edgar et al., 2013, Edgar et al., 2015, Schneider et al., 2017, Panieri et al., 2017, 
Hasenfratz et al., 2017a). To address some of these post-depositional effects different 
chemical cleaning procedures have been developed, aiming to remove silicate 
contamination, remnant organic matter, and oxide coatings (Boyle, 1983, Boyle and 
Keigwin, 1985, Barker et al., 2003).  
2.3.6 Secondary effects on foraminiferal Mg/Ca values 
2.3.6.1 Post-mortem alterations of foraminiferal tests during early 
diagenesis 
Reconstructing past climate using foraminifera relies on the assumption that 
foraminifera calcify in equilibrium with the surrounding seawater and that the 
geochemical integrity of calcareous tests is preserved in the sediments for thousands 
to millions of years. Detailed studies of the microstructure and geochemistry of fossil 
foraminifera tests, increasingly reveal diagenetic alteration, as a result of dissolution, 
recrystallization, or precipitation of authigenic mineral phases (Rosenthal et al., 2000, 
Barker et al., 2003, Pena et al., 2005, Sexton et al., 2006, Sexton and Wilson, 2009, 
Edgar et al., 2013, Edgar et al., 2015, Schneider et al., 2017, Panieri et al., 2017, 
Hasenfratz et al., 2017a). Post-mortem interactions with the sea or pore water can alter 
or reset the geochemistry of the foraminiferal calcite (Pearson et al., 2001, Edgar et 
al., 2013, Edgar et al., 2015). Partial dissolution of test material, for example, can lead 
to preferential loss of trace elements, such as Mg, Cd, Ba, and Sr (Murray, 1989, 
McCorkle et al., 1995, Brown and Elderfield, 1996, Edgar et al., 2013), whereas 
authigenic overgrowth can lead to contamination and bias in the trace metal record 
and shifts in the isotopic signal (Millo et al., 2005, Pena et al., 2005, Hasenfratz et al., 
2017a, Schneider et al., 2017, Panieri et al., 2017). The influence of recrystallization 
on foraminiferal isotope and trace metal values depends on the mode of the sediment-
pore water system (open versus closed system), the lithology, the burial 
history/sedimentation rates, and the original habitat of the life foraminifera (Sexton 
and Wilson, 2009, Edgar et al., 2013). 
Whereas diagenetic alteration of planktonic foraminiferal calcite has received 
recurrent attention over the past decade (Norris and Wilson, 1998, Pearson et al., 2001, 
Wilson and Norris, 2001, Pena et al., 2005, Edgar et al., 2013, Edgar et al., 2015), 
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benthic foraminiferal calcite is often assumed to be less impacted by diagenesis. This 
is likely a result of the greater robustness of the more heavily calcified benthic 
foraminiferal tests and the supposedly smaller effect of recrystallization on benthic 
foraminifera, as it proceeds in pore waters with similar temperatures and chemical 
composition to the habitat experienced during the life of the organism.  
Whilst recrystallization of Oligocene benthic foraminifera has been shown to only 
marginally influence the oxygen and carbon isotope values (Edgar et al., 2013), 
benthic foraminiferal trace metal ratios can be severely impacted by authigenic 
overgrowth (Hasenfratz et al., 2017a, Schneider et al., 2017, Panieri et al., 2017). 
Hasenfratz et al. (2017a) studied benthic and planktonic foraminifera from the 
Southern Ocean, where large shifts in the oxygenation of bottom waters are expected 
on G/IG timescales resulting from changes in the ventilation of deep waters and 
biological productivity. They find a distinct overgrowth on the inner surface of 
foraminiferal tests, enriched in Mn (Hasenfratz et al., 2017a). Mn-rich coatings, most 
likely Mn-rich carbonates, form following the formation of reductive 
microenvironments within the foraminiferal tests (Hasenfratz et al., 2017a), able to 
bias foraminiferal trace metal ratios. Specifically, Hasenfratz et al. (2017a) 
demonstrate increased Mg/Ca ratios in foraminifera with Mn-rich carbonate 
overgrowth.  
Further, microbial activity in sediments underlying high productivity areas has been 
shown to fundamentally alter the pore water geochemistry, which can lead to 
authigenic carbonate formation. Panieri et al. (2017) and Schneider et al. (2017) 
investigated the influence of microbial reactions within the Sulphate-Methane 
Transition Zone (SMTZ) on foraminiferal Mg/Ca and isotope ratios. They find 
characteristically low carbon isotope (δ13C) ratios in authigenic carbonates, resulting 
from carbon released during the remineralisation of organic matter and/or methane-
derived carbon (Schneider et al., 2017, Panieri et al., 2017). Additionally, increased 
Mg concentrations are observed in foraminifera with authigenic carbonate 
contamination (Schneider et al., 2017, Panieri et al., 2017). 
Thus, a lot of progress has been made in recent years to understand the influence of 
early diagenesis on foraminiferal isotope and Mg/Ca ratios. However, a detailed 
understanding of the trace metal composition and formation mechanisms of authigenic 
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carbonates is still missing. Abundant, authigenic carbonates in the sediments of IODP 
Site U1343, co-occurring with discoloured foraminiferal specimens (Expedition 323 
Scientists 2010), indicate the need to study the implications of authigenic carbonate 
formation for paleoenvironmental studies at this Site. 
2.3.6.2 Seawater Mg/Ca variations across the Pleistocene 
Recent studies demonstrate that secular changes in seawater Mg/Ca ratios over time 
may influence the incorporation of Mg into foraminiferal calcite (Fantle and DePaolo, 
2006, Medina-Elizalde et al., 2008, Evans and Müller, 2012). Both, Mg and Ca have 
a relatively long residence time in seawater of 12 million years (Ma) and 1 Ma, 
respectively (Li, 1982). Mg and Ca are supplied to the ocean by rivers, where the 
supply depends on the strength of continental weathering and the composition of the 
weathered rocks (Billups and Schrag, 2002). The major sink for Mg in the oceans is 
hydrothermal alteration of newly formed oceanic crust at Mid-Ocean Ridges (Billups 
and Schrag, 2002). Other sinks include ion exchange reactions with clay, low-
temperature alteration of basalts, and carbonate deposition, which is also the only sink 
for Ca in the ocean (Billups and Schrag, 2002). This indicates, that the Mg/Ca ratio of 
seawater has likely varied in the past on timescales longer than ~1 Ma (Medina-
Elizalde et al., 2008, Evans and Müller, 2012).  
 
 
Figure 2.4 Seawater Mg/Ca variability over the last 20 million years (Ma) based on evaporite 
fluid inclusions (Lowenstein et al., 2001, Horita et al., 2002) and numerical modelling studies 
(Fantle and DePaolo, 2005, Fantle and DePaolo, 2006). Figure from (Fantle and DePaolo, 
2006). 
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A modelling study by Fantle and DePaolo (2006) demonstrates a change in seawater 
Mg/Ca over the past ~2 Ma of ~ 1 mol mol-1, with potential implications for 
Pleistocene reconstructions of foraminiferal Mg/Ca ratios (Figure 2.4). However, most 
studies examining Pleistocene temperature variability based on foraminiferal Mg/Ca 
do not take Mg/Ca seawater variability into account, whereas it becomes more 
important for studies further back in time such as the Pliocene or the 
Neogene/Paleogene. 
2.3.6.3 The effect of the carbonate saturation state on foraminiferal Mg/Ca 
values 
The concentration of carbonate ions ([CO32-]) in seawater has been shown to influence 
the incorporation of Mg into biologically precipitated calcium carbonate (Rosenthal et 
al., 1997, Elderfield et al., 2006, Rosenthal et al., 2006, Yu and Elderfield, 2008, 
Elderfield et al., 2010). Martin et al. (2002) first noted that abyssal Mg/Ca ratios of 
the epifaunal foraminifera species Cibicidoides wuellerstorfi from temperatures <3 °C 
fall on a steeper slope than predicted by the global temperature calibration for this 
species, indicating the influence of the Δ[CO32-] on Mg/Ca values of C. wuellerstorfi. 
BWT changes in abyssal waters are comparably small, thus the effect of Δ[CO32-] on 
foraminiferal Mg/Ca ratios is proportionally enhanced (Elderfield et al., 2006). 
Comparison studies of Rose Bengal stained living specimens of C. wuellerstorfi and 
the post-mortem assemblage confirmed that Δ[CO32-] affects Mg incorporation into 
the foraminiferal calcite, rather than influencing Mg/Ca ratios via post-mortem 
dissolution (Elderfield et al., 2006). Empirical quantification of the carbonate ion 
effect on Mg/Ca ratios in C. wuellerstorfi and Cibicidoides mundulus yields values of 
0.0087 ± 0.0007 mmol mol-1 µmol-1 kg-1 and 0.017 mmol mol-1 µmol-1 kg-1, 
respectively (Elderfield et al., 2006, Raitzsch et al., 2008). This indicates that there 
may be subtle differences in the Δ[CO32-] sensitivity of different species as a result of 
vital effects and/or microhabitat preferences. Elderfield et al. (2010) demonstrate no 
or only a very small Δ[CO32-] effect on Mg/Ca ratios of shallow infaunal Uvigerina 
spp., as pore waters come to rapid equilibrium with calcium carbonate. This suggests 
that the use of infaunal benthic foraminifera for Mg/Ca is favourable as the Δ[CO32-] 
effect is reduced in pore waters compared to bottom waters. However, due to 
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differences in the habitat depth and migration within the sediment site/species specific 
variations might occur. 
2.3.7 The effect of different chemical cleaning techniques on foraminiferal 
trace metal ratios  
Abundant authigenic carbonate crystals in sediments of IODP Site U1343 co-
occurring with discoloured foraminiferal specimens, suggest the presence of 
authigenic foraminiferal carbonate contaminant phases (Expedition 323 Scientists 
2010). Hence, a cleaning study was conducted to assess the impact of different 
chemical cleaning techniques on foraminiferal trace metal ratios.  
There are two frequently used cleaning protocols, the Cd-cleaning (Boyle, 1983, Boyle 
and Keigwin, 1985) and the Mg-cleaning protocol (Barker et al., 2003). Each cleaning 
protocol comprising of several steps, including: (i) a clay removal step with repeated 
rinses in UHQ water and methanol with intervals of ultrasonication, to remove adhered 
clay particles (ii) an oxidative step in a hot solution of alkali (0.1 M NaOH) buffered 
1% H2O2 to remove organic material and (iii) one dilute acid leach in 0.001 M HNO3 
to remove remaining contaminants adsorbed to the surface of the foraminifera 
fragments. The Cd-protocol additionally includes a reductive treatment, prior to the 
oxidative step, aimed to remove Mn-Fe-oxides. Performed in a hot solution of 1200 
µl hydrous hydrazine in a citric acid (10 mL)/ammonia (10 mL) buffer for 30 minutes, 
including several intervals of short (~5 seconds) ultrasonication followed by extensive 
rinsing with UHQ water and a sample transfer to fresh acid-cleaned micro-centrifuge 
tubes. 
Recently, partial dissolution of foraminiferal shell material has been reported during 
the reductive step, most likely as a result of chelate complex formation of the metal 
cations with the citric acid, reducing the primary foraminiferal Mg/Ca ratio by up to 
10 % (Barker et al., 2003, Yu et al., 2007). Pena et al. (2005), on the other hand, 
demonstrate that Mn-rich authigenic carbonates from samples in the Panama basin 
could only be removed by the addition of the reductive step. This could be associated 
with the structure of the authigenic carbonate, making it more prone to dissolution 
and/or the removal of Mn-Fe oxides in between the authigenic carbonate crust and the 
foraminiferal test wall (Pena et al., 2005). Thus, careful examination of foraminiferal 
test contamination and the effects of different cleaning techniques is needed, to ensure 
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that the cleaning protocols are adapted to the contaminant phases present in the 
respective foraminifera samples.  
In order to test the influence of different chemical cleaning protocols on foraminiferal 
Mg/Ca, Mn/Ca, U/Ca, and Sr/Ca ratios five large (>300 µg) samples (2 E. batialis, 3 
Uvigerina spp.) were evenly split after the foraminiferal tests had been gently crushed 
between two glass plates and the fragments were homogenized. The two aliquots of 
each sample were treated according to the ‘Mg-cleaning’ (Barker et al., 2003) and the 
‘Cd-cleaning’ (Boyle, 1983, Boyle and Keigwin, 1985) protocol, respectively.  
 
 
Figure 2.5 Mg/Ca (green), Sr/Ca (blue), U/Ca (purple), and Mn/Ca (red) of five samples (3 
Uvigerina spp. (striped), 2 E. batialis (solid)) cleaned using the Cd-cleaning protocol (light 
colour) (Boyle, 1983, Boyle and Keigwin, 1985) and the Mg-cleaning protocol (dark colour) 
(Barker et al., 2003), respectively.  
 
All samples cleaned using the Cd-protocol show a reduction in Mg/Ca, Mn/Ca, and 
U/Ca compared to the Mg-protocol (Figure 2.5). The change in Sr/Ca between the 
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cleaning protocols is inconsistent (Figure 2.5), in support of previous studies 
demonstrating no influence of the reductive treatment on Sr/Ca ratios (Barker et al., 
2003, Yu et al., 2007). Three samples (sample ID 1, 3, and 4) show a Mg/Ca reduction 
<10 % between the aliquot cleaned using the Mg-protocol and the Cd-protocol (Figure 
2.5). Barker et al. (2003) demonstrate that a reduction in Mg/Ca of up to 10 % can 
result from dissolution of the primary test calcite during the reductive step. If this was 
the case, U/Ca and Mn/Ca ratios typical of primary foraminiferal calcite (<23 nmol 
mol-1 and <100 µmol mol-1, respectively (Barker et al., 2003, Chen et al., 2017)) would 
be expected for both aliquots of each sample. U/Ca ratios of the samples with <10 % 
reduction in Mg/Ca vary between 99-449 nmol mol-1 after the Mg-cleaning, and 
between 17-64 nmol mol-1 after the Cd-cleaning (Figure 2.5), indicating a reduction 
of 69-94 % between cleaning techniques. The same is true for Mn/Ca ratios, ranging 
between 75-300 µmol mol-1 and 33-128 µmol mol-1 after the Mg- and Cd-cleaning, 
respectively (Figure 2.5), suggesting a reduction of 13-55 % between cleaning 
protocols. Removal of large amounts of U and Mn, together with a small reduction in 
Mg/Ca, suggests either the presence of an additional non-calcareous high-U and Mn, 
but low-Mg, contamination phase, preferential leaching of U and Mn during the 
reductive treatment, or variable amounts of Mg in the authigenic carbonate phase.  
A commonly reported non-calcareous contamination phase are Mn-Fe-oxides, with 
Mg/Mn and U/Mn values of around 0.2 ± 0.03 mol mol-1 (De Lange et al., 1992, 
Pattan, 1993) and 0.01 ± 0.008 mmol mol-1 (Kunzendorf et al., 1983, Lugovskaya et 
al., 2007), respectively. Assuming that all the reduction in Mn between the Mg- and 
Cd-cleaning is a result of Mn-Fe-oxide removal, a decrease in Mg/Ca for all five 
samples of 0.004-0.035 mmol mol-1 and 0.18-1.75 nmol mol-1 in U/Ca would be 
expected, much smaller than the observed reduction of 0.03-4.2 mmol mol-1 for Mg/Ca 
and 81-3545 nmol mol-1 for U/Ca (Figure 2.6). Thus, even though a contribution of 
Mn-Fe-oxides to the reduction in the metal/Ca values cannot be ruled out, it does not 
act as a main non-calcareous high-U and Mn/low-Mg contamination phase. Another 
possibility is the preferential leaching of U and Mn compared to Mg, from the 
primary/authigenic foraminiferal calcite during reductive cleaning. However, this does 
not explain the differences in Mg-reduction observed in the five samples analysed. 
Further, Yu et al. (2007) demonstrate that partial dissolution of foraminiferal tests 
during reductive cleaning is most likely caused by the formation of chelate-complexes 
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of the metal cations with citric acid. Thus, selective leaching of metals is highly 
unlikely, as these metals are uniformly distributed within the calcite shell, and solid 
diffusion rates are slow at low temperatures (Yu et al., 2007). In conclusion, the 
different patterns in element/Ca reduction between the Mg- and Cd-cleaning protocols 
are most likely related to varying Mg contents in the authigenic carbonate 
contaminants.  
 
 
Figure 2.6 Observed versus expected reduction in Mg/Ca (left) and U/Ca (right) if all the 
authigenic contamination at Site U1343 was a result of Mn-Fe-oxide coatings with Mg/Mn 
and U/Mn values of around 0.2 ± 0.03 mol mol-1 (De Lange et al., 1992, Pattan, 1993) and 
0.01 ± 0.008 mmol mol-1 (Kunzendorf et al., 1983, Lugovskaya et al., 2007), respectively.  
 
Even though minor dissolution of primary foraminiferal calcite cannot be ruled out, 
all in all, the cleaning study supports the presence of a Mg, U, Mn, and Sr-rich 
authigenic carbonate phase. Further, the Cd-cleaning protocol is more successful at 
removing the authigenic carbonates, compared to the Mg-cleaning protocol. However, 
even reductively cleaned U/Ca ratios are still elevated compared to reported U/Ca 
ratios of primary foraminiferal calcite (up to 23 nmol mol-1 (Russell et al., 2004, 
Raitzsch et al., 2011, Boiteau et al., 2012, Chen et al., 2017)), indicating that some 
contamination might still be present.  
2.3.8 Dysoxic foraminiferal assemblage counts 
The ecology of calcareous benthic foraminifera has long been used as a powerful tool 
to qualitatively reconstruct past environmental conditions at the seafloor (Corliss, 
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1985, Jorissen et al., 1995, Jorissen et al., 2007, Bubenshchikova et al., 2010, 
Ovsepyan et al., 2013, McKay et al., 2016, Ovsepyan et al., 2017). This is related to 
the microhabitat preferences of species, where the relative abundance correlates with 
the optimum in living conditions (Jorissen et al., 2007). In particular, benthic 
foraminiferal faunal assemblages can provide insights into oxygenation, organic 
carbon export, and deep water mass changes (Jorissen et al., 2007). The benthic habitat 
has been divided into epifaunal, living at or very close to the sediment-water interface, 
and infaunal, living below the sediment-water interface, with the oxygen penetration 
depth and organic carbon flux to the seafloor exerting the primary control mechanisms 
on the assemblage composition (Figure 2.7) (Jorissen et al., 1995, Jorissen, 1999, 
Gooday and Rathburn, 1999).  
 
 
Figure 2.7 TROX (TRophic OXygen) model for benthic foraminiferal microhabitats after 
(Jorissen et al., 1995). Figure from Van der Zwaan et al. (1999). 
 
Characteristic low-oxygen foraminiferal assemblages are typically composed of deep 
infaunal taxa and/or epi-/infaunal taxa adapted to low oxygen conditions (Jorissen et 
al., 2007). However, the benthic foraminiferal assemblage responds to multiple 
environmental parameters, such as bottom water oxygenation and the organic carbon 
flux simultaneously (Gooday and Rathburn, 1999, Jorissen et al., 2007) and numerous 
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species classified as low-oxygen indicators also occur under high organic carbon flux 
(Gooday and Rathburn, 1999, Jorissen et al., 2007). Continental margins sediments, 
characterised by increased input of organic carbon, are typically dominated by 
infaunal taxa tolerant to low oxygen conditions (Gooday and Rathburn, 1999). This is 
also observed in sediments of the mid-depth Bering Sea, with calcareous infaunal 
benthic taxa tolerant to low-oxygen conditions dominating the assemblage (Khusid et 
al., 2006, Setoyama and Kaminski, 2015). 
Typically, faunal census counts rely on a representative subset of the sample. 
However, the calcareous foraminifera abundance at Site U1343 is generally low 
(Expedition 323 Scientists 2010). Thus, all foraminifera from the 150-250 µm size 
fraction were picked, identified, and counted to get a representation of assemblage 
changes through time. 
2.3.9 Statistical analyses and error propagation 
Statistical analyses conducted throughout this study comprise analyses of variance and 
correlation, together with the identification of long-term trends. Long-term trends of 
downcore records were determined using ordinary least squares regression analyses. 
Analyses of correlation were performed using the Pearson correlation coefficient (R2). 
Where possible, the correlation of two time series was determined using PearsonT3 
(Mudelsee, 2003). PearsonT3 automatically performs mean detrending and estimates 
the persistence time of both variables (Mudelsee, 2003). The confidence intervals (CI) 
of the Pearson correlation coefficient are students t CIs based on nonparametric 
bootstrapping (Mudelsee, 2003). However, PearsonT3 requires a minimum of 10 data 
points, thus correlation analyses for timeseries (n<10) and non-timeseries datasets 
were performed in RStudio (RStudio Team, 2015). Correlations of individual 
foraminiferal trace metal ratios measured by laser ablation inductively coupled plasma 
mass spectrometry (LA-ICP-MS) (Chapter 3) were calculated using non-parametric 
bootstrapping were R2 is based on random sampling (n = 10,000) of each elemental 
ratio within their respective uncertainties as represented by normal distributions. The 
CI reported for the bootstrapped R2 values represent bias-corrected accelerated 
bootstrap CIs.  
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To test for a significant difference in the variance (p < 0.05) of two datasets a 
Wilcoxon-Mann-Whitney test or a two-sample t-test was performed for non-normally 
and normally distributed data, respectively. To test for normality the Shapiro-Wilk test 
was used. Analyses of variance were performed in RStudio (RStudio Team, 2015). 
Gaussian error propagation was followed to propagate the analytical and procedural 
uncertainty of foraminiferal Mg/Ca ratios to derive an estimate for BWT uncertainty. 
The reported uncertainties for BWT represent standard errors (s.e.), whilst the 
uncertainties for foraminiferal trace metal ratios measured using LA-ICP-MS are 
given as standard deviations (s.d.), to represent the full spread of the data.
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3. Foraminiferal diagenesis in 
sediments underlying high 
productivity areas 
3.1 Introduction 
Continental margins offer a unique opportunity to study Quaternary climate change at 
millennial-scale resolution, owing to high siliciclastic and organoclastic sedimentation 
rates. Riverine input from the nearby continents, downslope sediment transport, and 
high rates of primary productivity, resulting from upwelling of nutrient-rich deep 
waters especially along western continental margins, together with ice rafted debris 
(IRD) in high latitudes, constitute prized climate archives. Marine carbonates, such as 
the calcareous tests of planktonic and benthic foraminifera that accumulate in the 
sediments over time, represent valuable proxies to study both global and regional 
paleoceanographic changes.  
Elemental and isotopic ratios in planktonic and benthic foraminifera are important and 
established tools in paleoceanography, used to understand past changes in marine 
biogeochemical cycling, hydrography, the terrestrial cryosphere, and ocean circulation 
(e.g. Shackleton, 1967, Nürnberg et al., 1996, Lynch-Stieglitz, 2006). Mg/Ca of 
benthic foraminifera, for example, is a powerful proxy to determine changes in the 
bottom water temperature (BWT) at any given location (e.g. Rosenthal et al., 1997, 
Lear et al., 2002, Elderfield et al., 2006, Lear et al., 2010). When coupled with the 
oxygen isotope composition of benthic foraminifera (δ18Ob), this allows reconstructing 
the evolution of continental ice volume through time, vital to understand long-term 
climate evolution across the Cenozoic (Zachos et al., 2001), the sensitivity of Earth’s 
climate to external and internal forcing mechanisms (e.g. Lear et al., 2000, Billups and 
Schrag, 2002, Sosdian and Rosenthal, 2009, Elderfield et al., 2012), and relative sea 
level changes through time (e.g. Lea et al., 2002, Sosdian and Rosenthal, 2009, 
Elderfield et al., 2012, Shakun et al., 2015). Accurate knowledge of post-mortem 
alterations in foraminiferal geochemistry is hence crucial for the application of these 
tools, our understanding of past climate change, and the reconstruction of an array of 
environmental changes in Earth’s history. 
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However, continental margin archives often remain untapped for paleoclimate 
reconstructions, because abundant reservoirs of hydrocarbons, specifically methane, 
in active and passive continental margin sediments alter the geochemistry of 
calcareous microfossils (Panieri et al., 2017, Schneider et al., 2017, Wan et al., 2018). 
Methane in continental margin sediments can have a thermogenic origin or originate 
from microbial degradation of organic carbon (Judd et al., 2002). 
Sub-seafloor carbon cycling and organic carbon remineralization are driven by an 
active microbial community, exploiting different metabolic pathways, leading to a 
staggering of reactions in the sediment column according to their metabolic efficiency 
(Froelich et al., 1979). Oxic respiration, being the most efficient, takes place in the 
upper millimetres to meters of the sediment column, whereas the depth of oxygen 
depletion is a function of the supply of oxygen from the overlying bottom waters by 
diffusion and the amount of organic carbon exported to the seafloor (Boudreau and 
Jørgensen, 2001). In the suboxic zone nitrate (NO3-) and manganese (Mn3+) are 
reduced, followed by iron (Fe3+) and sulphate (SO42-) reduction (Equation 3.1) 
(D'Hondt et al., 2002, Hong et al., 2013). 
 𝐶𝐻2𝑂 +  
1
2
 𝑆𝑂4
2− →  
1
2
 𝐻2𝑆 + 𝐻𝐶𝑂3
−                    (Equation 3.1) 
𝐶6𝐻12𝑂6 →  3 𝐶𝐻4 + 3 𝐶𝑂2                             (Equation 3.2) 
When all energetically more favourable terminal electron acceptors have been 
depleted, organic carbon remineralisation occurs via methanogenesis (Equation 3.2) 
and fermentation (Berner, 1980). Where the upward diffusive flux of methane, caused 
by sediment compaction, meets the zone of sulphate reduction a Sulphate-Methane 
Transition Zone (SMTZ) forms and anaerobic oxidation of methane (AOM) occurs 
(Equation 3.3) (Boetius et al., 2000, Wehrmann et al., 2011). The depth of the SMTZ 
is variable and depends primarily on the flux of methane from below, which in turn is 
driven by the availability of labile organic matter for methanogensis and/or the supply 
of methane of thermogenic origin (Gaurav et al., 2008, Wehrmann et al., 2011). Along 
the continental slope of the eastern Bering Sea a shallower SMTZ is found in 
sediments underlying the mid-depth oxygen minimum zone (OMZ), even though 
organic carbon accumulation rates are lower compared to other locations along the 
slope with a deeper SMTZ (Wehrmann et al., 2011). Persistently lower bottom water 
oxygen concentrations ([O2]) and an associated shallow oxygen penetration depth 
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cause a rapid shift from oxic to anoxic remineralization of organic carbon, leaving 
more labile organic carbon for methanogenesis in deeper sediments (Wehrmann et al., 
2011). 
𝐶𝐻4 + 𝑆𝑂4
2−  →   𝐻𝐶𝑂3
−  +  𝐻𝑆− + 𝐻2𝑂             (Equation 3.3) 
Both organoclastic sulphate reduction and AOM release HCO3- into the pore waters, 
increasing the alkalinity and facilitating authigenic carbonate formation. Calcareous 
foraminifera tests can act as a template for authigenic carbonate precipitation (Panieri 
et al., 2017, Schneider et al., 2017), altering the geochemistry of the foraminiferal 
tests, with important implications for paleoclimate reconstructions.  
Most studies investigating the influence of authigenic carbonate precipitation on 
foraminiferal geochemistry in areas of high methane flux or even methane seepage at 
the seafloor have focused on the carbon isotopic composition (Hill et al., 2003, Hill et 
al., 2004, Cook et al., 2011, Panieri et al., 2017, Schneider et al., 2017, Wan et al., 
2018). Compared to foraminiferal calcite, methane-related authigenic carbonates have 
a distinct isotopic signature, resulting from methane-derived 13C-depleted dissolved 
inorganic carbon (e.g. Roberts and Aharon, 1994, Hill et al., 2003, Hill et al., 2004, 
Pierre and Fouquet, 2007, Pierre et al., 2016). Additionally, SMTZ-related authigenic 
carbonates are typically enriched in Mg (Aloisi et al., 2000, Aloisi et al., 2002, 
Crémière et al., 2012, Teichert et al., 2014), resulting from the effect of sulphate on 
carbonate precipitation, with high-Mg calcite (HMC) being favoured in sulphate-free 
solutions (Walter, 1986, Burton, 1993, Aloisi et al., 2002). 
Recent studies of foraminiferal diagenesis in relation to SMTZ precipitation noticed 
elevated Mg/Ca ratios, indicating the presence of authigenic HMC on foraminifera 
tests (Panieri et al., 2017, Schneider et al., 2017, Wan et al., 2018). However, a detailed 
understanding of early diagenetic processes and their influence on the alteration of 
primary foraminiferal geochemistry beyond Mg/Ca awaits analysis of a full suite of 
elemental ratios to elucidate dynamic processes in relation to organic carbon 
remineralization and the formation of a SMTZ in the sediments. 
Sediment cores retrieved from the eastern Bering Sea continental margin as part of 
International Ocean Discovery Program (IODP) Expedition 323, offer a unique 
opportunity to gain comprehensive insight into early diagenetic processes. 
Sedimentation rates of 34 ± 11 cm ka-1 (Asahi et al., 2016) at IODP Site U1343 
Chapter 3: Foraminiferal diagenesis in sediments underlying high productivity areas 
55 
 
(57°33.4’N, 176°49.0’W; 1953 m) (Figure 2.1), located on a topographic high off the 
eastern continental margin, indicate the potential to examine Quaternary climate 
change at a millennial to orbital resolution, in a region highly underrepresented in 
paleoclimate studies.  
Methane in Bering Sea margin sediments is predominantly of microbial origin, related 
to high primary productivity in the surface ocean, also called the ‘Green Belt’ 
(Springer et al., 1996). The present day SMTZ, at Site U1343, is located at ~8 meters 
below seafloor (mbsf), clearly seen in pore water profiles of dissolved sulphate and 
methane (Figure 3.1) (Wehrmann et al., 2011). The modern burial rate of organic 
carbon at Site U1343 is 171 mmol m-2 y-1, similar to other continental margins 
characterized by upwelling and increased primary productivity (Wehrmann et al., 
2011). Intense rates of organic carbon remineralization are reflected in the carbon 
isotope composition (δ13C) of dissolved inorganic carbon (DIC), decreasing 
throughout the zone of organoclastic sulphate reduction towards a pronounced 
minimum at the SMTZ (Figure 3.1) (Wehrmann et al., 2011). 
Analyses of authigenic carbonate crystals in the sediments of Site U1343 revealed 
high- and low-Mg calcite (LMC), Fe-rich calcite, and dolomite (Pierre et al., 2016). 
Depending on the mode of formation diagenetic carbonates at Site U1343 have a 
distinctive δ13C signature between 10 ‰ and -20 ‰ (Pierre et al., 2016). As a result 
of bicarbonate formation during sulphate reduction (δ13C: -22 ‰ to -26 ‰) and AOM 
(δ13C: -50 ‰ to -90 ‰) (Schrag et al., 2013), early diagenetic carbonates are typically 
associated with low δ13C values (Pierre et al., 2016). Further, the drawdown of 
dissolved Ca and Mg in the upper meters of the sediment column with a minimum in 
pore water concentrations at the SMTZ (Figure 3.1), supports the formation of LMC 
and HMC authigenic phases in this zone (Wehrmann et al., 2011, Pierre et al., 2016). 
On the other hand, authigenic carbonate crystals, mainly Fe-rich carbonates and 
dolomite, which form in a deeper diagenetic zone (~260 mbsf), are enriched in 13C, 
characteristic of bicarbonate formed during silicate weathering within the sediments, 
promoted by CO2 released during methanogenesis (Pierre et al., 2016). Other common 
diagenetic mineral phases in sediments from Site U1343 include barite and pyrite, 
typically precipitated during organoclastic sulphate reduction and AOM (Pierre et al., 
2016).  
  
 
 
Figure 3.1 Pore water profiles of dissolved (A) Ca (blue), (B) Mg (teal), (C) δ13C of dissolved inorganic carbon (DIC) (Wehrmann et al., 2011), and (D) 
sulphate (orange), and methane (purple) (dissolved Ca, Mg, CH4, and SO4
2- data from LIMS (http://web.iodp.tamu.edu/LORE/)) at IODP Site U1343 at 
1953 m water depth in the eastern Bering Sea. (E) δ18Ob record at Site U1343 across the LGM-Holocene (grey) (Asahi et al., 2016), together with the 5-point 
running mean of δ18Ob across the Mid-Pleistocene (grey) (Asahi et al., 2016, Kender et al., in review) including the samples used for this study (dark blue 
diamonds). The blue shaded areas indicate the study intervals with the black triangles on the left indicating the respective sample depth. The light yellow 
shaded area demonstrates the Sulphate-Methane Transition Zone (SMTZ) and the dark blue shaded area indicates the deeper zone of authigenic carbonate 
formation at ~260 mbsf (Pierre et al., 2016). 
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Here I present the trace metal composition (Mg/Ca, Sr/Ca, Mn/Ca, Fe/Ca, U/Ca, 
Al/Ca) of shallow infaunal foraminiferal species Elphidium batialis, the most 
abundant benthic foraminifera at IODP Site U1343. I use a suite of single-specimen 
visual and geochemical evidence, including scanning electron microscope (SEM) 
imaging, laser ablation inductively coupled plasma mass spectrometry (LA-ICP-MS), 
and electron probe microanalyser (EPMA) elemental mapping, to explore the trace 
metal composition of both primary foraminiferal calcite and authigenic carbonates. 
Further, this study explores the applicability of geochemical proxies for 
paleoenvironmental studies in continental margin sediments characterized by 
abundant methane of microbial origin. Careful examination of foraminiferal tests 
using a range of approaches, suggests authigenic carbonate formation both above and 
within the SMTZ along the eastern Bering Sea margin. Whereas samples from below 
the SMTZ demonstrate primarily HMC contamination, dissolved sulphate in pore 
waters above the SMTZ, may hinder the formation of HMC, leading to LMC 
contamination of foraminiferal calcite. Even though abundant authigenic carbonates 
were found, this study suggests that after careful examination of foraminiferal tests, 
traditional proxies for paleoenvironmental reconstructions can be applied. Using a 
suite of single-specimen geochemical analyses trace metal thresholds, related to 
authigenic carbonate contamination, need to be established to distinguish primary 
versus diagenetically altered foraminiferal samples, offering a chance to reconstruct 
past environmental changes from largely under-utilized continental margin sediments. 
3.2 Materials and methods 
3.2.1 Sedimentary evidence for authigenic carbonates at IODP Site U1343 
Sediments at IODP Site U1343 are primarily composed of dark/very dark greenish-
grey to dark/very dark grey silt (Expedition 323 Scientists 2010). Visually lighter and 
more yellowish authigenic carbonate layers can be identified in all holes below 35 
mbsf (Expedition 323 Scientists 2010). Compared to other Sites in the Bering Sea, 
carbonate concretions are less pronounced at Site U1343 (Expedition 323 Scientists 
2010). High rates of sediment accumulation along the eastern Bering Sea slope (21-
58 cm ka-1) (Expedition 323 Scientists 2010) likely indicate that the SMTZ did not 
persist at a given sediment depth long enough for distinct authigenic carbonate nodules 
Chapter 3: Foraminiferal diagenesis in sediments underlying high productivity areas 
58 
 
to form (on timescales of centuries (Ussler and Paull, 2008)) (Expedition 323 
Scientists 2010). Authigenic carbonate crystals comprise of rhombs, acicular and 
globular crystals, as identified in smear slides (Expedition 323 Scientists 2010) and 
are comprised of LMC, HMC, Fe-rich carbonates and dolomite (Pierre et al., 2016). 
3.2.2 Sampling strategy 
This study is focused on two narrow depth intervals of Holocene (n = 4) to Pleistocene 
(n = 9) age between 0.33-8.99 m core composite depth below seafloor (CCSF-A) and 
172.02-305.63 m CCSF-A, respectively (Figure 3.1) from IODP Site U1343 to study 
the influence of diagenesis on benthic foraminifera buried along the continental 
margin of the eastern Bering Sea. The samples represent both glacial and interglacial 
intervals (Table 3.1, Figure 3.1), as bottom water conditions and primary productivity 
in the eastern Bering Sea are likely to vary on these timescales (Kim et al., 2014, Asahi 
et al., 2016), impacting the nature/magnitude of authigenic carbonate formation. 
Further, I explore diagenetic alterations in samples from above and below the SMTZ, 
to elucidate the influence of both organoclastic sulphate reduction and AOM on 
foraminiferal diagenesis. Samples from a greater sediment depth can provide 
information regarding a deeper zone of authigenic carbonate formation and its 
influence on foraminiferal geochemistry, as proposed by Pierre et al. (2016).  
Based on the abundances of infaunal foraminiferal species, Elphidium batialis was 
chosen to study the effects of diagenesis on benthic foraminiferal trace metal ratios 
(Figure 3.2). Other abundant infaunal foraminifera include Uvigerina spp. and 
Islandiella norcrossi (Figure 3.2). E. batialis is a shallow infaunal benthic 
foraminifera, forming a hyaline LMC test. In the neighbouring Sea of Okhotsk E. 
batialis has a habitat depth of 0.5-1.7 cm (Bubenshchikova et al., 2008). It precipitates 
a test of medium size that is involute planispiral with nine to twelve chambers in the 
final whorl (Figure 3.2). The wall is finely perforate and the aperture appears as a 
peripheral arch. It has a rounded to lobulated outline and the chambers increase 
gradually in size (Figure 3.2). The most distinct feature are the depressed sutures with 
slightly backwards curved sutural bridges (Figure 3.2). The specimens for this study 
were picked from the two size fractions 150-250 µm and > 250 µm. Specimens > 250 
µm from Site U1343 have been previously utilized for paleoclimate reconstructions 
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(Asahi et al., 2016), however, overall benthic foraminiferal abundance is larger in the 
size fraction 150-250 µm.  
Table 3.1 Sample information regarding the depth within the core, the age, the 
size fraction, and the general climate state for all samples utilised in this study. 
Sample ID 
Depth 
(m 
CCSF-
A) 
Age 
(ka) 
Size 
fraction 
Glacial (G)/ 
Interglacial 
(IG) 
U1343C-1H-1 (32-34 cm) 0.3 8.5 >250 µm IG 
U1343C-1H-4 (19-21 cm) 4.7 20.8 >250 µm G 
U1343E-1H-3 (50-52 cm) 7.0 30.1 >250 µm IG 
U1343E-1H-4 (100-102 cm) 9.0 38.3 >250 µm IG 
U1343A-17H-5 (84-86 cm) 172.0 634.6 >250 µm, 
150-250 µm 
G 
U1343E-25H-2 (132-134 cm) 229.4 877.5 >250 µm, 
150-250 µm 
G 
U1343C-24H-7 (109-111 cm) 241.5 925.6 >250 µm G 
U1343C-25H-5 (37-39 cm) 248.2 942.6 >250 µm IG 
U1343C-25H-5 (126-128 cm) 249.1 944.9 >250 µm IG 
U1343C-25H-6(46-48 cm) 249.8 946.7 >250 µm IG 
U1343C-26H-5 (126-128 cm) 259.5 970.9 >250 µm IG 
U1343E-32H-2 (42-44 cm) 299.6 1070.1 >250 µm, 
150-250 µm 
IG 
U1343E-32H-6 (142-144 cm) 305.6 1086.0 >250 µm G 
 
 
Figure 3.2 Images of specimens of E. batialis, I. norcrossi, and U. bifurcata (left to right). 
Images taken from Usami et al. (2017). Scale bars (white) represent 100 µm. 
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3.2.3 Scanning electron microscope imaging 
SEM imaging was conducted on nine E. batialis samples, exhibiting different degrees 
of diagenetic alteration, as determined by reflected light microscope inspection. The 
samples are from above and below the SMTZ and from around 250 ± 10 m CCSF-A, 
to cover all stages of carbonate diagenesis at Site U1343. For each sample a whole 
specimen together with crushed fragments was imaged. Prior to imaging all samples 
where ultrasonicated in UHQ water for ~10 seconds to remove clay minerals and other 
particles loosely stuck to the foraminiferal tests. The specimens and fragments were 
then mounted on SEM stubs using carbon adhesive tape. All samples were 
gold/palladium coated and imaged on a FEI XL30 Field Emission Gun Environmental 
SEM at Cardiff University in high vacuum mode with a beam voltage of 10-20 kV 
using a Secondary Electron Detector. 
3.2.4 Geochemical analyses 
3.2.4.1 LA-ICP-MS elemental profiles and specimen means 
LA-ICP-MS measurements were performed at Cardiff University using an ArF 
excimer 193 nm laser ablation system with dual volume laser ablation cell 
(RESOlution S-155 ASI) coupled to a Thermo ScientificTM ELEMNT XRTM magnetic 
sector field ICP-MS. In total 13 samples, from two depth intervals (0.33-8.99 m CCSF-
A and 172.02-305.63 m CCSF-A) (Figure 3.1), were analysed with six specimens per 
sample and six laser spots on consecutive chambers per specimen. Based on previous 
work using the same instrumental setup at Cardiff University this was found to yield 
statistically good results when averaging over the natural and diagenetic heterogeneity 
of foraminiferal tests (Michael Nairn, personal communication 2018), also 
demonstrated in other studies (Rathmann et al., 2004). As a result of low abundance 
of E. batialis two samples only contained two and five specimens, respectively. The 
tests were collected from two different size fractions (150-250 µm, >250 µm) (Table 
3.1) and LA-ICP-MS operating conditions varied accordingly (Table 3.2). All samples 
were analysed for the isotopes 25Mg, 26Mg, 27Al, 43Ca, 48Ca, 55Mn, 87Sr, 88Sr, 238U with 
the magnetic sector field ICP-MS operating in low resolution (LR) mode, as no 
spectral interference was expected for these isotopes in the sample. 48Ca, however, did 
show spectral interference with 48Ti for both glass standards, the NIST SRM 610 and 
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NIST SRM 612 (see below), hampering quantification of this isotope. 56Fe cannot be 
resolved in LR mode as a result of spectral interference with ArO (May and 
Wiedmeyer, 1998). Thus, a combination of LR and medium resolution (MR) mode 
was used to analyse all isotopes of interest. In total four samples from the size fraction 
>250 µm were analysed for 56Fe, with two sample from above and two samples from 
below ~260 mbsf (second zone of carbonate diagenesis (Pierre et al., 2016)). For each 
specimen all isotopes were acquired on six consecutive chambers in LR, followed by 
re-ablation of each chamber in MR, allowing for direct comparison of 56Fe with all 
other isotopes. 
 
Table 3.2 LA-ICP-MS analytical settings for foraminifera specimens between 
150-250 µm, >250 µm and the NIST 610/612 silicate glass reference standards. 
 
 
150-250 µm >250 µm 
Silicate glass reference 
standards NIST SRM 
620 and 612 
Mode Spot 
analysis 
Spot analysis Raster analysis 
Spot size (µm) 20 30 64 
Laser fluence (J cm-
2) 
2.5 3.5 4.5 
Laser pulse 
repetition rate (Hz) 
2 4 4 
 
NIST SRM 612 and NIST SRM 610 silicate glass standards were used as consistency 
and quantification standards, respectively. NIST SRM 612 was acquired at the 
beginning and end of every sequence and calibrated using NIST SRM 610 for external 
reproducibility (Table 3.3). NIST SRM 612 was also used to tune the magnetic sector 
field ICP-MS to minimize oxide formation and elemental fractionation (ThO/Th < 0.3 
%, Th/U ~1). NIST SRM 610 was measured every six laser ablation spots and used 
for sample calibration. Reference values for elemental concentrations in NIST SRM 
610 and 612 are from Jochum et al. (2011). Samples were calibrated using R Studio 
(RStudio Team 2015) following the method outlined in Longerich et al. (1996), using 
43Ca as the internal standard, assuming 40 wt% for CaCO3. Prior to sample calibration 
the limit of detection was calculated (LOD = mean gas blank + 3.3 * s.d., s.d. = 
standard deviation on the gas blank) for each isotope and spot and all values below the 
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LOD were removed (Petersen et al., 2018). The high gas blank for 55Mn, resulting 
from polyatomic interference with 40Ar15N (Evans and Müller, 2018), causes a 
relatively high LOD for 55Mn measurements. Thus, 55Mn could only be quantified for 
22 out of 91 specimens. 
 
Table 3.3 Absolute elemental values and external reproducibility for the duration 
of this study (relative standard deviation (r.s.d.)) of NIST 612 silicate glass 
reference standard in LR and MR mode in comparison to absolute values from 
Jochum et al. (2011). 
 NIST SRM 612 - LR NIST SRM 612 - MR 
Isotope 
This 
study 
(ppm) 
External 
reproducibilit
y (r.s.d.) 
Jochum 
et al. 
(2011) 
(ppm) 
This 
study 
(ppm) 
External 
reproducibilit
y (r.s.d.) 
Jochu
m et al. 
(2011) 
(ppm) 
25Mg 56 3.1 68 ± 5 59 8.1 68 ± 5 
26Mg 58 2.0 68 ± 5 58 1.7 68 ± 5 
27Al 12961 1.4 
10743 ± 
212 
12983 0.5 
10743 
± 211 
43Ca Internal Standard 
85060 ± 
715 
Internal Standard 
85060 
± 715 
48Ca 37148 2.3 
85060 ± 
715 
33817 2.9 
85060 
± 715 
55Mn 39 5.2 39 ± 1 39 0.9 39 ± 1 
57Fe n.a. n.a. 51 ± 2 55 1.7 51 ± 2 
87Sr 51 1.7 78 ± 0.2 50 1.5 
78 ± 
0.2 
88Sr 83 3.5 78 ± 0.2 82 2.0 
78 ± 
0.2 
238U 41 4.5 37 ± 0.08 38 0.8 
37 ± 
0.08 
 
Additionally, signal sections classified as ‘instrumental’, as determined by the 
48Ca/43Ca ratio, were removed. Sample calibration includes a gas blank and drift 
correction of reference materials, sample gas blank correction, and sample data 
reduction. Subsequently an outlier correction was performed using the Hampel 
identifier (Davies and Gather, 1993). Lastly, the average and standard deviation was 
calculated of all laser profiles per specimen. 27Al was primarily used to screen for 
silicate contamination and most profiles show an initial peak of Al/Ca, interpreted to 
represent contamination on the outside of the foraminifera test. Specimen means are 
integrated only for signal sections with Al/Ca below the LOD, to minimize the risk of 
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silica contribution to the sample signal. Further, specimen means were only calculated 
from profiles with >10 data points of Al/Ca below the LOD. The standard deviation 
for single specimen means is based on the variance of the elemental ratio across the 
average of all laser profiles taken per specimen. 
3.2.4.2 EPMA elemental mapping of Mg/Ca and Fe/Ca 
EPMA elemental mapping was used to study the spatial cross-sectional distribution of 
Mg/Ca and Fe/Ca in three E. batialis specimens, representing minor, moderate, and 
major diagenetic alteration (see below), respectively. Foraminiferal cross sections 
were prepared at the British Geological Survey in Keyworth, mounting the 
foraminiferal tests on separate glass slides and embedding them in epoxy (RT154). To 
expose the foraminiferal cross sections small amounts of resin were taken off at a time 
using a Logitech LP50 polisher with 10 µm Al-oxide powder. Subsequently the slides 
were polished using a sequence of 6 µm, 3 µm, 1 µm, and 0.25 µm polycrystalline 
diamond paste on Logitech CL50 polisher units for 30 minutes each.  
The elemental maps were acquired on a JEOL 8530F field-emission electron 
microprobe equipped with 5 wavelength dispersive spectrometers at the University of 
Bristol. All samples were silver coated, to ensure carbonate stability and to mitigate 
thermally driven beam damage on the sample (Smith, 1986, Kearns et al., 2014). The 
calibration standards were silver coated together with the samples. Calcium carbonate 
(CaCO3) was used as a standard for Ca, Diopside (MgCaSi2O6) was used for Mg, and 
Fe-rich Olivine ((Mg2+, Fe2+)2SiO4) was used for Fe. Ca was measured for 10 ms on 
one (PETL crystal) spectrometer, whereas Mg and Fe were measured for 300 ms each 
on two (2 TAP crystals and one TAPH crystal) and one (LIFH/PETH crystal) 
spectrometers, respectively. The maps were acquired at an accelerating voltage of 15 
kV, a beam current of 40 nA, and a step size of 0.5 µm. The analytical resolution, the 
area over which 75 % of the X-rays are emitted, however, is 0.9 µm (Jonkers et al., 
2016), indicating that the measured intensity for features <0.9 µm (~2 pixels) is a 
convolution of the actual intensity and the intensity of surrounding material. The 
detection limit for an average of 4 pixels is 97 ppm, 650 ppm, and 355 ppm for Mg, 
Ca, and Fe, respectively. Raw data were reduced to wt% according to the 
Armstrong/Love-Scott matrix correction (Armstrong, 1988). As the maps were 
acquired on pre-defined rectangular areas of the foraminiferal cross section, not only 
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shell material, but also parts of the resin and other minerals were measured. Following 
the method outlined in Jonkers et al. (2016) Ca values under 35 wt% were masked, 
with the same mask applied to the Mg and Fe concentration maps, before creating the 
Mg/Ca and Fe/Ca maps, thus only elemental values associated with the carbonate 
phases are displayed in the EPMA maps. Negative Mg and Fe values were replaced 
with half the minimum positive value (Jonkers et al., 2016). The ratio maps were 
created and plotted using the RStudio software package (RStudio Team 2015).  
3.3 Results 
3.3.1 Visual identification of foraminiferal alteration at Site U1343 under 
the reflected light microscope and SEM 
Foraminiferal tests from IODP Site U1343 were grouped into three classes of minor, 
moderate, and major alteration, based on morphological features, following the 
approach outlined by Schneider et al. (2017). The classification includes the test 
colour, ranging from white to orange/brown, the translucency of the test, with 
increasing opaqueness indicating more alteration, and features such as a ‘sugary’ 
texture, indicating crystal growth on the outside of the foraminiferal tests, obscuring 
the original test structure. Minor diagenetic alteration is characterized by little or no 
discolouration, translucent test walls, and prominent morphological features, such as 
sutural bridges for E. batialis. Specimens with moderate diagenetic alteration usually 
have a yellow test with both translucent and opaque areas, whereas discoloured 
orange/brown specimens with an opaque test wall, a ‘sugary’ texture, and obscured 
morphological features are classified as having major diagenetic alteration. Reflected 
light microscopy also shows a large inter-species and inter-sample heterogeneity, with 
E. batialis usually displaying stronger discolouration compared to other abundant 
infaunal benthic foraminiferal species at Site U1343, such as Uvigerina spp. and 
Islandiella norcrossi. This either indicates the importance of species-specific 
morphological features for post-mortem diagenetic alteration and/or different 
ecological preferences, which cause them to occur at times of different organic carbon 
fluxes and microbial activity. The latter, however, requires rapid post-mortem 
formation of discolouration and subsequent mixing of different communities by 
bioturbation.  
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Figure 3.3 SEM images of E. batialis wall cross sections from IODP Site U1343. (A) Primary 
foraminiferal calcite wall with authigenic carbonate crust. (B) Authigenic carbonate crust on 
the outside of foraminiferal test. (C) Recrystallized test wall with authigenic crust. (D) 
Partially recrystallized test wall. (E) Pyrite framboids in E. batialis suture. (F) Pyrite 
framboids inside recrystallized test wall. (G) Etched inner surface of foraminifera test. (H) 
Lattice-like calcite wall with authigenic carbonate crust. Scale bars (white) indicate 10 µm. 
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In support of light microscopy results, SEM imaging reveals abundant authigenic 
carbonates and other authigenic minerals, such as pyrite, in correlation with the degree 
of alteration. This is in line with observations during IODP cruise 323, indicating the 
co-occurrence of discoloured foraminiferal tests with sedimentary authigenic 
carbonate crystals at Site U1343 (Expedition 323 Scientists 2010). Authigenic 
carbonates can occur encrusting on the outside and/or inside of the foraminiferal tests 
or in form of part or full recrystallization of the test walls (Figure 3.3). Stacks of tabular 
crystals with gaps in between characterize authigenic carbonates, compared to the 
dense calcite layers of primary foraminiferal calcite (Figure 3.3). However, authigenic 
carbonates can also be the subject of dissolution, obscuring the original crystal 
structure, making identification more difficult. Pyrite framboids occur inside the test 
chambers, sutures, and even within recrystallized test walls (Figure 3.3). Typically, 
samples with a higher degree of alteration also have more pyrite framboids. In addition 
to authigenic minerals, SEM images also show distinctive dissolution features, 
including broken chambers, etched surfaces, and lattice-like calcite structures inside 
the test walls (Figure 3.3). 
3.3.2 LA-ICP-MS single specimen geochemical analyses 
LA-ICP-MS single specimen analyses are used to record profiles of elemental change 
throughout the foraminiferal tests and for overall specimen elemental means. Table 
3.4 contains the range of single specimen mean elemental ratios. The relatively high 
Mn gas blank (section 2.4.1) and the resulting high LOD, hampered the quantification 
of Mn/Ca ratios for 69 out of 91 specimens. Mg concentrations for E. batialis varied 
between 0.04 ± 0.025 wt% to 3.08 ± 0.39 wt%, with increasing Mg concentrations for 
a higher degree of diagenetic alteration (Figure 3.4). There is a significant difference 
in the variance of Mg concentrations of samples with minor, moderate and major 
diagenetic alteration (p < 0.05).  
Representative LA-ICP-MS profiles (Figure 3.5) and boxplots of specimen means 
(Figure 3.6) demonstrate the difference in trace metal composition of E. batialis tests 
according to the degree of diagenetic alteration. There is a significant difference in the 
population median (p < 0.05) at the 95% confidence level for minor/moderate 
diagenetic alteration for Sr/Ca and minor/moderate and moderate/major diagenetic 
alteration for Mg/Ca and U/Ca (Table 3.5). Also supported by a positive correlation 
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of Mg/Ca with U/Ca and Sr/Ca single specimen means (R2 = 0.58 [0.32; 0.63], n = 91 
and (R2 = 0.53 [0.33; 0.72], n = 91, respectively) (Figure 3.7), indicating that U and 
Sr, in conjunction with Mg, are increased in the authigenic carbonates.  
 
Table 3.4 Overall range of elemental ratios in LA-ICP-MS samples for both 
depth intervals including the standard deviation (s.d.). 
 0.3-9.0 m CCSF-A 172.0-305.6 m CCSF-A 
Isotope ratio 
Minimum ± 
s.d. 
Maximum ±  
s.d. 
Minimum ± 
s.d. 
Maximum ±  
s.d. 
25Mg/43Ca 
(mmol mol-1) 
1.04 ± 0.11 64.67 ± 13.43 1.08 ± 0.08 
116.38 ± 
12.88 
55Mn/43Ca 
(µmol mol-1) 
2160.19 ± 
857.64 
3625.74 ± 
554.27 
957.97 ± 
205.51 
13891.08 ± 
7260.84 
238U/43Ca 
(nmol mol-1) 
337.29 ± 91.80 
16231.03 ± 
3023.81 
281.91 ± 
33.10 
33678.40 ± 
10636.70 
88Sr/43Ca 
(µmol mol-1) 
1.23 ± 0.04 1.72 ± 0.04 1.12 ± 0.04 2.09 ± 0.13 
56Fe/43Ca 
(µmol mol-1) 
n.a. n.a. 
1808.34 ± 
396.40 
93709.67 ± 
170415.71 
 
 
Figure 3.4 Mg concentrations (wt%) in E. batialis measured by LA-ICP-MS from IODP Site 
U1343 including one standard deviation (s.d.) versus depth in the core. The classification of 
diagenetic alteration is based on the morphological appearance of foraminiferal tests under the 
reflected light microscope. 
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Figure 3.5 SEM images of wall cross sections of specimens with minor, moderate, and major 
diagenetic alteration together with representative LA-ICP-MS profiles of Mg/Ca, U/Ca, and 
Sr/Ca. Each specimen has 2 to 6 laser points (colour coded) with the shaded regions 
representing one standard deviation (s.d.). 
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Figure 3.6 Boxplots of Mg/Ca, Sr/Ca, U/Ca, Mn/Ca, and Fe/Ca of E. batialis specimens 
measured by LA-ICP-MS separated according to their degree of diagenetic alteration as 
determined from morphological evidence under the reflected light microscope. 
 
Additionally there is a significant difference in the population mean (p < 0.05) at the 
95% confidence level for moderate/major diagenetic alteration for Fe/Ca and Mn/Ca 
(Table 3.5) (Figure 3.6). Mn/Ca and Mg/Ca show a positive relationship (R2 = 0.64 
[0.17; 0.83], n = 21) (Figure 3.7), when one data point with anomalously high Mn/Ca 
ratios, of ~9000 µmol mol-1 is excluded, in support of Mn incorporation into 
authigenic carbonates. This indicates that visual classification of alteration stages 
provides a good first estimate of the microfossil preservation at Site U1343.  
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Table 3.5 Statistical results of Mann-Whitney and 2 sample t-tests for elemental 
ratios according to their degree of diagenetic alteration. 
 
p-value for 
minor/moderate 
p-value for 
moderate/major 
Statistical 
analysis 
Mg/Ca 4.56E-08 7.37E-08 Mann-Whitney test 
Sr/Ca 0.02 0.03 2 sample t-test 
U/Ca 3.03E-09 6.100E-05 Mann-Whitney test 
Fe/Ca n.a. 0.0002 Mann-Whitney test 
Mn/Ca n.a. 0.02 Mann-Whitney test 
  
3.3.3 EPMA elemental mapping of Mg/Ca and Fe/Ca 
EPMA elemental mapping of three E. batialis specimen cross-sections was used to 
determine the spatial variability of Mg/Ca and Fe/Ca in differently altered 
foraminiferal tests. The samples represent minor, moderate, and major diagenetic 
alterations as identified by light microscope inspection (Figure 3.8).  
EPMA maps of the sample with minor diagenetic alteration show a thin layer of 
authigenic carbonate on the inside of the chamber walls, characterized by Mg/Ca ratios 
up to ~210 mmol mol-1 and Fe/Ca ratios up to ~80,000 µmol mol-1 (Figure 3.8). This 
is in line with SEM images of the same sample, showing a thin crust of authigenic 
carbonate on the inside, but not the outside of the test (Figure 3.8). The moderately 
altered sample only has Mg/Ca up to ~37 mmol mol-1. However, compared to the 
sample with minor alteration, increased Mg/Ca values are found throughout the entire 
test, indicative of recrystallization (Figure 3.8). SEM images of the wall cross-section 
reveal isolated authigenic carbonate crystals and preservation of the organic lining on 
the inside of the chamber (Figure 3.8). Dissolution features, including etched surfaces 
on the inside and outside of the test and gaps within the test wall are common (Figure 
3.3, Figure 3.9). Fe/Ca ratios are also increased throughout the entire test, again 
suggesting recrystallization, and reach up to ~65,000 µmol mol-1 (Figure 3.8). EPMA 
maps of the sample with major diagenetic alteration, demonstrate the highest Mg/Ca 
and Fe/Ca values encountered during EPMA analyses, of up to ~270 mmol mol-1 and 
~160,000 µmol mol-1, respectively (Figure 3.8). Mg/Ca and Fe/Ca are not uniformly 
distributed throughout the test, but rather show high Mg/Ca, Fe/Ca banding along lines 
of dissolution within the test wall (Figure 3.8).  
  
 
Figure 3.7 Correlations of single specimen LA-ICP-MS mean values, including the standard deviation (s.d.). Mg/Ca shows a positive correlation with U/Ca 
(R2 = 0.58 [0.32; 0.63], n =91), Sr/Ca (R2 = 0.53 [0.33; 0.72], n = 91), and Mn/Ca (R2 = 0.64 [0.17; 0.83], n = 21) after removing one data point with 
anomalously high Mn/Ca (~9,000 µmol mol-1). 
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Figure 3.8 SEM images of foraminiferal wall cross sections and EPMA maps of Mg/Ca and 
Fe/Ca for three specimens of E. batialis representative of minor, moderate, and major 
diagenetic alteration. Mg/Ca and Fe/Ca maps have been capped at 50 mmol mol-1 and 30,000 
µmol mol-1, respectively, to ensure good visual representation of the authigenic carbonate 
phases. Histograms below the maps, however, demonstrate the full range of elemental ratios.
  
 
Figure 3.9 SEM images of E. batialis specimens across the upper 9 m CCSF-A, spanning the present day SMTZ (~8 mbsf) (Wehrmann et al., 2011), showing 
the wall cross sections (top row), the inside or outside surface of the tests (middle row), and pyrite framboids within the tests (bottom row). The images 
demonstrate distinct dissolution features but also some precipitation of authigenic carbonates. Scale bars (white) represent 10 µm. 
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3.4 Discussion 
3.4.1 Multi-element composition of foraminifera-bound authigenic 
carbonates at Site U1343 
Morphological evidence and geochemical analyses of shallow infaunal benthic 
foraminiferal species E. batialis at IODP Site U1343 reveal visually altered tests in 
conjunction with prominent changes to the elemental composition. E. batialis forms a 
hyaline test, characterized by layered, perforate walls made of interlocking LMC 
microcrystals. Hence, increased Mg concentrations, observed in foraminifera from 
Site U1343, likely result from contamination with carbonates containing larger 
amounts of Mg. This is in agreement with the authigenic carbonate crystal assemblage 
found at Site U1343 composed of LMC to HMC, Fe-rich calcite, and dolomite (Pierre 
et al., 2016). Studies from other methane seep sites, also demonstrate the presence of 
HMC, aragonite, and dolomite (Aloisi et al., 2002, Pierre et al., 2016, Panieri et al., 
2017, Schneider et al., 2017), with aragonite being associated with faster rates of 
authigenic carbonate formation and precipitation close to the sediment-water interface, 
whereas HMC typically precipitates deeper in the sediments, when AOM is weaker 
(Aloisi et al., 2002, Bayon et al., 2009).  
Dolomite usually has Mg concentrations of ~12.6 wt% (Lingling and Min, 2005), 
higher than the observed Mg concentrations in diagenetically altered E. batialis tests 
from Site U1343 (0.04 ± 0.025 wt% (s.d.) to 3.08 ± 0.39 wt% (s.d.)). However, if the 
foraminiferal tests fall along a mixing line of primary LMC and dolomite and ~0.5 
wt% Mg is assumed for primary foraminiferal calcite, a contribution of up to 20.5 % 
dolomite could explain the observed Mg-concentrations. SEM images of tests with 
major diagenetic alteration show almost complete replacement of the original 
foraminiferal calcite with authigenic carbonate (Figure 3.3), indicating that 
contributions of  >20.5 % are likely. Additionally, Pierre et al. (2016) demonstrate that 
dolomite crystals are primarily associated with a deeper zone of authigenic carbonate 
formation at ~260 mbsf, whereas LMC and HMC crystals are more characteristic of 
early diagenesis. Only two samples in this study are from below 260 mbsf, with no 
significant increase in Mg/Ca ratios across this zone (Figure 3.10), indicating that 
dolomite is unlikely to be the predominant foraminifera-bound authigenic carbonate 
phase. 
  
 
 
Figure 3.10 Single specimen LA-ICP-MS mean values of E. batialis, including the standard deviation (s.d.) versus depth across both study intervals, 
indicating the geochemical change associated with redox horizons at Site U1343. The SMTZ is shaded in light yellow and the deeper zone of authigenic 
carbonate formation (~260 mbsf) is shaded in blue. 
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In comparison to calcite, aragonite has a higher partition coefficient of Sr, reflected by 
higher Sr/Ca ratios of ~30 mmol mol-1 (Bayon et al., 2007). Sr/Ca values of single 
specimen LA-ICP-MS analyses vary between 1.2-1.8 mmol mol-1 (typical values of 
hyaline tests: 0.75-1.25 mmol mol-1 (Gussone et al., 2016)), with one sample (~250 m 
CCSF-A) showing higher Sr/Ca values between 1.8-2.2 mmol mol-1 (Figure 3.10). 
During carbonate diagenesis, aragonite is replaced with more stable carbonate species 
(Pierre et al., 2016), suggesting that increased Sr/Ca ratios are either a relic of 
aragonite formation during early diagenesis or related to the incorporation of Mg into 
the authigenic carbonates. The latter is supported by a positive correlation of Mg/Ca 
and Sr/Ca of single specimen LA-ICP-MS analyses (R2 = 0.53 [0.33; 0.72], n = 91) 
and likely results from a distortion of the calcite crystal lattice due to higher 
concentrations of Mg2+ cations, leaving more space for the relatively large Sr2+ cations 
(Mucci and Morse, 1983). Thus, elemental data of foraminiferal-bound authigenic 
carbonates suggest that LMC to HMC are the most likely contaminant phases in 
foraminifera from Site U1343.  
In addition to Sr/Ca, U/Ca ratios are positively correlated with Mg/Ca, indicating 
incorporation of U into authigenic calcite. Uranium in oxygenated seawater exists in 
form of uranyl (U6+) and uranyl carbonate complexes (Klinkhammer and Palmer, 
1991) with a low partition coefficient into marine calcite, as a result of its large ionic 
radius (Zhao et al., 2016). The largest sink for uranium in the oceans is the diffusion 
across the sediment-water interface and removal of soluble uranium by reduction to 
U4+ and subsequent precipitation in suboxic to anoxic environments (Klinkhammer 
and Palmer, 1991, Zhao et al., 2016). As the ionic radius of U4+ is similar to that of 
Ca2+ cations, U4+ can be readily incorporated into carbonates forming within the 
sediment (Sturchio et al., 1998, Zhao et al., 2016). Typical U/Ca values of primary 
foraminiferal calcite are on the order of 3-23 nmol mol-1 (Russell et al., 2004, Raitzsch 
et al., 2011, Boiteau et al., 2012, Chen et al., 2017), whereas U/Ca ratios in 
foraminifera from Site U1343 vary between 299 ± 111 nmol mol-1 to 29098 ± 13826 
nmol mol-1 (s.d.), in support of U incorporation into authigenic carbonates during 
foraminiferal diagenesis (Boiteau et al., 2012, Gottschalk et al., 2016, Chen et al., 
2017). 
Statistical analysis of Mn/Ca versus Mg/Ca of samples with Mn counts above the LOD 
also shows a significant correlation (R2 = 0.64 [0.17; 0.83], n = 21), if one data point 
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with high Mn/Ca values is excluded (Figure 3.7). This indicates that Mn2+ is 
incorporated into the authigenic calcite, as well, in line with previous studies, showing 
incorporation of Mn into carbonates formed within the sediments under reducing 
conditions (Pena et al., 2005, Torres et al., 2010, Groeneveld and Filipsson, 2013, 
Hasenfratz et al., 2017a). Apart from authigenic carbonate phases Mn can also be 
incorporated into Mn-Fe-oxides coatings on foraminiferal tests (Pena et al., 2005, Pena 
et al., 2008). Mn-Fe-oxides form within the sediments above the oxygen penetration 
depth and Mn can be re-dissolved into pore waters as Mn2+ under reducing conditions 
(Froelich et al., 1979). If all the Mn was derived from Mn-Fe-oxide contamination, 
Mg/Mn ratios close to that of global Mn-Fe-oxide crusts/nodules (0.2 mol mol-1 (De 
Lange et al., 1992, Pattan, 1993)) would be expected. All specimens have an Mg/Mn 
ratio higher than that of global Mn-Fe-oxide crust/nodules (2.47 to 26.10 mol mol-1), 
indicating that Mn-Fe-oxides are not the main contaminant phase in foraminifera from 
Site U1343. However, the possibility that Mn-Fe-oxides contribute to contamination 
of foraminifera cannot be fully eliminated, even though they are unlikely to be the sole 
contaminant phase. In particular high Mn/Ca ratios (~8,500 µmol mol-1) at low Mg/Ca 
in one specimen, in conjunction with relatively high Fe/Ca of ~35,000 µmol mol-1 
(Figure 3.7), could point towards contribution of Mn-Fe-oxides. One possibility is that 
Mn-Fe-oxides forming on foraminiferal tests above the oxygen penetration depth 
become covered by authigenic carbonates in deeper sediments, hindering the 
dissolution and resumption of Mn into pore waters under reducing conditions (Pena et 
al., 2005). 
Fe/Ca values have only been measured for 4 samples (20 specimens) mainly to test 
whether there is a significant change across the deeper zone of Fe-rich carbonate and 
dolomite precipitation, as identified by Pierre et al. (2016). There is no significant 
correlation of Fe/Ca and Mg/Ca in the analysis of single specimen means. However, 
Mn-Fe-oxide and especially pyrite contamination are likely to bias LA-ICP-MS 
analyses. Fe/Ca ratios of EPMA maps, on the contrary, cannot be associated with 
pyrite framboids or Mn-Fe-oxides, as areas with Ca concentrations <35 wt% have 
been masked in order to only display the carbonate phases. Fe/Ca values in EPMA 
maps of foraminiferal cross sections are elevated in conjunction with increased Mg/Ca 
ratios (Figure 3.8), indicating that Fe, as well, is incorporated into the authigenic 
calcite.  
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In line with previous work, indicating increased Mg concentrations in methane-related 
foraminiferal-bound authigenic carbonates from the western Svalbard margin 
(Schneider et al., 2017, Panieri et al., 2017) single specimen LA-ICP-MS and EPMA 
geochemical analyses of E. batialis at Site U1343 demonstrate abundant authigenic 
LMC to HMC. In addition, LA-ICP-MS and EPMA analyses at Site U1343 reveal 
increased U, Mn, Fe, and Sr values in authigenic carbonates compared to primary 
foraminiferal calcite, important for paleoclimate reconstructions utilizing these 
elements. 
3.4.2 Dissolution of foraminiferal test at Site U1343 
SEM images of foraminiferal fragments reveal abundant dissolution features, 
including etched surfaces, loss of chambers, and lattice-like calcite walls (Figure 3.3, 
Figure 3.9). Imaging of foraminiferal cross-sections also shows large gaps within the 
test walls along biologically-defined laminae. During test formation, foraminifera use 
a primary organic membrane as a template for calcite precipitation (Erez, 2003). 
Calcite is precipitated both on the inside and outside of the membrane, with the outside 
layer covering the entire test (Erez, 2003). Thus, natural laminations form within the 
test walls representing weak points where pore waters are able to penetrate the test and 
cause alteration of the foraminiferal calcite. 
Typically, dissolution or partial dissolution of foraminiferal tests in the sediment is 
primarily controlled by changes to the bottom water carbonate saturation state 
(Δ[CO32-]) and the supply and oxic respiration of labile organic matter producing 
metabolic acids that cause carbonate dissolution (Martin and Sayles, 1996, Rosenthal 
and Lohmann, 2002, Martin and Sayles, 2006). However, at Site U1343 anoxic 
respiration, such as organoclastic sulphate reduction, also needs to be considered as it 
can cause the formation of metabolic acids (Walter and Burton, 1990). Further, the 
samples in this study are derived from both glacial and interglacial intervals (Figure 
3.1), thus, changes in the primary productivity (Kim et al., 2014) and Δ[CO32-] (Lear 
et al., 2016, Sosdian et al., 2018) on orbital timescales need to be considered in order 
to infer the primary control on foraminiferal test dissolution. In the eastern Bering Sea 
primary productivity, as inferred from mass accumulation rates of biogenic opal 
(MARopal) at Site U1343, varies on glacial/interglacial (G/IG) timescales with 
increased productivity during interglacials and vice versa (Kim et al., 2014). Increased 
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productivity during interglacials could lead to an earlier shift from oxic to anoxic 
organic carbon remineralisation pathways and enhanced rates of sulphate reduction, 
suggesting less carbonate dissolution by metabolic acids during interglacials as the 
zone of oxic respiration in the sediments is contracted. 
Additionally, Δ[CO32-] likely changes on G/IG timescales. At present day the Bering 
Sea at 2000 m water depth is undersaturated with respect to CaCO3 (Ω = 0.8, Δ[CO32-
] = -14 µmol kg-1) (Robbins et al., 2010, Olsen et al., 2016). During the last glacial 
maximum, the deep ocean is thought to have sequestered large amounts of respired 
CO2 (Marchitto et al., 2005, Yu et al., 2014), seen in the North Pacific from decreased 
deep water [O2] concentrations (Galbraith et al., 2007, Jaccard et al., 2009), likely 
lowering its Δ[CO32-] even further. If larger deep ocean carbon storage was a common 
feature during glacial intervals of the Mid- to late Pleistocene (Lear et al., 2016, 
Sosdian et al., 2018) and Site U1343 was continuously bathed in North Pacific Deep 
Water (NPDW), dissolution of marine carbonates along the eastern Bering Sea margin 
is likely enhanced during glacial intervals related to increased corrosiveness of glacial 
deep waters and changes in the organic carbon supply. 
In order to fully elucidate the control of organic carbon export versus carbonate 
saturation on calcareous test dissolution on orbital timescales, however, additional 
SEM studies on foraminifera from the eastern Bering Sea margin are necessary to 
enable statistically relevant inferences.  
3.4.3 The origin of foraminifera-bound authigenic calcite within the 
sediment-pore water system 
Previous studies of authigenic carbonate crystals at Site U1343 demonstrate two zones 
of carbonate formation within the sediments. The upper zone is related to bicarbonate 
ion formation during organoclastic sulphate reduction and AOM in the upper meters 
of the sediment column (Wehrmann et al., 2011, Pierre et al., 2016), whereas the 
second zone is related to CO2 release during methanogenesis and subsequent silicate 
weathering (Pierre et al., 2016). At Site U1343 Fe-rich carbonates occur primarily 
below ~260 mbsf (Pierre et al., 2016). To test the influence of sulphate reduction, 
AOM, and silicate weathering on foraminiferal-bound authigenic carbonates at Site 
U1343, samples from two depth intervals were analysed spanning the upper 9 mbsf, 
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including the present day SMTZ, and between 172-305.6 mbsf, spanning the deeper 
zone of carbonate formation.  
 
 
Figure 3.11 Single specimen LA-ICP-MS mean values of E. batialis of Mg/Ca, Sr/Ca, U/Ca, 
and Mn/Ca including their standard deviation (s.d.) across the present day SMTZ (light 
yellow) at IODP Site U1343, including pore water profiles of sulphate (dark red/grey) and 
methane (purple/grey) (dissolved pore water constituent data from LIMS 
(http://web.iodp.tamu.edu/LORE/)). 
 
Across the SMTZ there is a significant increase in Mg/Ca and U/Ca of single specimen 
LA-ICP-MS analyses (p < 0.05) (Figure 3.11). Mn/Ca above the SMTZ is below the 
LOD, but above the LOD just below the SMTZ (Figure 3.11), indicating that Mn/Ca 
in foraminifera also increases within this redox horizon. This supports that 
foraminiferal tests are significantly altered during early diagenesis within the SMTZ, 
where AOM causes the formation of bicarbonate ions, increasing the alkalinity of pore 
waters causing authigenic HMC to precipitate. This is in line with previous studies of 
benthic foraminiferal diagenesis in methane seep areas (Schneider et al., 2017, Panieri 
et al., 2017), suggesting high-Mg authigenic carbonate formation within the SMTZ. 
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Additionally, Mg and Ca pore water profiles at Site U1343 indicate precipitation of 
Mg-calcite during early diagenesis (Figure 3.1) (Wehrmann et al., 2011).  
U/Ca ratios of single specimen LA-ICP-MS analyses at Site U1343, on the other hand, 
demonstrate increased values (>3-23 nmol mol-1 (Russell et al., 2004, Raitzsch et al., 
2011, Chen et al., 2017)) even above the SMTZ (Figure 3.11). SEM images of 
foraminifera above the present day SMTZ primarily show dissolution of the tests, but 
also provide some evidence for authigenic carbonate precipitation (Figure 3.9). Above 
the SMTZ organoclastic sulphate reduction releases bicarbonate ions into the pore 
water, available for authigenic carbonate formation. However, sulphate effectively 
complexes Mg2+ cations (Walter, 1986), indicating that the formation of LMC might 
be favoured above the SMTZ, supported by lower Mg/Ca ratios (Figure 3.11). 
Authigenic carbonate formation above the SMTZ is supported by Ca2+ pore water 
profiles, showing a decrease in Ca2+ in conjunction with organoclastic sulphate 
reduction (Figure 3.1) (Wehrmann et al., 2011). Previous studies of methane-related 
carbonate pavements on the seafloor suggest aragonite precipitation in sulphate-rich 
environments (Aloisi et al., 2002, Bayon et al., 2009). However, Sr/Ca ratios of 
foraminifera above the SMTZ are similar to those of foraminifera below the SMTZ, 
contradicting aragonite formation and supporting LMC precipitation instead. Lower 
U/Ca and Mn/Ca ratios in foraminifera from above the SMTZ, compared to those 
below the SMTZ, could result from either differences in the pore water U and Mn 
concentration or result from less authigenic carbonate formation in the zone of 
sulphate reduction, compared to the SMTZ, as suggested by pore water Ca2+ profiles 
that reach their minimum within the SMTZ (Wehrmann et al., 2011). 
In further support of authigenic calcite formation, SEM images of foraminifera both 
from above and below the SMTZ at Site U1343 demonstrate the presence of abundant 
pyrite framboids, within the foraminiferal tests. Notably, some foraminifera even 
show precipitation of pyrite framboids within the test walls (Figure 3.3, Figure 3.9), 
suggesting co-precipitation of authigenic carbonates and pyrite framboids. Abundant 
pyrite and authigenic carbonate precipitation in the sediments typically occurs within 
the zone of organoclastic sulphate reduction, producing H2S and HCO3- (Berner, 1984, 
Peckmann et al., 2001, Lin et al., 2016), and in the SMTZ, where AOM leads to the 
formation of HCO3- and HS- readily available for authigenic mineral formation (Lin 
et al., 2016). 
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Across the deeper zone of carbonate formation (~260 mbsf), as proposed by Pierre et 
al. (2016), there is no significant change in the foraminiferal geochemistry (Figure 
3.10), suggesting that foraminiferal trace metal ratios are primarily influenced by 
authigenic calcite formation during early diagenesis linked to sulphate reduction and 
AOM. 
3.4.4 Paleoceanographic implications 
Mg/Ca of benthic foraminifera is a widely applied and accepted proxy in 
paleoceanography. Mg2+ can substitute for Ca2+ in CaCO3 as part of an endothermic 
reaction controlled by temperature-dependent physiological processes during 
foraminiferal test calcification (Nürnberg et al., 1996) enabling researchers to 
determine BWTs through time (Nürnberg et al., 1996, Rosenthal et al., 1997, Lea et 
al., 1999, Lear et al., 2002). 
Additionally, in conjunction with δ18Ob, independent measurements of BWT allow to 
deconvolve the δ18Ob record into its temperature and continental ice volume 
components. Such climate reconstructions rely on the geochemical integrity of 
foraminiferal tests, but detailed diagenetic studies increasingly reveal alterations 
affecting their trace element and isotope composition (Pena et al., 2005, Pena et al., 
2008, Panieri et al., 2017, Schneider et al., 2017, Hasenfratz et al., 2017a). 
Common hyaline LMC benthic foraminiferal species in the arctic to subarctic realm, 
such as Cassidulina neoteretris, Nonionella labradorica, Elphidium clavatum, 
Uvigerina spp., and Melonis barleeanum have Mg/Ca ratios on the order of 0.84-1.38 
mmol mol-1, 1.11 -1.69 mmol mol-1, 0.52-1.06 mmol mol-1, 0.68-1.42 mmol mol-1, and 
0.7-1.5 mmol mol-1, respectively (Lear et al., 2002, Elderfield et al., 2006, 
Kristjánsdóttir et al., 2007, Skirbekk et al., 2016, Hasenfratz et al., 2017b, Barrientos 
et al., 2018). Average Mg/Ca ratios of E. batialis from IODP Site U1343, acquired by 
LA-ICP-MS, on the other hand, vary between 1.1 ± 0.3 mmol mol-1 and 116.4 ± 12.9 
mmol mol-1 (Figure 3.10), as a result of methane-related authigenic Mg-calcite 
contamination. To date, no Mg/Ca BWT calibration exists for E. batialis. However, if 
a similar Mg/Ca BWT sensitivity of E. batialis and E. clavatum is assumed (Chapter 
4) (Barrientos et al., 2018), Mg/Ca LA-ICP-MS values of ~116 mmol mol-1 yield 
highly unrealistic BWT values. 
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Typically, studies of foraminiferal trace metal ratios include rigorous chemical 
cleaning of the lightly crushed foraminiferal tests, including a clay removal step, 
oxidative treatment to remove remnant organic matter, reductive treatment to remove 
Mn-Fe-oxides, and a weak acid leach to remove adsorbed contaminants on the 
foraminiferal fragments (Boyle, 1983, Barker et al., 2003). Pena et al. (2005) 
demonstrated that the reductive step is able to remove Mn-Mg-rich carbonates on 
foraminifera from the Panama Basin, as a result of the thinner, more fragile structure 
of authigenic carbonates and/or the removal of Mn-Fe-oxides in-between the primary 
foraminiferal calcite and the authigenic carbonates. Yu et al. (2007), on the other hand, 
show that the reductive step can cause partial dissolution of the primary foraminiferal 
calcite and reduction of Mg/Ca, due to the formation of chelate complexes of metals, 
such as Mg, with citrate in the reducing reagent. This demonstrates that it is crucial to 
determine the chemical composition and nature of contamination phases prior to 
climate reconstructions using foraminiferal tests, in order to adjust the methodology 
accordingly.  
EPMA analyses of E. batialis specimens from Site U1343 show the spatial variability 
of authigenic carbonates within the foraminiferal test. Whilst tests with moderate to 
major alterations show high Mg/Ca values throughout the test, resulting from either 
recrystallization or dissolution and precipitation of HMC along natural laminations 
within the test walls, tests with minor diagenetic alteration are characterized by an 
HMC crust (Figure 3.8), which could potentially be removed during chemical 
cleaning. This indicates, that studies of trace metal ratios in primary foraminiferal 
calcite at methane bearing continental margin sites are possible for foraminifera 
displaying minor diagenetic alteration (little or no discolouration, translucent test 
walls, and prominent morphological features) following a rigorous chemical cleaning 
study. 
Additional approaches to remove the contamination signal in foraminiferal Mg/Ca 
records, include mathematical corrections for diagenetic Mg (Lea et al., 2005, 
Hasenfratz et al., 2017a) and the application of thresholds values of trace metal ratios 
primarily associated with the contamination phases (Barker et al., 2003). 
Mathematical corrections of foraminiferal Mg/Ca ratios can be applied using a 
regression of Mg/Ca and trace metal calcium ratios associated primarily with the 
contamination phase (Lea et al., 2005) or determination of the Mg/metal ratios in the 
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contaminant (Hasenfratz et al., 2017a). Both approaches assume constant Mg/metal 
ratios in the contamination phase (Lea et al., 2005, Hasenfratz et al., 2017a), if the 
former is based on a linear regression of Mg/Ca and trace metal calcium ratios 
associated with the contamination phase. At Site U1343, Mg/metal ratios, such as 
Mg/Mn and Mg/U of single specimen analyses are highly variable, most likely as a 
result of changes to the redox-chemistry in the sediment-pore water system, affecting 
the distribution coefficients of trace metals between the solid and the liquid phase. 
Measured U/Ca ratios in this study are up to ~1500 times higher compared to typical 
U/Ca ratios of primary foraminiferal calcite (3-23 nmol mol-1 (Russell et al., 2004, 
Raitzsch et al., 2011, Boiteau et al., 2012, Chen et al., 2017)), indicating that uranium 
is primarily associated with the authigenic overgrowth and primary foraminiferal U/Ca 
only marginally influence the measured values. U/Ca, thus potentially offers an 
opportunity to correct Mg/Ca ratios for authigenic carbonate contributions at 
continental margin sites. Uranium accumulation in marine deep sea sediments 
demonstrates a nonlinear relationship with the oxygen penetration depth, but a linear 
correlation with the organic carbon accumulation rates (McManus et al., 2005). 
Considering, that the depth of the SMTZ is mainly governed by the bottom water [O2] 
(Wehrmann et al., 2011), the oxygen penetration depth may exert the primary control 
on the sedimentary redox-chemistry along the eastern Bering Sea continental margin. 
Thus, a non-linear accumulation of Uranium in the sediments and incorporation into 
authigenic carbonates may be expected.  
The relationship of Mg/Ca and U/Ca in foraminifera from IODP Site U1343 is best 
described by an exponential fit (R2 = 0.60, n = 91), which has a y-axis intercept of ~3 
mmol mol-1 Mg/Ca (Figure 3.12). The approach outlined in Lea et al. (2005) proposes 
to correct Mg/Ca values using the slope of the regression at each point, here measured 
Mg/Ca values would have to be divided by the slope of the regression, resulting from 
the exponential relationship (Equation 3.4). 
𝑀𝑔/𝐶𝑎𝑐𝑜𝑟𝑟𝑒𝑐𝑡𝑒𝑑   =
𝑀𝑔/𝐶𝑎𝑚𝑒𝑎𝑠𝑢𝑟𝑒𝑑
𝑒(0.0001 ∗ 𝑈/𝐶𝑎𝑚𝑒𝑎𝑠𝑢𝑟𝑒𝑑)
                (Equation 3.4) 
However, corrected Mg/Ca values at Site U1343 using the method outlined above still 
yield unrealistically warm BWTs of Mg/Ca values up to 15 mmol mol-1 using the 
Mg/Ca BWT calibration for E. clavatum (Barrientos et al., 2018). This is likely related 
to the large uncertainty associated with the LA-ICP-MS measurements as a result of 
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the spatial variability of authigenic carbonates within the foraminifera test walls and 
the resulting uncertainty in the regression of Mg/Ca and U/Ca. Further, high U/Ca and 
Mg/Ca values seem to be less well represented by the exponential regression compared 
to lower U/Ca and Mg/Ca values (Figure 3.12), indicating that more studies are needed 
to fully understand the incorporation mechanism of Mg and U into authigenic 
carbonates in methane-bearing sediments. 
 
 
Figure 3.12 Mg/Ca versus U/Ca of single specimen LA-ICP-MS mean values (s.d.) with the 
best fit exponential regression (orange) (Mg/Ca = 3.3*e(0.0001*U/Ca), R2 = 0.60, n =91). 
 
Another approach of correcting foraminiferal Mg/Ca records for contamination phases 
is based on threshold values of trace metal ratios primarily associated with the 
authigenic carbonates. LA-ICP-MS measurements of E. batialis specimens at Site 
U1343 demonstrate that U/Ca ratios are a valuable tool to determine methane-related 
authigenic carbonate contamination in continental margin settings, as U/Ca is 
primarily associated with the authigenic carbonates and only small amounts of U are 
incorporated into primary foraminiferal calcite. However, the U/Ca threshold is likely 
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to vary between studies, depending on the analytical tools, applied chemical cleaning 
methods, and the study site, whilst the absolute threshold ultimately depends on the 
associated Mg contribution of authigenic calcite to the measured foraminiferal Mg/Ca 
ratios. Thus, instead of using a correction, I propose that foraminiferal samples 
exerting moderate to major diagenetic alterations can be used in paleoclimate 
reconstructions if trace metal thresholds for authigenic carbonate contamination are 
established. 
 
 
Figure 3.13 U/Ca versus Mn/Ca of LA-ICP-MS single specimen analyses, colour-coded 
according to the respective preservation ID, with 2 indicating moderate and 3 indicating major 
diagenetic alterations. This suggests a proportionally larger incorporation of U into authigenic 
carbonates compared to Mn at IODP Site U1343.  
 
Nevertheless, authigenic carbonates also bear unique opportunities for new 
approaches to study environmental change through time. Recent studies suggest 
authigenic foraminiferal U/Mn as a proxy to reconstruct sedimentary redox conditions, 
linked to bottom water oxygenation and sedimentary carbon burial (Gottschalk et al., 
2016, Chen et al., 2017). At IODP Site U1343 an increase in U/Ca and Mn/Ca ratios 
can be observed in foraminifera with a higher degree of diagenetic alteration (Figure 
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3.6), likely associated with stronger microbial activity and more reducing conditions 
in the sediment. Even though both U/Ca and Mn/Ca are positively correlated with 
diagenetic alterations, the increase in U/Ca is proportionally larger (Figure 3.13), in 
line with higher U/Mn ratios reflecting more reducing conditions. Thus, although the 
presence of authigenic carbonates complicates the use of traditional proxies in 
paleoceanography, their trace metal composition may provide valuable information 
with respect to changes in the sedimentary redox chemistry through time.  
3.5 Conclusions 
Visual and geochemical evidence of foraminiferal species E. batialis at IODP Site 
U1343, underlying the high productivity region of the ‘Green Belt’ in the eastern 
Bering Sea, demonstrate the occurrence of abundant authigenic calcite and authigenic 
pyrite framboids. Foraminifera-bound authigenic calcite is of early diagenetic origin 
and forms as a result of bicarbonate production during organoclastic sulphate 
reduction and AOM. Whereas authigenic calcite within the SMTZ is most likely 
HMC, LMC forms in the zone of sulphate reduction, as a result of the inhibiting effect 
of pore water sulphate concentrations on Mg incorporation into inorganically 
precipitated carbonates.  
In addition to increased Mg concentrations, authigenic calcite is characterised by 
increased U/Ca, Mn/Ca, Fe/Ca, and Sr/Ca ratios. Whereas U, Mn, and Fe 
incorporation is likely controlled by the redox-chemistry in the sediment-pore water 
system, indicating precipitation under suboxic conditions, in line with an early 
diagenetic origin, Sr incorporation likely results from changes to the calcite crystal 
structure caused by the higher concentrations of Mg. 
EPMA maps of foraminifera with minor to major diagenetic alterations demonstrate 
the spatial distribution of authigenic calcite within the foraminiferal tests, including 
crust formation, recrystallization, and HMC banding along biologically defined 
laminations within the test wall. This indicates that samples with minor diagenetic 
alterations (little or no discolouration, translucent test walls, and prominent 
morphological features), associated with authigenic carbonates crusts can be utilised 
in paleoclimate reconstructions following a chemical cleaning study, to target the 
removal of authigenic coatings. In the case of moderate and major diagenetic 
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alteration, chemical cleaning of foraminifera test is unlikely to completely remove the 
authigenic calcite. However, Mg/Ca of benthic foraminifera can be applied for BWT 
reconstructions when thresholds of elements primarily associated with the authigenic 
carbonates are established. Resulting from the enhanced incorporation of U into 
authigenic carbonates, compared to primary foraminiferal calcite, U/Ca provides a 
suitable means to determine appropriate contamination thresholds. The threshold 
should be based on a minimum contribution of authigenic Mg/Ca to the measured 
Mg/Ca ratios. However, the thresholds are likely to vary between studies, based on the 
chemical cleaning procedures, analytical instruments used, and the study site.  
Additionally, the geochemistry of authigenic carbonates at Site U1343 suggests an 
increase in the U/Mn ratio associated with a higher degree of diagenetic alteration, 
most likely resulting from enhanced microbial activity, indicating more reducing 
conditions in the sediments. This is in line with previous studies utilising authigenic 
foraminiferal U/Mn as a proxy for bottom water oxygen concentrations (Gottschalk et 
al., 2016, Chen et al., 2017). 
All in all, this study indicates distinct changes in the foraminiferal geochemistry in 
relation to early diagenesis in methane-bearing continental margin sediments. 
However, it also demonstrates the potential to use traditional and new paleoclimate 
proxies, such as Mg/Ca for BWT reconstructions and the deconvolution of the δ18Ob 
signal into its temperature and ice volume components and U/Mn for sedimentary 
redox conditions, in continental margin settings, often associated with high 
sedimentation rates, representing valuable archives to study past environmental 
changes at millennial to orbital resolution. 
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4. Pleistocene bottom water 
temperature evolution in the eastern 
Bering Sea  
4.1 Introduction  
Earth’s climate underwent fundamental changes across the mid to late Pleistocene, as 
seen most prominently in records of benthic foraminiferal oxygen isotopes (δ18Ob). 
The Mid-Pleistocene transition (MPT, 1.2-0.7 Ma) is characterized by a lengthening 
of the glacial/interglacial (G/IG) frequency from 41 ka to 100 ka, together with an 
increase in the amplitude of δ18Ob, and a more prominent sawtooth pattern during late 
Pleistocene climate oscillations (Shackleton and Opdyke, 1976, Pisias and Moore Jr, 
1981, Ruddiman et al., 1989, Mudelsee and Schulz, 1997, Clark et al., 2006). Our 
understanding of climate dynamics across this important time period revolves around 
high-resolution records of global to regional climate change from climatically 
sensitive areas to decipher the role of internal climate feedbacks for the MPT. 
Mechanisms proposed to drive MPT climate change invoke shifts in ice sheet 
dynamics (Clark and Pollard, 1998, Clark et al., 2006, Raymo et al., 2006, Elderfield 
et al., 2012), thermohaline circulation reorganization (Raymo et al., 1990, Schmieder 
et al., 2000, Sexton and Barker, 2012, Pena and Goldstein, 2014, Lear et al., 2016), or 
a change in climate boundary conditions, such as a threshold response to global 
cooling potentially associated with atmospheric CO2 drawdown (Oerlemans, 1984, 
Raymo et al., 1997, Berger et al., 1999, Tziperman and Gildor, 2003, Rial, 2004, 
Hönisch et al., 2009, Lear et al., 2016).  
Understanding ice sheet dynamics across the Pleistocene hinges on our ability to 
deconvolve the δ18Ob record into its ice volume (oxygen isotope composition of 
seawater (δ18Ow)) and bottom water temperature (BWT) component. Three records of 
paired δ18Ob and benthic foraminiferal Mg/Ca BWT exist across the MPT, reporting 
distinctly different ice volume histories across the Pleistocene (Sosdian and Rosenthal, 
2009, Elderfield et al., 2012, Ford et al., 2016). Whereas North Atlantic records from 
Deep Sea Drilling Project (DSDP) Site 607 (41.0 °N, 33.0 °W, 3427 m water depth) 
show no pronounced long-term trend in continental ice volume across the MPT 
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(Sosdian and Rosenthal, 2009, Ford et al., 2016), southwestern Pacific Ocean Drilling 
Program (ODP) Site 1123 (41.8 °S, 171.5 °W, 3290 m water depth) indicates a step-
like increase of continental ice volume during marine isotope stage (MIS) 22 (866-900 
ka) (Elderfield et al., 2012). Whilst the earlier record at Site 607 (Sosdian and 
Rosenthal, 2009) has been challenged, based on the potential carbonate saturation state 
(Δ[CO32-]) effect on Mg/Ca of epifaunal benthic foraminiferal species (Yu and 
Broecker, 2010, Elderfield et al., 2012), re-analysis of infaunal benthic foraminiferal 
species at the same Site, yield very similar results with no long-term trend in 
continental ice volume across the MPT (Ford et al., 2016). These differences in the 
reconstructed δ18Ow highlight the importance of circulation and water mass changes 
for the local δ18Ow (Ford et al., 2016) and call upon additional high resolution records 
of paired δ18Ob and BWT to reconcile the MPT ice volume evolution.  
Resulting from its sheer size, holding more than 50% of Earth’s surface water, the 
Pacific Ocean is often considered to reflect whole ocean changes on timescales longer 
than the ocean’s overturning circulation (>1000 years), making it ideal to study the 
history of  bottom water temperature and global δ18Ow changes. Further, high 
sedimentation rates at International Ocean Discovery Program (IODP) Site U1343 in 
the eastern Bering Sea of 34 ± 11 cm ka-1 (Asahi et al., 2016), suggest the potential to 
study MPT BWT evolution at sub-orbital to orbital resolution.  
BWT at any given location in the deep ocean is influenced by the temperature of 
different contributing water masses, which in turn is driven by surface ocean processes 
in the areas of deep water formation. Today, the deep Bering Sea is bathed in North 
Pacific Deep Water (NPDW), one of the oldest water masses in the modern ocean, fed 
by southern sourced waters entering the deep Pacific via the Deep Western Boundary 
Current (DWBC) (Hall et al., 2001), consisting mainly of Circum Polar Deep Water 
(CDW) with some entrainment of North Atlantic Deep Water (NADW) (Venuti et al., 
2007). Southern sourced deep waters form around the Antarctic continent, primarily 
in the Weddell and Ross Sea (Killworth, 1983, Broecker et al., 1998), as a result of 
brine rejection during sea ice freezing, producing dense and cold water masses (~0-1 
°C, ~34.7 psu) (Locarnini et al., 2006, Antonov et al., 2006). NADW, on the other 
hand, is formed in the North Atlantic, where vigorous heat exchange between the 
ocean and the atmosphere causes buoyancy loss of relatively warm and saline water 
masses, promoting thermohaline overturning (Killworth, 1983, Kuhlbrodt et al., 2007) 
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forming comparatively warm and saline deep water (~2.5 °C, ~34.9 psu) (Antonov et 
al., 2006, Locarnini et al., 2006). In addition to surface ocean processes, aging deep 
water masses are influenced by the geothermal heat flux at the seafloor (Adcroft et al., 
2001). Consequently, Bering Sea BWT today is influenced by surface ocean processes 
in the North Atlantic and primarily around Antarctica, together with the influence of 
water mass aging.  
On G/IG timescales, however, the oceans have experienced distinctive changes in the 
thermohaline overturning circulation and BWT. BWT records from the last glacial 
maximum (LGM) in the Pacific Ocean between 1000 m and 3500 m, demonstrate 
temperatures between -1.5 °C and 0 °C, with an LGM-Holocene BWT amplitude 
(ΔBWT) of ~2 °C (Waelbroeck et al., 2002, Adkins et al., 2002, Martin et al., 2002, 
Gorbarenko et al., 2002, Elderfield et al., 2010, Woodard et al., 2014, McClymont et 
al., 2016). Across the Pleistocene, BWT at ODP Site 1123 in the southwestern Pacific, 
reconstructed from Mg/Ca of Uvigerina spp., shows glacial values between -0.5 °C 
and -1.75 °C, with no long-term trend over the past 1.5 Ma (Elderfield et al., 2012). 
Interglacial BWT, on the other hand, increases from ~1 °C to ~2 °C starting during 
MIS 21 (Elderfield et al., 2012). In comparison, North Atlantic BWT, as reconstructed 
from Cibicidoides wuellerstorfi/Oridorsalis umbonatus and Uvigerina spp. at DSDP 
Site 607 demonstrates long-term cooling between 1.5-0.5 Ma of 1-3 °C, during both 
glacial and interglacial intervals (Sosdian and Rosenthal, 2009, Ford et al., 2016). 
Considering, that these Sites are from different ocean basins, differences in the BWT 
history likely arise from changes in the water mass contribution, associated with 
changes in the thermohaline overturning circulation and/or changes in the source water 
properties across the Pleistocene.   
The MPT is associated with a pronounced perturbation in the thermohaline circulation, 
particularly between MIS 24 and MIS 22 (866-936 ka) characterised by a decrease in 
the NADW production and enhanced influence of southern sourced bottom waters 
(Pena and Goldstein, 2014). Further, post-MPT glacials are marked by similarly weak 
Atlantic deep water formation, whereas the interglacial thermohaline circulation 
seems to recover following the pronounced perturbation around 900 ka (Raymo et al., 
1990, Raymo et al., 1997, Pena and Goldstein, 2014). Both northern and southern high 
latitudes are characterised by sea surface temperature (SST) cooling prior to and across 
the MPT (McClymont et al., 2008, Lawrence et al., 2009, Martínez-Garcia et al., 2010, 
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McClymont et al., 2013), suggesting cooling in deep water source regions during both 
glacials and interglacials (McClymont et al., 2013). Additionally, foraminiferal carbon 
isotope (δ13C) and neodymium isotope (εNd) evidence across the last glacial cycle and 
the late Pleistocene, argue for a strengthened intermediate-depth overturning (Curry 
and Oppo, 2005, Horikawa et al., 2010, Max et al., 2012, Knudson and Ravelo, 2015b, 
Howe et al., 2016). In the modern North Pacific intermediate waters (300-700 m) form 
via mixing of nutrient-rich subsurface waters with brines formed through sea ice 
freezing in the Sea of Okhotsk (Talley, 1993, Shcherbina et al., 2003). Evidence from 
the Bering Sea suggests increased formation of North Pacific Intermediate Water 
(NPIW) during glacial of the last 1.2 Ma (Knudson and Ravelo, 2015b), potentially 
coinciding with a deepening of this water mass, as suggested for the LGM. Whilst 
δ18Ob from across the Bering Sea suggests a divide of intermediate and deep waters 
around ~1000 m water depth during MIS 2 (Cook et al., 2016), other studies from the 
Gulf of Alaska demonstrate decreased ventilation ages during Heinrich stadial 1 (HS1, 
14.7 ka to 18 ka) at ~3500 m water depth. As the maximum depth of NPIW during 
glacial intervals remains elusive, changes in the contribution of NPIW versus NPDW 
to the deep Bering Sea could have influenced the BWT on G/IG timescales across the 
mid to late Pleistocene. 
Here I present records of BWT from IODP Site U1343 in the deep eastern Bering Sea 
(57°33.4’N, 176°49.0’W, 1953 m water depth), based on a composite Mg/Ca record 
of infaunal benthic foraminiferal species to add a North Pacific perspective to BWT 
and ice volume changes across the MPT. The BWT record demonstrates distinctive 
G/IG variability and long-term changes in the deep Bering Sea, indicating potential 
changes in the water mass contribution across the Pleistocene. Further, BWT in 
conjunction with previously published δ18Ob at Site U1343 (Asahi et al., 2016, Kender 
et al., in review), is in line with two possible scenarios of Pleistocene ice volume 
history. The observed trends can be explained by either no long-term increase in 
continental ice volume across the MPT with a pronounced event centred on MIS 22 
(866-900 ka) characterised by a relatively warm and high δ18Ow water mass in the deep 
Bering Sea, or increased continental ice volume during/prior to MIS 22 with post-
MPT glacials being characterised by increased contribution of NPIW to the deep 
Bering Sea. 
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4.2 Materials and methods 
4.2.1 Composite benthic foraminiferal Mg/Ca record  
The calcareous benthic foraminiferal assemblage at Site U1343 is dominated by 
species tolerant to oxygen-depleted conditions, often found in high productivity areas 
(Setoyama and Kaminski, 2015, Asahi et al., 2016). This includes primarily elongated, 
tapered, and/or flattened planispiral typically infaunal species, including the genera 
Elphidium, Islandiella, Uvigerina, Eubuliminella, and Globobulimina. For the 
purpose of this study, the three most abundant and consistently occurring shallow 
infaunal foraminiferal species Elphidium batialis, Islandiella norcrossi, and several 
species of the genus Uvigerina, including Uvigerina bifurcata, Uvigerina senticosa, 
and Uvigerina peregrina, grouped as Uvigerina spp. were chosen. Foraminifera were 
picked from the 150-250 µm and >250 µm size fractions. As a result of the higher 
abundance, mono-specific foraminiferal samples from the 150-250 µm fraction with 
a weight >80 µg were used for down-core geochemical analyses. In total 80 E. batialis, 
89 I. norcrossi, and 29 Uvigerina spp. samples were gently crushed between two glass 
plates, homogenised, and transferred to acid-cleaned micro-centrifuge tubes. At this 
point visible contaminates, primarily pyrite framboids were removed. Often, however, 
the pyrite framboids disintegrated making a complete removal impossible, resulting in 
elevated Fe/Ca ratios in some samples. Following an extensive cleaning study 
(Chapter 2 section 2.3.7) the samples were cleaned according to the Cd-cleaning 
protocol (Boyle, 1983, Boyle and Keigwin, 1985). Subsequently, the cleaned samples 
were dissolved in 120 µl of 0.065M HNO3 and centrifuged to remove any potential 
remaining particulate contaminants, before splitting and transferring the samples for 
analysis.  
All samples were analysed on a Thermo Element XR High Resolution Inductively 
Coupled Plasma Mass Spectrometer (ICP-MS) at Cardiff University. Each sample was 
analysed twice, with the first analysis aimed at determining the Ca concentration in 
the sample, to enable matrix matching of the standards for elemental ratio calculation. 
At the beginning and the end of every run a set of two consistency standards was 
analysed containing 1.24 mmol mol-1 and 7.15 mmol mol-1 Mg/Ca, respectively. 
Across the time period of this study the external reproducibility was ± 0.70 % and ± 
0.64 % (relative standard deviation (r.s.d.)), respectively. The analytical precision for 
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Mg/Ca was ± 1.01 % on average (± 3.20 % maximum, r.s.d.), ± 0.85 % on average (± 
2.70 % maximum, r.s.d.), and ± 1.09 % on average (± 2.13 % maximum, r.s.d.) for E. 
batialis, I. norcrossi and Uvigerina spp., respectively.  
4.2.2 LA-ICP-MS measurements of E. batialis Mg/Ca across the LGM-
Holocene transition 
To understand the BWT sensitivity of E. batialis, two samples from the size fraction 
>250 µm were measured across the LGM-Holocene transition using laser ablation 
inductively coupled plasma mass spectrometry (LA-ICP-MS). Measurements were 
performed at Cardiff University using an ArF excimer 193 nm laser ablation system 
with dual volume laser ablation cell (RESOlution S-155 ASI) coupled to a Thermo 
ScientificTM ELEMNT XRTM magnetic sector field ICP-MS (Table 3.2). LA-ICP-MS 
ablation was performed on five to six specimens per sample with six laser spots per 
specimen. Sample preparation, calibration, and contamination screening was 
performed as outlined in Chapter 3 section 2.4.1. 
Compared to LA-ICP-MS samples, ICP-MS samples were measured on foraminiferal 
tests from the size fraction 150-250 µm, thus a size-fraction test was performed, to test 
for a size-specific offset in foraminiferal Mg/Ca. In total four samples (172.02 m core 
composite depth below seafloor (CCSF-A), 229.42 m CCSF-A, 299.57 m CCSF-A, 
305.63 m CCSF-A) were ablated from both the 150-250 µm and >250 µm size 
fraction. No significant difference in the variance of Mg/Ca ratios of the two size 
fractions was found (p > 0.25, n = 21), indicating that LA-ICP-MS studies on 
foraminifera from >250 µm are applicable to the 150-250 µm size fraction. 
4.2.3 Secondary effects on foraminiferal Mg/Ca 
4.2.3.1 Early carbonate diagenesis 
As discussed in Chapter 3 detailed single specimen imaging and geochemical analyses 
revealed abundant authigenic carbonates on foraminifera specimens from IODP Site 
U1343, associated with increased Mg/Ca, Sr/Ca, U/Ca, Mn/Ca, and Fe/Ca ratios in 
diagenetically altered tests. This is supported by an extensive cleaning test (Chapter 2 
section 2.3.7) indicating that even after rigorous cleaning according to the Cd-protocol 
(Boyle, 1983, Boyle and Keigwin, 1985), some samples show elevated Mg/Ca, U/Ca, 
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and Mn/Ca compared to expected values for primary foraminiferal calcite. It is thus 
necessary to establish threshold values of trace metals primarily associated with 
contamination phases, in order to distinguish ‘pristine’ and contaminated foraminifera 
samples.  
Fe/Ca values in samples measured using ICP-MS are likely to be influenced by pyrite 
contamination, which is why Fe/Ca ratios are not included in the authigenic carbonate 
screening process, however pyrite does not contain Mg (Pearson et al., 2009). In 
addition to trace metals associated with the authigenic carbonates, Al/Ca was also 
monitored, typically associated with clay contamination. Most samples were found to 
be below the proposed threshold of 100 µmol mol-1 (Barker et al., 2003) and there is 
no correlation of Al/Ca and Mg/Ca down-core (Figure 4.1). However, the lack of 
correlation could result from authigenic carbonate formation, influencing the Mg/Ca 
but not the Al/Ca ratios. Thus, to avoid potential bias by silicate minerals all samples 
with Al/Ca >100 µmol mol-1 were rejected from the down-core record. 
 
 
Figure 4.1 Al/Ca versus Mg/Ca of all samples (bottom left) measured for trace elements on 
the ICP-MS (80 E. batialis, 89 I. norcrossi, and 29 Uvigerina spp.), together with Al/Ca versus 
Mg/Ca for Mg/Ca <2 mmol mol-1 (top right corner).  
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Mn/Ca values of foraminiferal samples cleaned according to the Cd-protocol (Boyle, 
1983, Boyle and Keigwin, 1985) are mainly below 100 µmol mol-1, indicating little or 
no contribution of Mn-Fe-oxides to the measured foraminiferal trace metal values 
(Barker et al., 2003). Instead, increased Mn/Ca is typically associated with increased 
U/Ca ratios, indicative of authigenic carbonate contamination. U/Ca was used as the 
primary trace metal ratio to monitor the effect of authigenic carbonates on Mg/Ca 
values. U/Ca of reductively cleaned foraminiferal samples at Site U1343 varies 
between 6-5751 nmol mol-1, 4-1405 nmol mol-1, and 5.5-1494 nmol mol-1 for E. 
batialis, I. norcrossi, and Uvigerina spp., respectively, with a strong positive 
correlation of Mg/Ca and U/Ca for the entire dataset (R2 = 0.93, p < 0.01, n = 173) and 
the individual species (E. batialis: R2 = 0.95, p < 0.01, n = 70; I. norcrossi: R2 = 0.90, 
p < 0.01, n = 78; Uvigerina spp.: R2 = 0.93, p < 0.01, n = 25). At U/Ca values below 
200 nmol mol-1 the positive correlation of Mg/Ca and U/Ca subsides, with only E. 
batialis displaying a weak positive correlation (R2 = 0.34, p < 0.05, n = 41). I thus 
adopted 200 nmol mol-1 U/Ca as the threshold for authigenic carbonate contamination.  
 
 
Figure 4.2 U/Ca versus Mg/Ca of all samples measured for trace metals on the ICP-MS (E. 
batialis n = 70, I. norcrossi n = 78, and Uvigerina spp. n = 25) (black, top right corner) 
including the exponential regression (y = 0.97e0.001x) (black line). On the bottom left (orange) 
are all Mg/Ca values with U/Ca < 200 nmol mol-1 together with the same exponential 
regression (black line). 
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The overall relationship of Mg/Ca and U/Ca is best described by an exponential 
regression (R2 = 0.85, y = 0.97e0.001x), that yields a particularly good fit within the 
lower range of Mg/Ca and U/Ca ratios and, compared to a linear regression, has a 
positive y-intercept similar to expected Mg/Ca ratios of primary foraminiferal calcite 
(Figure 4.2). Following this regression a U/Ca ratio of 200 nmol mol-1 suggest a 
maximum contribution of authigenic carbonate to the measured Mg/Ca ratio of 0.22 ± 
0.03 mmol mol-1 (s.e.), with the uncertainty based on the reported range of U/Ca values 
in primary foraminiferal calcite of up to 23 nmol mol-1 (Russell et al., 2004, Raitzsch 
et al., 2011, Boiteau et al., 2012, Chen et al., 2017). An uncertainty of 0.22 ± 0.03 
mmol mol-1 (s.e.) is close to the procedural uncertainty associated with the Mg/Ca 
record down-core, supporting 200 nmol mol-1 U/Ca as a valuable threshold for 
authigenic carbonate contamination. For error propagation of BWT values 0.22 mmol 
mol-1 was adopted as the procedural uncertainty of all Mg/Ca values.  
4.2.3.2 The effect of salinity on foraminiferal Mg/Ca 
To date, a potential effect of salinity on benthic foraminiferal Mg/Ca has only been 
determined for one species (Dissard et al., 2010, Geerken et al., 2018). Ammonia 
tepida is characteristic of brackish waters and a salinity effect on Mg/Ca has been 
proposed altering paleotemperature reconstructions by 1 °C per 2 psu (Dissard et al., 
2010), with a positive correlation of Mg/Ca and salinity (Dissard et al., 2010, Geerken 
et al., 2018). 
At Site U1343 salinity changes may arise from changes in the water mass contribution 
of NPDW versus NPIW on orbital timescales. Modern NPIW is defined as a salinity 
minimum in the North Pacific near the 26.8 σθ isopycnal surface (Yasuda, 1997), with 
a salinity of 33.9 at GLODAP v2 station 41047-3 (B) (Olsen et al., 2016). At ~2000 
m water depth the eastern Bering Sea has a salinity of 34.6 (Olsen et al., 2016), 
suggesting a salinity difference of 0.7 between NPIW and NPDW bathing Site U1343 
today. Hence, entrainment of NPIW at Site U1343 could potentially increase benthic 
foraminiferal Mg/Ca ratios, if a similar salinity sensitivity of E. batialis, I. norcrossi, 
and Uvigerina spp. to A. tepida is assumed. An inferred salinity change of 0.7, 
however, would entail a temperature bias <0.5 °C, within the uncertainty of BWT 
reconstructions at Site U1343 (see below). Hence, no salinity correction is performed 
for Mg/Ca ratios of E. batialis, I. norcrossi, and Uvigerina spp., as further research is 
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needed to determine the sensitivity of deep sea infaunal benthic foraminiferal Mg/Ca 
to salinity changes.  
4.2.3.3 The effect of the carbonate saturation state on primary 
foraminiferal Mg/Ca 
Modern benthic foraminifera seem to discriminate against Mg at low Δ[CO32-], 
suggesting a Δ[CO32-] effect on Mg/Ca ratios (Rosenthal et al., 1997, Elderfield et al., 
2006, Rosenthal et al., 2006, Yu and Elderfield, 2008, Elderfield et al., 2010). Δ[CO32-
] at ~2000 m water depth close to Site U1343 (GLODAP v2 station 41047-3 (B) (Olsen 
et al., 2016)) is -14 µmol kg-1, highly undersaturated with respect to CaCO3. 
Depending on the contribution of different water masses on G/IG timescales, glacial 
bottom waters in the Bering Sea may have had even lower Δ[CO32-], as suggested from 
increased concentrations of remineralised carbon in NPDW during glacials of the last 
150 ka (Jaccard et al., 2009). Typically, infaunal benthic foraminifera are favoured 
over epifaunal species for Mg/Ca analyses, as the Δ[CO32-] effect is reduced in pore 
waters compared to bottom waters (Mawbey and Lear, 2013). However, due to 
differences in the habitat depth and migration within the sediment site/species specific 
variations might occur.  
E. batialis in the neighbouring Sea of Okhotsk has an average habitat depth of 0.5-1.7 
cm (Bubenshchikova et al., 2008), characterising it as a shallow infaunal foraminiferal 
species, similar to the proposed depth habitat of Uvigerina spp. of 1-2 cm (Tachikawa 
and Elderfield, 2002). I. norcrossi also has an infaunal habitat, however may be 
migrating between shallower and deeper layers in search of a preferred microhabitat 
(Hunt and Corliss, 1993, Ivanova et al., 2008, Ishimura et al., 2012). 
One possible way to examine the effect of Δ[CO32-] on Mg/Ca ratios is by co-
examining Li/Ca and Mg/Ca ratios (Mawbey and Lear, 2013). Benthic foraminiferal 
Li/Ca ratios have been shown to positively co-vary with Δ[CO32-] (Lear and Rosenthal, 
2006, Lear et al., 2010), whereas a negative relationship with temperature is observed 
(Marriott et al., 2004). Thus co-variation of Li/Ca and Mg/Ca down-core could 
indicate a Δ[CO32-] effect on Mg/Ca ratios (Mawbey and Lear, 2013). Both E. batialis 
and Uvigerina spp. Mg/Ca ratios show covariation with Li/Ca between 600 ka to 450 
ka, just prior to 800 ka, and around 1100 ka (Figure 4.3), indicating a potential effect 
of Δ[CO32-] on Mg/Ca ratios across this interval. I. norcrossi, on the other hand, does 
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not demonstrate covariation across these intervals, in line with a potentially deeper 
habitat of this migratory infaunal species. This is further supported by a larger 
amplitude variation in Li/Ca of Uvigerina spp. and E. batialis compared to I. 
norcrossi, suggesting an increased influence of Δ[CO32-] on the former two species.  
 
 
Figure 4.3 Li/Ca (grey) versus Mg/Ca of (A) I. norcrossi (green), (B) E. batialis (red), and 
(C) Uvigerina spp. (blue) down-core. The yellow vertical bars indicate intervals of visually 
identifiable covariation for one or more species. 
 
Do to the lack of records of past Δ[CO32-] in the North Pacific across this time interval 
a definite influence of Δ[CO32-] on shallow infaunal Mg/Ca ratios cannot be 
determined. For the purpose of this study I am assuming that the influence of Δ[CO32-
] on Mg/Ca of E. batialis, I. norcrossi, and Uvigerina spp. is minimal.  
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4.2.3.4 Post-depositional dissolution of foraminiferal tests 
Scanning electron microscope (SEM) images of E. batialis specimens from IODP Site 
U1343 demonstrate dissolution features, such as broken chambers, etched surfaces, 
and lattice-like calcite structures inside the test walls (Figure 3.3), indicating the 
importance to test the effect of dissolution on foraminiferal Mg/Ca ratios. Mg/Ca in 
planktonic foraminifera has been shown to be sensitive to post-depositional 
dissolution (Brown and Elderfield, 1996, Regenberg et al., 2006), likely as a result of 
the inhomogeneous distribution of Mg in planktonic foraminiferal species (Brown and 
Elderfield, 1996, Regenberg et al., 2006, Jonkers et al., 2016). Compared to planktonic 
foraminifera, Mg in benthic foraminifera has been suggested to be more 
homogenously distributed (Curry and Marchitto, 2008), also seen in Electron probe 
microanalyser (EPMA) Mg/Ca maps of well-preserved foraminiferal species from Site 
U1343 (Figure 3.8).  
To test the influence of post-depositional dissolution on benthic foraminifera (150-
250 µm) from Site U1343, Mg/Ca ratios were monitored against the average shell 
weight of a representative subset of samples comprising all species. However, shell 
weights at Site U1343 may be influenced by authigenic carbonate formation, thus only 
shell weights of samples with U/Ca <200 nmol mol-1, thought to represent minor 
authigenic carbonate contribution, were considered. If dissolution would lead to 
preferential loss of Mg from the foraminiferal carbonate, a positive correlation of shell 
weight and Mg/Ca is to be expected. Mg/Ca ratios of all three species show no 
correlation with average shell weights (R2 = -0.16, p > 0.45, n = 25; R2 = 0.12, p > 0.5, 
n = 33; R2 = -0.11, p > 0.5, n = 6 for E. batialis, I. norcrossi, and Uvigerina spp., 
respectively) (Figure 4.4), indicating no or only little bias of benthic foraminiferal 
Mg/Ca ratios by post-depositional dissolution at Site U1343.  
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Figure 4.4 Cross plots of the shell weight of a subset of (A) I. norcrossi (green diamonds), 
(C) E. batialis (red triangles), and (E) Uvigerina spp. (blue diamonds) versus Mg/Ca, together 
with Mg/Ca (orange) and shell weight (light blue) of (B) I. norcrossi, (D) E. batialis, and (F) 
Uvigerina spp. downcore. There is no significant correlation of the shell weight with Mg/Ca 
for any of the three species (R2 = -0.16, p > 0.45, n = 25; R2 = 0.12, p > 0.5, n = 33; R2 = -
0.11, p > 0.5, n = 6 for E. batialis, I. norcrossi, and Uvigerina spp., respectively).   
 
4.2.3.5 Seawater Mg/Ca variations across the Pleistocene 
Changes in the Mg/Ca composition of seawater have been shown to influence the 
partition coefficient of Mg into foraminiferal calcite (Hasiuk and Lohmann, 2010, 
Evans and Müller, 2012). Even though only small changes are expected on time 
periods < 1 Ma (the residence time of Ca in seawater), the Mg/Ca seawater curve 
established in Fantle and DePaolo (2006) was used to test the effect of changing 
Mg/Ca seawater values on measured Mg/Ca at Site U1343 across the Pleistocene 
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modifying (Equation 2.1), following the approach outlined in Evans and Müller (2012) 
and McClymont et al. (2016). 
𝑀𝑔/𝐶𝑎𝑐𝑜𝑟𝑟𝑒𝑐𝑡𝑒𝑑 = (0.86 + 0.125 × 𝐵𝑊𝑇) × [(𝑀𝑔/𝐶𝑎𝑠𝑒𝑎𝑤𝑎𝑡𝑒𝑟 
𝑡=𝑡)𝐻 /
 (𝑀𝑔/𝐶𝑎𝑠𝑒𝑎𝑤𝑎𝑡𝑒𝑟  
𝑡=0)𝐻]                                                                         (Equation 2.1) 
Where t=0 is the modern, t=t is the given sample age, and H is the species-specific 
power component of the relationship between foraminiferal Mg/Ca and the Mg/Ca of 
seawater.  
 
 
Figure 4.5 Measured Mg/Ca versus Mg/Ca corrected for variations in seawater Mg/Ca across 
the Pleistocene using the Mg/Caseawater curve published in Fantle and DePaolo (2006), 
according to the equation: 𝑀𝑔/𝐶𝑎𝑐𝑜𝑟𝑟𝑒𝑐𝑡𝑒𝑑 = (0.86 + 0.125 × 𝐵𝑊𝑇) × [(𝑀𝑔/𝐶𝑎𝑠𝑒𝑎𝑤𝑎𝑡𝑒𝑟  
𝑡=𝑡)𝐻 /
 (𝑀𝑔/𝐶𝑎𝑠𝑒𝑎𝑤𝑎𝑡𝑒𝑟  
𝑡=0)𝐻] ,where t=0 is the modern, t=t is the given sample age, and H is the 
species-specific power component. 
  
As no species-specific estimate of H is available for any of the three foraminiferal 
species used in this study, I adopt the approach outlined in Woodard et al. (2014) 
(Uvigerina spp.), assuming H = 0.41 (Delaney et al., 1985) (Figure 4.5), which is also 
within the range of a H value of 0.2-0.5, as predicted for the epifaunal benthic 
foraminiferal species Oridorsalis umbonatus (Lear et al., 2015). Following this 
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approach, BWT corrected for changes in seawater Mg/Ca are slightly lower in the 
early Pleistocene and higher during the late Pleistocene. The maximum offset in 
corrected versus uncorrected BWT across the entire interval is 0.4 °C, which is within 
the error of the temperature calibration (± 1.1 °C standard error (s.e.)) and together 
with the large uncertainty associated with the seawater Mg/Ca reconstructions led to 
the conclusion to report uncorrected values of BWT across the Pleistocene for the 
eastern Bering Sea.  
4.3 Results 
4.3.1 Multi-species Mg/Ca ratios at Site U1343  
After applying the trace metal thresholds, established in section 2.3.1, Mg/Ca values 
of the remaining 41 E. batialis, 56 I. norcrossi, and 18 Uvigerina spp. samples range 
between 0.70-1.30 mmol mol-1, 0.83-1.58 mmol mol-1, and 0.60-1.26 mmol mol-1, 
respectively. These values are in line with previously reported Mg/Ca ratios of I. 
norcrossi and Uvigerina spp. in the high-latitude deep ocean of 1.01-1.47 mmol mol-
1 and 0.68-1.42 mmol mol-1, respectively (Lear et al., 2002, Kristjánsdóttir et al., 
2007). There are no reported Mg/Ca values for E. batialis, however, a study from the 
Arctic Ocean reports Mg/Ca ratios of Elphidium clavatum, which is of the same genus 
as E. batialis, of 0.52-1.06 mmol mol-1 (Barrientos et al., 2018). 
4.3.2 Mg/Ca bottom water temperature calibration 
To date no Mg/Ca bottom water temperature calibration exists for E. batialis, the most 
abundant foraminiferal species in IODP core U1343. However, a recent calibration of 
E. clavatum from the nearby Herald Canyon and Laptev Shelf in the Arctic Ocean 
suggests a Mg/Ca temperature sensitivity of 0.13 ± 0.05 mmol mol-1 °C-1 (Barrientos 
et al., 2018). To test whether E. batialis has a similar Mg/Ca bottom water temperature 
sensitivity to E. clavatum, LA-ICP-MS measurements of E. batialis and the δ18Ob 
record at Site U1343 across the LGM-Holocene transition are used. Published δ18Ob 
at IODP Site U1343 (Asahi et al., 2016) suggests a Δδ18Ob across the LGM-Holocene 
transition of 1.58 ± 0.23 ‰ (s.e.). Measured foraminiferal δ18Ob is influenced by 
changes in the δ18Ow, driven by changes in continental ice volume and regional 
patterns of evaporation/precipitation and deep water formation, and changes in the 
bottom water temperature (Shackleton, 1967, Schrag et al., 2002, LeGrande and 
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Schmidt, 2006). Across the LGM-Holocene transition mean ocean Δδ18Ow is thought 
to have changed by 1.05 ± 0.20 ‰ (Duplessy et al., 2002). No regional estimate for 
the deep North Pacific exists, the closest is ODP Site 1123 in the SW Pacific, 
indicating a Δδ18Ow of 1.10 ± 0.10 ‰ (Adkins et al., 2002), similar to that of the mean 
ocean estimate. Thus the mean ocean estimate of 1.05 ± 0.20 ‰ (Duplessy et al., 2002) 
was adopted to determine the contribution of bottom water temperature changes to the 
measured foraminiferal δ18Ob at Site U1343, which is 0.53 ± 0.21 ‰ (s.e.). Assuming 
a similar bottom water temperature δ18Ob relationship of E. batialis compared to other 
cosmopolitan benthic foraminiferal species (Uvigerina spp., Cibicidoides spp., 
Planulina spp.) of 0.22 ± 0.03 ‰ °C-1 (Marchitto et al., 2014), this yields an estimated 
bottom water temperature difference across the LGM-Holocene of 2.42 ± 0.30 °C 
(s.e.) at Site U1343. 
ICP-MS analysis of E. batialis samples in the size fraction 150-250 µm across the 
LGM-Holocene did not yield statistically significant results, due to the low numbers 
of foraminiferal tests per sample. Instead, LGM-Holocene Mg/Ca ratios of E. batialis 
are based on LA-ICP-MS measurements of two samples from 8.5 ka and 20.8 ka. LA-
ICP-MS measurements were performed on E. batialis specimens >250 µm. The LGM-
Holocene samples are exclusively from above the SMTZ, thus no high-Mg calcite 
contamination is expected (Chapter 3). However, low-Mg calcite can precipitate 
following increased pore water alkalinity as a result of organoclastic sulphate 
reduction (Chapter 3), characterised by increased U/Ca ratios. U/Ca ratios of LA-ICP-
MS samples across the LGM-Holocene (E. batialis) are generally higher (300-2165 
nmol mol-1) compared to U/Ca of ICP-MS samples (I. norcrossi and Uvigerina spp.) 
from above the SMTZ (4.4-10.0 nmol mol-1). This suggests, that there is 
contamination by low-Mg calcite in the uncleaned LA-ICP-MS samples, however, 
there also seems to be an offset between LA-ICP-MS and ICP-MS samples, related to 
either the methodology or the sample preparation (cleaning versus no cleaning), 
leading to higher elemental ratios in samples measured by LA-ICP-MS. Unfortunately 
there are no standards and/or foraminiferal samples demonstrating minor diagenetic 
alteration with both LA-ICP-MS and ICP-MS Mg/Ca ratios to calculate a 
methodological/procedural offset. For the purpose of this study I am assuming that the 
Mg/Ca offset between LA-ICP-MS and ICP-MS is constant, however, further analyses 
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are needed to fully understand the nature and origin of the methodological/procedural 
offset. 
One specimen from 8.45 ka displayed increased U/Ca ratios (2165 nmol mol-1), 
compared to the other LA-ICP-MS samples across this depth interval, and has been 
excluded from further analyses. Average Mg/Ca values from 8.45 ka and 20.8 ka are 
2.16 ± 0.31 mmol mol-1 (s.e.) and 1.83 ± 0.22 mmol mol-1 (s.e.), respectively. Using 
the calculated BWT difference across the LGM-Holocene transition of 2.42 ± 0.30 °C 
(s.e.), this yields an E. batialis Mg/Ca bottom water temperature sensitivity of 0.14 ± 
0.13 mmol mol-1 °C-1 (s.e.), within error of the Mg/Ca bottom water temperature 
sensitivity of E. clavatum of 0.13 ± 0.05 mmol mol-1 °C-1 as reported for the Arctic 
Ocean (Barrientos et al., 2018). I therefore propose that the Mg/Ca temperature 
calibration for E. clavatum is suitable for E. batialis, as well.  
There are two possible routes to derive BWT estimates for the multi-species Mg/Ca 
record. The first approach would be to use previously published species-specific 
temperature calibrations, whereas the second approach includes normalisation to E. 
batialis Mg/Ca values allowing the use of a single temperature calibration for all 
samples.  
 
Table 4.1 Benthic foraminiferal Mg/Ca BWT calibrations for Elphidium 
clavatum, Uvigerina spp., and Islandiella norcrossi. 
Species BWT calibration Reference 
E. clavatum 𝐵𝑊𝑇 = (𝑀𝑔/𝐶𝑎 − 0.816 ± 0.06)/0.125
± 0.05 
Barrientos et al. 
(2018) 
Uvigerina 
spp. 
𝐵𝑊𝑇 = (𝑀𝑔/𝐶𝑎 − 0.9)/0.1 Elderfield et al. 
(2010) 
I. norcrossi 𝐵𝑊𝑇 = (𝑀𝑔/𝐶𝑎 − 1.044)/0.075 Kristjánsdóttir et 
al. (2007) 
 
Firstly, the BWT for Uvigerina spp., I. norcrossi, and E. batialis were calculated based 
on the temperature calibrations published in Elderfield et al. (2010) adjusted for 
reductively cleaned samples, Kristjánsdóttir et al. (2007), and Barrientos et al. (2018), 
respectively (Table 4.1). Following this approach, the ΔBWT across the LGM-
Holocene is ~5 °C, much larger than the expected ΔBWT of 2.42 ± 0.30 °C (s.e.) 
determined from the δ18Ob record and published benthic foraminiferal Mg/Ca bottom 
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water temperature records from across the Pacific between 1000-3300 m suggesting a 
LGM Holocene ΔBWT of ~ 2 °C (Shackleton, 2000, Waelbroeck et al., 2002, 
Gorbarenko et al., 2002, Martin et al., 2002, Elderfield et al., 2010, McClymont et al., 
2016). The LGM-Holocene transition at Site U1343 is associated with a change in the 
faunal assemblage, with I. norcrossi occurring exclusively during MIS 2, and 
Uvigerina spp. exclusively during MIS 1. A larger than expected ΔBWT could 
potentially result from a Δ[CO32-] effect on either I. norcrossi or Uvigerina spp.. 
However, there is no correlation of Mg/Ca and Li/Ca across the LGM-Holocene for 
either species (Figure 4.3), suggesting that changes in the Δ[CO32-] associated with 
G/IG cycles likely did not affect the Mg/Ca-based BWT reconstruction. Instead, the 
large ΔBWT across the LGM-Holocene likely results from very low BWT values 
based on I. norcrossi across MIS 2 (-2.5 °C on average), suggesting that further 
research is needed to establish a robust BWT calibration for I. norcrossi Mg/Ca. Thus, 
instead of using individual BWT calibrations, Mg/Ca ratios of I. norcrossi and 
Uvigerina spp. were normalised to E. batialis, enabling the application of a single 
BWT calibration based on Barrientos et al. (2018). This yields an LGM-Holocene 
ΔBWT of 2.03 ± 0.78 °C, within the error of a ΔBWT of 2.42 ± 0.30 °C derived from 
the δ18Ob record. 
The species-specific Mg/Ca offsets to E. batialis are -0.08 ± 0.06 mmol mol-1 (n = 9, 
s.e.) on average for I. norcrossi and -0.12 ± 0.08 mmol mol-1 (n = 4, s.e.) on average 
for Uvigerina spp.. As a result of the low sample size, the offsets have a relatively 
large uncertainty, however, it is smaller than the uncertainty of 0.22 mmol mol-1 
associated with the contribution of Mg from authigenic carbonates for a U/Ca 
threshold of 200 nmol mol-1. Thus, 0.22 mmol mol-1 was adopted as the procedural 
uncertainty for BWT error propagation for all samples. Normalized Mg/Ca ratios were 
converted to BWT using the temperature calibration for E. clavatum (Barrientos et al., 
2018) (Equation 2.2), yielding an overall bottom water temperature range of -2.7 °C 
to 5.7 °C and an average temperature uncertainty of ±1.1 °C (s.e.) for the down-core 
record (Figure 4.6). 
𝐵𝑊𝑇 (°𝐶) = (𝑀𝑔/𝐶𝑎𝑛𝑜𝑟𝑚𝑎𝑙𝑖𝑠𝑒𝑑 − 0.816 ± 0.06)/0.125 ± 0.05       (Equation 2.2) 
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Figure 4.6 (A) BWT across the LGM-Holocene and the Mid-Pleistocene of Mg/Ca ratios of 
I. norcrossi (green diamonds), Uvigerina spp. (blue diamonds), and E. batialis (red triangle) 
normalised to E. batialis and calculated according to the BWT calibration for E. clavatum 
from the Arctic Ocean (Barrientos et al., 2018) including the ±s.e. envelope (light purple). The 
dashed horizontal lines represent the interglacial and glacial mean between 1000-1500 ka and 
450-850 ka. The thick purple line is the 3-point running mean and the red star represents 
present day BWT at ~2000 m water depth in the eastern Bering Sea (Olsen et al., 2016). (B) 
The δ18Ob curve at IODP Site U1343 (Asahi et al., 2016, Kender et al., in review) (black) 
together with the LR04 stack (grey) (Lisiecki and Raymo, 2005). The grey vertical bars 
represent glacial intervals, numbers at the top correspond to marine isotope stages (MIS 
boundaries from (Lisiecki and Raymo, 2005)). 
 
The large uncertainty, associated with the species-specific offsets, leads to differences 
in the reconstructed BWT for samples with multiple species. Additionally, there are 
three anomalously cold Uvigerina spp. samples during MIS 12, 14, and 15 (Figure 
4.6). These samples have an Mg/Ca ratio normalised to E. batialis of 0.48-0.61 mmol 
mol-1 much lower compared to the remaining Uvigerina spp. samples that have Mg/Ca 
varying between 0.8-1.14 mmol mol-1. Comparison of the Mg/Ca and Li/Ca records 
across this interval suggests a potential effect of Δ[CO32-] on Uvigerina spp. Mg/Ca 
ratios (Figure 4.3).  
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4.4 Discussion 
4.4.1 Bottom water temperatures in the eastern Bering Sea across the Mid- 
to late Pleistocene 
The multi-species benthic foraminiferal Mg/Ca record indicates orbital variations in 
BWT in the eastern Bering Sea across the LGM-Holocene and long-term changes 
during the Mid-Pleistocene. BWT at ~2000 m depth in the Bering Sea is controlled by 
changes in the contribution of different water masses to the Site and/or changes in the 
source region of the deep water masses. Today, Site U1343 is bathed in NPDW with 
a modern BWT of 1.95 °C (GLODAP v2 station 41047-3 (B) (Olsen et al., 2016)), 
originating from primarily southern sourced water masses sinking around the 
Antarctic continent. On G/IG timescales, however, NPIW may have played a 
fundamental role for the Bering Sea, originating locally from brine rejection during 
sea ice freezing. Bering Sea SST and sea ice extent, important precursors for NPIW 
formation, across the last deglaciation have been shown to vary in accordance with 
millennial-scale climate change in the North Atlantic, with increased NPIW formation 
during the HS1 (~14.7-18 ka) and the Younger Dryas (YD, ~11.7-12.9 ka) (Max et 
al., 2012, Max et al., 2014, Méheust et al., 2016). Particularly during extreme glacials 
of the Mid- to late Pleistocene, NPIW has been proposed to form, at least partly, in the 
Bering Sea (Horikawa et al., 2010, Rella et al., 2012, Max et al., 2012, Knudson and 
Ravelo, 2015b). Southern sourced deep water temperatures, on the other hand, have 
been shown to vary coeval with Antarctic climate change across the late Pleistocene 
(Elderfield et al., 2012).  
In order to best understand Pleistocene BWT history in the Bering Sea and its 
implications for regional and global climate change the LGM to Holocene and the 
Mid-Pleistocene are discussed separately below.  
4.4.1.1 The Last Glacial Maximum to Holocene bottom water temperature 
history in the eastern Bering Sea 
Across the LGM-Holocene transition (Termination I) the multi-species Mg/Ca BWT 
reconstruction from Site U1343 shows a ΔBWT of 2.03 ± 0.78 °C (s.e.) with colder 
BWT during the LGM (Figure 4.7), in line with published benthic foraminiferal 
Mg/Ca bottom and intermediate water temperature records from across the Pacific 
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between 800-3500 m suggesting a LGM-Holocene ΔBWT of 1-3 °C (Shackleton, 
2000, Waelbroeck et al., 2002, Gorbarenko et al., 2002, Martin et al., 2002, Elderfield 
et al., 2010, Woodard et al., 2014, Knudson and Ravelo, 2015b, McClymont et al., 
2016).  
 
 
Figure 4.7 (A) LGM-Holocene BWT (light blue) evolution based on Uvigerina peregrina 
Mg/Ca at IODP Site U1342 at ~800 m water depth on the Bowers Ridge in the southern Bering 
Sea (Knudson and Ravelo, 2015b). (B) BWT at IODP Site U1343 (purple) across Termination 
I based on I. norcrossi (green diamonds) and Uvigerina spp. (blue diamonds) including the 
±s.e. envelope (light purple). The red star represents present day BWT at ~2000 m water depth 
in the eastern Bering Sea (Olsen et al., 2016). (C) BWT at ODP Site 1123 (~3200 m water 
depth) on Chatham Rise in the southwestern Pacific based on Uvigerina spp. (Elderfield et al., 
2010).(D) δ18Ob records from U1343 adjusted for the E. batialis equilibrium offset (+0.65 ‰) 
(black) (Asahi et al., 2016) and U1342 (light grey) (Knudson and Ravelo, 2015b) together 
with the LR04 stack (middle grey) (Lisiecki and Raymo, 2005). The grey vertical bar 
represents the last glacial interval, numbers at the top correspond to marine isotope stages 
(MIS boundaries from (Lisiecki and Raymo, 2005)). 
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Even though the Mg/Ca temperature calibration used to calculate BWT is for the 
species E. clavatum, rather than E. batialis, LGM-Holocene ΔBWT suggest that 
absolute reconstructed temperature values are representative of local BWT. This is 
supported by the modern BWT at ~2000 m water depth at the nearest GLODAP v2 
station (58°00’N, 174°87’W, station 41047-3 (B)) (Olsen et al., 2016), of 1.95 °C, 
falling right in between the two Holocene Mg/Ca BWT values of 0.86 ± 1.07 °C (9.3 
ka, s.e.) and 2.6 ± 1.2 °C (11.1 ka, s.e.) (Figure 4.7). Further, a previously published 
BWT record from the southwestern Pacific (ODP Site 1123 (171.50 °W, 41.78 °S, 
3290 m)) demonstrate a parallel BWT history and very similar absolute BWT values 
across Termination I (Elderfield et al., 2010, Elderfield et al., 2012) (Figure 4.7), 
supported by a strong positive correlation (R2 = 0.96, p < 0.001, n = 7) of the two 
records.  
Today Site U1343 is bathed in NPDW with a BWT of 1.95 °C, compared to ODP Site 
1123 in the southwestern Pacific that is bathed in CDW and has a modern BWT of 1.3 
°C (Elderfield et al., 2010). CDW is the precursor of NPDW and thus warmer 
temperatures are expected for NPDW, as aging deep water is affected by the 
geothermal heat flux at the seafloor. Further, Site U1343 is ~1000 m shallower than 
Site 1123. Hence, if the two Sites are continuously bathed in the same water mass, this 
relationship would be expected to hold true for both glacials and interglacials.  
The approach outlined in Siddall et al. (2010) provides a first opportunity to estimate 
expected BWT at Site U1343 across late Pleistocene G/IG cycles (Figure 4.8). The 
average glacial and interglacial δ18Ob at Site U1343 (Asahi et al., 2016) together with 
the respective average sea level estimates (Spratt and Lisiecki, 2016) are scaled to the 
modern BWT of 1.95 °C and plotted together with isotherms (Figure 4.8). The slope 
of the isotherms is based on the LGM-Holocene mean ocean δ18Ow change (1.05 ± 
0.20 ‰ (Duplessy et al., 2002)) and the LGM-Holocene sea level change of 125 ± 8 
m (Spratt and Lisiecki, 2016), whilst the x-axis offset between the isotherms of 0.54 
‰ is based on the temperature (T) δ18O relationship outlined in (Shackleton, 1974) 
(Equation 2.3) (Figure 4.8). 
𝑇 = 16.10 − 4.38 ∗ (𝛿18𝑂𝑏 − 𝛿
18𝑂𝑤) + 0.1 ∗ (𝛿
18𝑂𝑏 − 𝛿
18𝑂𝑤)
2    (Equation 2.3) 
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Figure 4.8 Cross plot of δ18Ob at Site U1343 (Asahi et al., 2016) versus sea level (Spratt and 
Lisiecki, 2016), together with isotherms (dashed grey lines) following the approach outlined 
in Siddall et al. (2010). The slope of the isotherms is determined by the LGM-Holocene mean 
ocean δ18Ow change (1.05 ± 0.20 ‰ (Duplessy et al., 2002)) and the LGM-Holocene sea level 
change of 125 ± 8 m (Spratt and Lisiecki, 2016), whilst the x-axis offset between the isotherms 
of 0.54 ‰ is based on the temperature δ18O relationship outlined in (Shackleton, 1974). The 
numbers represent the respective marine isotope stages. Error bars represent the standard error. 
 
Based on an LGM sea level estimate of -123 ± 2 m (s.e.) (Spratt and Lisiecki, 2016) 
and an average LGM δ18Ob of 4.32 ‰ (18-25 ka) (Asahi et al., 2016) in combination 
with an average δ18Ob of 2.74 ‰ (7.6-10.8 ka) for the Holocene (Asahi et al., 2016) 
this yields an estimated LGM BWT >0 °C (Figure 4.8). The average reconstructed 
LGM Mg/Ca BWT is -0.3 ± 0.7 °C (s.e.), indicating slightly colder than expected 
BWT at Site U1343 (Figure 4.7), supported by similar absolute temperatures to those 
at ODP Site 1123 (Figure 4.7), which is ~1000 m deeper and upstream from Site 
U1343. 
Using interpolated δ18Ob values (Asahi et al., 2016) together with the reconstructed 
BWT yields an LGM Holocene seawater oxygen isotope difference (Δδ18Ow) of 0.89 
± 0.30 ‰ (s.e.), calculated according to (Equation 2.4) (Elderfield et al., 2010): 
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δ18𝑂𝑤 = (δ
18𝑂𝑏 + 0.27) − 0.25 ∗ (16.10 − 𝐵𝑊𝑇)          (Equation 2.4) 
A Δδ18Ow of  0.89 ± 0.30 ‰ (s.e.) is smaller but within the error of the proposed mean 
ocean changes across the LGM-Holocene of 1.05 ± 0.2 ‰ (Duplessy et al., 2002). 
Potential explanations for the slightly smaller observed change in Δδ18Ow at Site 
U1343 are either uncertainty associated with the multi-species record and interpolation 
of the δ18Ob signal, or, taken at face value, changes in the local hydrography across 
the LGM-Holocene. A possible mechanism, includes changes in the contribution of 
NPIW to waters at Site U1343. Glacial NPIW in the Bering Sea is formed via brine 
rejection during sea ice freezing, able to produce dense waters with little oxygen 
isotope fractionation, carrying the low δ18Ow signature of high-latitude surface waters 
to greater depth (Knudson and Ravelo, 2015b, Cook et al., 2016). Knudson and Ravelo 
(2015b), demonstrate that Site U1342, at ~800 m water depth in the southern Bering 
Sea, is affected by enhanced NPIW formation during extreme glacials (including MIS 
2) of the Mid- to late Pleistocene, indicated by negative offset of the local glacial δ18Ob 
compared to the global LR04 stack (Lisiecki and Raymo, 2005). δ18Ob at Site U1343 
during the LGM is characterised by two episodes of slightly decreased values 
compared to the LR04 stack (~0.2 ‰), at ~25 ka and centred around 17.5 ka (Figure 
4.7). Whilst no BWT data is available at 25 ka, the second interval around 17.5 ka 
shows no pronounced increase in BWT, indicating that the decrease in δ18Ob at this 
point in time likely results from changes in δ18Ow, suggesting the contribution of a low 
δ18Ow water mass to Site U1343. Further Mg/Ca ratios of reductively cleaned 
Uvigerina peregrina samples from IODP Site U1342 in the southern Bering Sea at 
~800 m water depth suggest LGM intermediate water temperatures (IWT) of -1.2 ± 
0.2 °C (17-25 ka, s.e.) (Figure 4.7), calculated using the Uvigerina spp. Mg/Ca BWT 
calibration developed by Elderfield et al. (2010), adjusted to samples cleaned 
according to the Cd-cleaning protocol (Elderfield et al., 2010) (Table 2.1). Thus, 
colder than expected LGM BWT of -0.3 ± 0.75 °C (s.e.) at Site U1343 in combination 
with a smaller Δδ18Ow of 0.89 ± 0.30 ‰ compared to the global mean, could 
potentially result from entrainment of NPIW in deep waters along the eastern Bering 
Sea slope.  
Cook et al. (2016) suggest that the divide between well-ventilated NPIW and poorly 
ventilated NPDW during the LGM in the Bering Sea was around ~1000 m water depth, 
based on δ18Ob and δ13C from IODP Sites U1339 and U1345 from the Umnak Plateau 
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and the eastern Bering Sea slope. However, BWT and δ18Ob evidence from Site U1343 
at ~2000 m water depth, potentially supports intermittent admixture of NPIW to the 
deep Bering Sea during the LGM and across the early deglaciation, even though 
NPDW likely is the main contributing water mass to Site U1343. This is in line with 
a much smaller reconstructed LGM-Holocene Δδ18Ow change at Site U1342 of 0.23 
‰ (Knudson and Ravelo, 2015b), compared to Site U1343 (0.89 ± 0.30 ‰, s.e.), 
suggesting less contribution of NPIW to the deeper Site. 
In addition to enhanced NPIW formation, the LGM in the Bering Sea was 
characterised by a widespread decrease in primary productivity, also noted in the Sea 
of Okhotsk and the western subarctic North Pacific (Jaccard et al., 2005, Brunelle et 
al., 2007, Brunelle et al., 2010, Kohfeld and Chase, 2011, Kim et al., 2014). The 
observed regional-wide decrease in primary productivity did not result from increased 
sea ice extent and decreased light availability alone as this was likely variable between 
regions (Méheust et al., 2016, Matul, 2017, Méheust et al., 2018). Instead, increased 
stratification of the subpolar water column has been proposed as a mechanism to 
explain the large-scale changes in productivity (Jaccard et al., 2005, Brunelle et al., 
2007, Brunelle et al., 2010, Knudson and Ravelo, 2015a). As seawater approaches the 
point of maximum density (equal to the freezing point of seawater at atmospheric 
temperatures for salinities >24.7 psu (Talley et al., 2011)), the effect of temperature 
on density is reduced (Winton, 1997, Sigman et al., 2004, de Boer et al., 2007). 
Therefore, at homogenous low water column temperatures, surface cooling, typically 
initiating overturning by densification of low salinity surface waters in high latitudes, 
is not as effective (de Boer et al., 2007), indicating the importance of BWT for 
subpolar ocean stratification. Colder LGM SSTs in the Bering Sea and North Pacific 
(Max et al., 2012, Meyer et al., 2016) together with a BWT 2.03 ± 0.78 °C (s.e.) colder 
than during the Holocene is in support of homogenous water column cooling, 
supporting increased salinity stratification during glacial intervals in the North Pacific 
and its marginal seas. Decreased thermal stratification, may also be able to explain 
lower intermediate than deep water temperatures in the Bering Sea during MIS 2, as 
reconstructed from IODP Sites U1343 and U1342 (Figure 4.7). 
Increased stratification would limit the nutrient supply to the surface ocean effectively 
decreasing primary productivity. Following this hypothesis the re-invigoration of 
overturning in the North Pacific and the Bering Sea would be driven by deep ocean 
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warming across Termination I (Brunelle et al., 2007), increasing the sensitivity of 
seawater density to temperature, promoting temperature driven overturning during 
wintertime in the polar and subpolar ocean (Sigman et al., 2004). Biogenic opal 
records indicate an increase in primary productivity between ~16 ka and 15 ka in the 
Bering Sea (Brunelle et al., 2007, Kohfeld and Chase, 2011, Riethdorf et al., 2013a, 
Riethdorf et al., 2013b, Kim et al., 2014), whereas nitrogen isotopes (δ15N) indicate 
decreased nutrient utilisation and thus increased nutrient supply to the surface ocean 
from 17.5 ka (Brunelle et al., 2007). Similar patterns of primary productivity and δ15N 
are also observed in the subarctic North Pacific (Jaccard et al., 2005, Galbraith et al., 
2007, Jaccard et al., 2009, Brunelle et al., 2010, Kohfeld and Chase, 2011). Even 
though the low resolution record of BWT does not allow to pinpoint the exact onset 
of warming, it clearly demonstrates that major warming did not commence until after 
16.4 ka (Figure 4.7). Hence, if the early deglacial decrease in δ15N reflects increased 
nutrient supply from below, the weakening of the subpolar water column stratification 
must have had a different cause then BWT warming. The mismatch in δ15N and 
primary productivity, could potentially result from an early deglacial weakening of the 
stratification together with sea ice effectively limiting the light availability for 
phytoplankton until ~15 ka (Brunelle et al., 2010). This is supported by sea ice studies 
from the Bering Sea and the North Pacific, demonstrating a change from more 
extended to seasonal/ice free conditions around 15 ka (Caissie et al., 2010, Méheust et 
al., 2016, Méheust et al., 2018). 
Overall, the BWT record at Site U1343 suggests an LGM-Holocene ΔBWT of 2.03 ± 
0.78 °C with a reconstructed Δδ18Ow of 0.89 ± 0.30 ‰, based on the interpolated δ18Ob 
record (Asahi et al., 2016). The smaller Δδ18Ow compared to the suggested mean ocean 
change of 1.05 ± 0.20 ‰ (Duplessy et al., 2002) across Termination I, either results 
from uncertainties in the BWT reconstructions or suggests intermittent admixture of 
glacial NPIW to Site U1343 during the LGM. Future studies should explore the role 
of NPIW for the North Pacific carbon cycle, as a deeper well-ventilated intermediate 
water mass, may reduce eddy-driven upwelling of CO2-rich deep waters (Kender et 
al., in review). Additionally, increased export of NPIW during glacials has been linked 
to increased primary productivity in the equatorial Pacific (Max et al., 2017), again 
suggesting fundamental changes in the North Pacific carbon cycle during glacial 
intervals. Moreover, the BWT record from Site U1343 in the eastern Bering Sea lends 
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support to the hypothesis that homogenous cooling of the water column in the 
subarctic Pacific during the LGM promoted salinity-driven stratification (Figure 4.7). 
A more stratified water column in the North Pacific during glacial times has important 
implications for the carbon cycle, with less overturning promoting deep ocean carbon 
storage, potentially aiding in the atmospheric drawdown of CO2 during the LGM 
(Galbraith et al., 2007, Jaccard et al., 2009).  
4.4.1.2 Mid-Pleistocene bottom water temperature in the eastern Bering 
Sea – implications for the Mid-Pleistocene climate transition 
BWT at Site U1343 demonstrates distinct orbital variability across the Mid-
Pleistocene together with pronounced long-term trends (Figure 4.6). Across the MPT 
spectral analysis of δ18Ob at Site U1343 demonstrates a significant 100 ka cycle first 
emerging around 1200 ka, with dominant 100 ka frequency not until 700 ka (Asahi et 
al., 2016). Prior to 1200 ka the BWT record is sparse, however, pre and early MPT 
climate cycles (>1000 ka) are characterised  by an average glacial and interglacial 
BWT of 1.05 ± 0.45 °C (s.e.) and 1.58 ± 0.61 °C (s.e.), respectively (Figure 4.6). Late 
and post MPT climate cycles (<850 ka), on the other hand, demonstrate an average 
glacial and interglacial BWT of 0.72 ± 0.66 °C (s.e.) and 1.31 ± 0.16 °C (s.e.) (Figure 
4.6). Even though these estimates are within error of each other, this suggests that 
there may have been cooling during both glacials and interglacials in the eastern 
Bering Sea associated with the MPT. 
The low resolution of BWT reconstructions, resulting from the influence of early 
diagenesis on foraminiferal geochemistry at Site U1343, however, make an in-depth 
analysis of BWT changes on G/IG timescales across the MPT challenging. 
Additionally, uncertainties associated with the Δ[CO32-] effect and the composite 
nature of the Mg/Ca record hinder orbital-scale interpretations of the BWT 
reconstructions. Instead, the 3-point running mean, aimed at reducing the uncertainty 
associated with the BWT reconstructions, is used to determine long-term trends in 
Mid-Pleistocene Bering Sea BWT history. Beyond 1200 ka the age model at Site 
U1343 is less well constrained (Asahi et al., 2016). Further, the resolution of the BWT 
record decreases prior to MIS 34 (Figure 4.6), which is why the BWT data >1120 ka 
have been excluded from the discussion of long-term trends across the Mid-
Pleistocene.  
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Table 4.2 Ages of important and frequently mentioned marine isotope stages 
(MIS) across the Mid-Pleistocene transition. 
MIS Glacial/Interglacial Age (ka) 
21 IG 814-866 
22 G 866-900 
23 IG 900-917 
24 G 917-936 
25 IG 936-959 
26 G 959-970 
27 IG 970-982 
28 G 982-1014 
 
Between 1120 ka and 450 ka BWT at Site U1343 actually demonstrates a subtle 
warming of 0.2 ± 0.4 °C. A BWT warming across the Pleistocene contradicts 
previously published records from DSDP Site 607 (Sosdian and Rosenthal, 2009, Ford 
et al., 2016), indicating long-term deep ocean cooling. However, Site U1343 is not the 
only Pacific Site where warming has been observed. An unpublished BWT record 
from ODP Site 1208 on Shatsky Rise (3346 m water depth) also demonstrates BWT 
warming between ~1000 ka and ~850 ka (Ford and Raymo, 2017), with similar 
absolute BWT values to Site U1343. A potential mechanism to explain BWT warming 
across the Mid-Pleistocene in the North Pacific could be pronounced changes in the 
thermohaline overturning circulation as observed from MIS 24 (Table 4.2) onwards 
(Hall et al., 2001, Venuti et al., 2007, Pena and Goldstein, 2014). A slowdown of the 
Atlantic meridional overturning circulation (AMOC) during glacials from MIS 24 
(Table 4.2) (Pena and Goldstein, 2014) together with a more sluggish southern 
overturning cell following MIS 22 (Table 4.2) (Hall et al., 2001, Venuti et al., 2007) 
could result in slower circulation in the deep Pacific leading to older bottom waters 
that are more strongly influenced by the geothermal heat flux at the seafloor. 
Additionally, increased salinity stratification (see above) during glacials could have 
isolated North Pacific bottom waters even further (Sigman et al., 2004, Jaccard et al., 
2005, Brunelle et al., 2007, Brunelle et al., 2010). If an increased geothermal heat flux, 
associated with a slowdown of the deep Pacific circulation observed after MIS 22 (Hall 
et al., 2001, Venuti et al., 2007), was the primary driver of BWT warming in the Bering 
Sea across the Mid-Pleistocene, the main increase in BWT would be expected 
following MIS 22 (Table 4.2). Instead, however, pronounced BWT warming is 
observed between MIS 34 and MIS 22 (0.63 ± 1.10 °C (s.e.)) (Figure 4.9), while MIS 
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22 to MIS 12 demonstrates BWT cooling of 1.21 ± 0.63 °C (s.e.) (Figure 4.9). MIS 22 
is a critical stage across the MPT, part of the so-called ‘900-ka event’, characterised 
by the first long glaciation as seen from the LR04 stack (Lisiecki and Raymo, 2005, 
Clark et al., 2006) and potentially associated with an increase in continental ice volume 
(Elderfield et al., 2012, Rohling et al., 2014). Further, the 900-ka event stands out in 
many climate records, such as SSTs (McClymont et al., 2013), deep water δ13C 
(Raymo et al., 1997, Hodell et al., 2003), and oceanic circulation (Pena and Goldstein, 
2014), depicting pronounced changes in the global climate (Clark et al., 2006). 
Splitting the δ18Ob record (1200-450 ka) at Site U1343 (Asahi et al., 2016, Kender et 
al., in review) into a pre and post-MIS 22 interval, reveals an increase of 0.49 ± 0.18 
‰ (s.e.) prior to MIS 22 and a subtle decrease of -0.17 ± 0.14 ‰ (s.e.) post MIS 22 
(Figure 4.9). A δ18Ob increase prior to MIS 22 of 0.49 ± 0.18 ‰ (s.e.) with a δ18Ob  
BWT sensitivity of 0.22 ± 0.03 ‰ °C-1 (Marchitto et al., 2014) would require 2.23 ± 
0.27 °C (s.e.) BWT cooling, if δ18Ob was dominated by BWT changes. Instead, Mg/Ca 
BWTs at Site U1343 demonstrates warming of 0.63 ± 1.10 °C (s.e.). This suggests a 
δ18Ow increase across this interval indicating either increased ice volume and/or 
hydrographic changes in the deep Bering Sea. NPIW formation in the Bering Sea 
during glacials is a low δ18Ow water mass (Knudson and Ravelo, 2015b, Cook et al., 
2016), thus hydrographic changes causing an increase in δ18Ow would likely be related 
to changes in NPDW during glacials. On the other hand, increased δ18Ow could result 
from a build-up of continental ice volume across this interval, however, the BWT 
record at Site U1343 does not allow to distinguish, whether this would be represented 
by a gradual increase until MIS 22 (Table 4.2) or an abrupt step-like change during 
MIS 22, as suggested by Elderfield et al. (2012). 
Considering the post-MIS 22 interval, if the subtle decrease in δ18Ob of -0.17 ± 0.14 
‰ (s.e.) was dominated by BWT changes, an increase in the Bering Sea BWT of 0.77 
± 0.59 °C (s.e.) would be expected. Mg/Ca BWT, however, demonstrates a cooling of 
1.21 ± 0.63 °C (s.e.) between 900 ka and 450 ka, indicative of either continental ice 
volume decrease or hydrographic changes across the Mid-Pleistocene resulting in 
lower δ18Ow in the deep Bering Sea. An overall decrease in continental ice volume 
across the Mid- to late Pleistocene seems unlikely. Even though the long-term δ18Ow 
histories reconstructed from the North Atlantic and the southwestern Pacific differ, 
both demonstrate increased ice volume during post-MPT glacials (Sosdian and 
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Rosenthal, 2009, Elderfield et al., 2012, Ford et al., 2016), in line with sea level 
reconstructions (Rohling et al., 2014, Grant et al., 2014). On the other hand, a decrease 
in δ18Ow across the late Pleistocene in the Bering Sea could result from contribution 
of glacial NPIW (Knudson and Ravelo, 2015b, Cook et al., 2016). NPIW forms via 
brine rejection, increasing the local salinity without fractionating oxygen isotopes 
(Brennan et al., 2013) and thus carries the low δ18Ow signature of high-latitude surface 
waters to greater depth. Evidence of oxygen and carbon isotopes together with εNd 
suggests that NPIW formed, at least partly, in the Bering Sea during late Pleistocene 
glacials (Horikawa et al., 2010, Rella et al., 2012, Max et al., 2014, Knudson and 
Ravelo, 2015b, Max et al., 2017). Knudson and Ravelo (2015b) demonstrate that 
enhanced NPIW formation in the Bering Sea likely occurred during extreme glacials 
of the Mid- to late Pleistocene characterised by a closed Bering Strait. Based on the 
recently published sea level stack for the late Pleistocene between 0-800 ka (Spratt 
and Lisiecki, 2016) and the sea level estimates from DSDP Site 607 (Sosdian and 
Rosenthal, 2009) and ODP Site 1123 (Elderfield et al., 2012) between 800-1600 ka, 
Pleistocene glacials with a closed Bering Strait encompass MIS 52, MIS 50, MIS 38, 
MIS 34, and MIS 22 to MIS 2. Thus, contribution of glacial NPIW to bottom waters 
at Site U1343 following MIS 22 could lead to a long-term decrease in δ18Ow. This is 
additionally supported by a subtle decrease in the δ18Ob of glacials between MIS 2 and 
MIS 22 (-0.02 ± 0.03 ‰ (s.e.)), whilst interglacials since MIS 21 show a minor 
increase in δ18Ob of 0.22 ± 0.03 ‰ (s.e.), suggesting that the decreasing trend in δ18Ob 
between MIS 12 and MIS 22 (~450-900 ka) is dominated by glacial intervals, in line 
with enhanced contribution of glacial NPIW to Site U1343.  
As a result of its sheer size, the deep Pacific Ocean is typically thought to represent 
mean deep ocean changes on orbital timescales. Hence, NPIW contribution to Site 
U1343 across the Mid-Pleistocene should be manifested by a negative offset of δ18Ob 
from the LR04 stack (Knudson and Ravelo, 2015b, Cook et al., 2016). In general, the 
LR04 stack and δ18Ob at Site U1343 co-vary both in shape and amplitude between 
1200 ka to 450 ka (Figure 4.9). However, there are subtle differences, both prior to 
and post MIS 22 (Table 4.2).  
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Figure 4.9 (A) BWT evolution at ODP Site 1123 (dark blue) in the southwestern Pacific 
across the Mid-Pleistocene (Elderfield et al., 2012). (B) δ18Ob at Site 1123 (light blue) 
(Elderfield et al., 2012). (C) BWT at Site 607 in the North Atlantic (dark green) (Sosdian and 
Rosenthal, 2009, Ford et al., 2016) together with (D) the δ18Ob record at Site 607 (light green) 
(Ruddiman et al., 1989, Sosdian and Rosenthal, 2009, Ford et al., 2016). (E) The 3-point 
running mean of BWT at Site U1343 (dark purple) based on a multi-species Mg/Ca composite 
(E. batialis (red triangles), I. norcrossi (green diamonds), Uvigerina spp. (blue diamonds)). 
(F) δ18Ob at Site U1343 (black) (Asahi et al., 2016, Kender et al., in review) together with (G) 
the global LR04 stack (Lisiecki and Raymo, 2005). The horizontal lines demonstrate the long-
term trends of both BWT and δ18Ob prior to and after MIS 22 (Table 4.2). The grey vertical 
bars represent glacial intervals, numbers at the top correspond to marine isotope stages (MIS 
boundaries from (Lisiecki and Raymo, 2005)). 
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Some glacials, including the early MIS 22, MIS 28, and MIS 32 show periods of higher 
δ18Ob at Site U1343 compared to the LR04 stack, whereas other intervals such as the 
late MIS 22 (Kender et al., in review) and late MIS 18 actually demonstrate a negative 
offset to the LR04 stack (Figure 4.10). This points towards contribution of glacial 
NPIW at Site U1343, however, higher resolution records of δ18Ob and BWT are 
needed to test whether this is a consistent feature for all late Pleistocene glacials. 
Increased NPIW contribution to Site U1343 is in line with the long-term BWT cooling 
observed across the Mid- to late Pleistocene following MIS 22 (Table 4.2), as 
suggested from colder IWT (Knudson and Ravelo, 2015b) compared to BWT in the 
Bering Sea across the LGM (section 4.1.1) (Figure 4.7).  
 
 
Figure 4.10 Records of δ18Ob at Site U1343 (black) together with the LR04 stack (grey) across 
MIS 18 (A) and MIS 22 (3-pt running mean U1343 δ18Ob) (B) (Lisiecki and Raymo, 2005, 
Asahi et al., 2016, Kender et al., in review). The vertical blue bars indicate times when U1343 
demonstrates a negative offset from the LR04 stack, potentially suggesting entrainment of low 
δ18Ow NPIW at Site U1343.  
 
Finally, the observed evolution in δ18Ob and BWT across the Mid-Pleistocene could 
result from a hydrographic event centred on MIS 22 (Table 4.2), characterised by the 
contribution of a relatively warm, high δ18Ow waters to the deep Bering Sea, with no 
long-term ice volume change across the MPT (Figure 4.9). As per Ford and Raymo 
(2017), Site 1208 shows a pronounced δ18Ow excursion during MIS 22 that is, 
however, not indicative of a step-like change in δ18Ow as suggested per Site 1123 
(Elderfield et al., 2012), but is likely related to BWT warming across MIS 22, in 
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support of hydrographic changes in the deep Pacific Ocean across the 900-ka event. 
Paired δ18Ob and BWT measurements at Site U1343 are not available, however 
interpolation of the published δ18Ob (Asahi et al., 2016, Kender et al., in review) 
records provides a means to calculate δ18Ow (Equation 2.4). Prior to interpolating 
δ18Ob, the high resolution interval between ~1000 ka and ~800 ka (Kender et al., in 
review) was smoothed using a 3-point running mean, to reduce the effect of outliers 
in the δ18Ob record (Figure 4.11). 
The 3-point running mean of δ18Ow at Site U1343 demonstrates no long-term trend 
across the Mid-Pleistocene (450-1120 ka) (0.07 ± 0.13 ‰ (s.e.)), however a 
pronounced positive excursion is evident during MIS 22 (Figure 4.11), similar in 
absolute values to δ18Ow at ODP Site 1123 across MIS 22 (Figure 4.11). To better 
compare the available records of δ18Ow across the MPT (Sosdian and Rosenthal, 2009, 
Elderfield et al., 2012), I calculated the glacial and interglacial δ18Ow averages (based 
on the MIS mean) as deviation from the respective record mean (Figure 4.12). This 
clearly demonstrates the step-like increase in glacial δ18Ow at ODP Site 1123 during 
MIS 22, with large positive deviations from the mean since MIS 22 (Table 4.2), while 
all previous glacials are characterised by a small negative deviation from the mean 
(Figure 4.12). DSDP Site 607, on the other hand, shows more variable glacial δ18Ow 
deviations from the mean (both positive and negative) prior to MIS 22 (Table 4.2), 
with exclusively positive glacial deviations since MIS 22, even though of variable 
amplitude and smaller compared to ODP Site 1123 (Figure 4.12). Glacial δ18Ow at Site 
U1343 is characterised by both positive and negative deviations from the mean until 
MIS 24 (Table 4.2), similar to DSDP Site 607, while available late Pleistocene cycles 
again are exclusively characterised by a positive glacial δ18Ow deviation from the mean 
within error of the deviations observed at both ODP Site 1123 and DSDP Site 607, 
with exception of MIS 20 and MIS 2, where ODP Site 1123 demonstrates more 
positive δ18Ow (Figure 4.12). Prior to MIS 22, MIS 30 and MIS 26 (Table 4.2) stand 
out at Site U1343, demonstrating large amplitude positive deviations from the mean. 
Considering the two possible scenarios of ice volume evolution suggested from co-
examining δ18Ob and BWT at Site U1343, positive δ18Ow excursions prior to MIS 22 
together with consistently positive deviations from the mean following MIS 22 are in 
support of continental ice volume increase associated with the MPT and potential 
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entrainment of NPIW at Site U1343 during, at least some, late Pleistocene climate 
cycles indicated by lower δ18Ow.  
 
 
Figure 4.11 (A) The 7-point running mean of δ18Ow at ODP Site 1123 (grey) (Elderfield et 
al., 2012) together with the 3-point running mean of δ18Ow at Site U1343 (orange) across the 
Mid-Pleistocene. (B) The 3-point running mean of δ18Ow at DSDP Site 607 (grey) (Sosdian 
and Rosenthal, 2009, Ford et al., 2016) and Site U1343 (orange). (C) δ18Ow at Site U1343 
(orange dots) together with the 3-point running mean (orange line). (D) 3-point running mean 
of BWT at Site U1343 (purple) across the Mid-Pleistocene based on E. batialis (red triangles), 
I. norcrossi (green diamonds), and Uvigerina spp. (blue diamonds) including the ± s.e. 
envelope (light purple). (E) δ18Ob at Site U1343 (black) (Asahi et al., 2016, Kender et al., in 
review) together with the interpolated values (yellow dots) used for δ18Ow reconstructions and 
the LR04 stack (grey) (Lisiecki and Raymo, 2005). The grey vertical bars represent glacial 
intervals, numbers at the top represent marine isotope stages (MIS boundaries from (Lisiecki 
and Raymo, 2005)). 
  
 
 
Figure 4.12 The deviation of the glacial and interglacial average of δ18Ow from the respective mean at Site U1343 (dark blue, dark red), ODP Site 1123 
(medium blue, orange) (Elderfield et al., 2012), and DSDP Site 607 (light blue, pink) (Sosdian and Rosenthal, 2009, Ford et al., 2016) across the Mid-
Pleistocene, together with the LR04 stack (grey) (Lisiecki and Raymo, 2005). The error bars represent the standard error.  
C
h
a
p
ter 4
: P
leisto
cen
e b
o
tto
m
 w
a
ter tem
p
era
tu
re evo
lu
tio
n
 in
 th
e ea
stern
 B
erin
g
 S
ea
  
1
2
3
 
Chapter 4: Pleistocene bottom water temperature evolution in the eastern Bering Sea  
 
124 
 
Even though large differences exist in the relative changes of glacial δ18Ow at DSDP 
Site 607 (Sosdian and Rosenthal, 2009), ODP Site 1123 (Elderfield et al., 2012), and 
IODP Site U1343, likely resulting from regional effects, such as changes in the 
circulation or local evaporation/precipitation patterns (Shackleton, 1967, Schrag et al., 
2002, LeGrande and Schmidt, 2006), the direction (positive/negative) of the glacial 
δ18Ow deviation from the mean is consistent in all three cores from MIS 24 (Table 4.2) 
onwards (Figure 4.12). This highlights the 900-ka event as an important interval in 
continental ice volume evolution across the MPT, however, additional records from 
across the global oceans are needed to determine the nature of continental ice volume 
increase, particularly with respect to a gradual or abrupt change, and to decipher 
different regional influences on δ18Ow.  
Interglacial δ18Ow deviations from the mean are more consistent in their direction for 
all three cores with predominantly negative deviations (Figure 4.12). MIS 35 stands 
out at Site U1343, while MIS 19 shows a small positive deviation in both Site U1343 
and Site 607. The only interglacial with all three cores demonstrating a positive 
deviation from their respective mean is MIS 23 (Table 4.2), again highlighting the 
900-ka event as a crucial time period for continental ice volume across the MPT 
(Figure 4.12). 
4.5 Conclusions 
In this study I present records of BWT in the eastern Bering Sea from the LGM-
Holocene and across the Mid-Pleistocene. The results reveal both important long-term 
and orbital scale changes in the Bering Sea hydrography across the Mid- and late 
Pleistocene.  
Across Termination I the BWT record demonstrates an increase of 2.03 ± 0.78 °C 
(s.e.), from average LGM values of -0.31 ± 0.75 °C (s.e.) to an average Holocene BWT 
of 1.71 ± 0.81 °C (s.e.). Careful examination of BWT together with δ18Ob (Asahi et 
al., 2016, Kender et al., in review) at Site U1343 indicates a smaller but within error 
δ18Ow change (0.89 ± 0.30 ‰ (s.e.)) compared to the proposed mean ocean δ18Ow 
change of 1.05 ± 0.20 ‰ (Duplessy et al., 2002) across Termination I. This suggests 
potential admixture of a low δ18Ow water mass to Site U1343 across the LGM, 
supported by two episodes of decreased δ18Ob compared to the LR04 stack around 25 
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ka and 17.5 ka. Whereas, no BWT data is available for 25 ka, the second interval 
around 17.5 ka shows no pronounced change in BWT, suggesting that the decrease in 
δ18Ob results from changes in δ18Ow.  
Long-term trends in Mid-Pleistocene BWT at Site U1343 in conjunction with δ18Ob 
(Asahi et al., 2016, Kender et al., in review) suggest two possible scenarios of MPT 
climate change in the eastern Bering Sea. The first scenario depicts no long-term 
change in MPT ice volume with BWT warming and increased δ18Ow across MIS 22 
(Table 4.2) in the Bering Sea resulting from a onetime event. Similar changes in BWT 
and δ18Ow evolution to Site U1343 are also observed at ODP Site 1208 on Shatsky 
Rise in the deep North Pacific (Ford and Raymo, 2017), potentially indicating a more 
widespread hydrographical event at this time. On the other hand, the observed BWT 
and δ18Ob changes at Site U1343 can be explained by an increase in continental ice 
volume prior to or during MIS 22 (Table 4.2) and enhanced incursion of NPIW in the 
deep Bering Sea during post-MPT glacials, in line with the LGM-Holocene record. 
The latter scenario is additionally supported by δ18Ow reconstructions at Site U1343 
from interpolated δ18Ob and BWT, indicating positive δ18Ow deviations from the mean 
during and preceding MIS 22 (Figure 4.12). 
δ18Ow at Site U1343 in conjunction with δ18Ow from Site 607 (Sosdian and Rosenthal, 
2009) and Site 1123 (Elderfield et al., 2012), highlights the 900-ka event as an 
important interval for MPT continental ice volume evolution, marking the onset of a 
more ‘in-phase’ behaviour of all three records in the δ18Ow deviation from the mean 
across both glacial and interglacial intervals (Figure 4.12). However, this study also 
emphasizes the importance of the regional hydrography on δ18Ow as proposed by Ford 
et al. (2016) and highlights the need for additional high resolution records of δ18Ow 
across the MPT to derive a globally averaged stack, less sensitive to regional climate 
signals.  
Even though, the BWT record at Site U1343 was not able to reconcile the divergent 
ice volume histories for the MPT as reconstructed from the North Atlantic (Sosdian 
and Rosenthal, 2009, Ford et al., 2016) and the Southwest Pacific (Elderfield et al., 
2012), it represents a valuable contribution to our understanding of North Pacific 
climate change, particularly with respect to the importance of NPIW in this region. 
Recent studies suggest that increased export of NPIW during the LGM may have 
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increased primary productivity in the equatorial Pacific (Max et al., 2017) and that a 
deeper penetration of NPIW during glacials of the Mid-Pleistocene could potentially 
aid in atmospheric CO2 drawdown by reducing the eddy-driven upwelling of old and 
CO2-rich deep waters in the Bering Sea (Kender et al., in review). Thus, additional 
records of δ18Ob and δ18Ow in conjunction with carbon cycle proxies are needed in 
areas of the North Pacific sensitive to changes in the local hydrography, in order to 
decipher the depth of NPIW during Pleistocene glacials and its role for the North 
Pacific carbon cycle. 
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5. Pleistocene variability in 
sedimentary redox chemistry in the 
eastern Bering Sea 
5.1 Introduction 
Today the Bering Sea is characterized by high primary productivity along the eastern 
shelf break, maintained by CO2 and nutrient rich upwelled deep waters (Mizobata et 
al., 2002, Mizobata and Saitoh, 2004, Mizobata et al., 2008, Ladd et al., 2012), tidal 
mixing, transverse circulation (Springer et al., 1996, Mizobata et al., 2006, Hurst et 
al., 2010, Tanaka et al., 2012), and nutrient release during spring sea ice melting 
(Wang et al., 2014). As such, low oxygen concentrations are pervasive in mid-depth 
waters, forming a pronounced oxygen minimum zone (OMZ) (Whitledge and Luchin, 
1999, Expedition 323 Scientists 2010) (Figure 1.5). Changes in the ventilation and 
export productivity in the past have been shown to impact this OMZ on orbital 
timescales. In particular the contribution of well-ventilated North Pacific Intermediate 
Water (NPIW) versus poorly ventilated North Pacific Deep Water (NPDW), changes 
in the ventilation of NPDW, and enhanced/reduced primary productivity during 
interglacials and glacials, respectively, fundamentally alter the oxygen concentrations 
([O2]) in intermediate to deep waters of the Bering Sea. 
O2 in the ocean interior is replenished by a process called ventilation, where O2-rich 
waters equilibrated with the atmosphere are subducted via deep or intermediate water 
formation. No deep waters form in the North Pacific today, resulting from the low 
surface ocean salinities and the strong stratification of the water column with a 
pronounced halocline (Warren, 1983, Emile‐Geay et al., 2003). However, 
intermediate waters form by mixing of brines produced during sea ice freezing in the 
Sea of Okhotsk with subsurface waters (Talley, 1993). Evidence of oxygen and carbon 
isotopes, suggest increased ventilation of intermediate waters in the Bering Sea during 
glacials of the last 1200 ka, accompanied by a deepening of the divide between well-
ventilated intermediate waters and poorly ventilated deep water masses, at least for 
the last glacial maximum (LGM) (Duplessy et al., 1989, Matsumoto et al., 2002, 
Ahagon et al., 2003, Sagawa and Ikehara, 2008, Okazaki et al., 2012, Jaccard and 
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Galbraith, 2013, Rae et al., 2014, Max et al., 2014, Knudson and Ravelo, 2015b, Cook 
et al., 2016). Today NPIW, formed from atmospherically-equilibrated sea ice brines 
in the Sea of Okhotsk and mixing with nutrient-rich subsurface waters (Talley, 1993, 
Shcherbina et al., 2003), is found at 300-700 m water depth (Talley, 1993), while 
increased ventilation during glacials has been reported from 800 m water depth for the 
last 1200 ka (Knudson and Ravelo, 2015b) and even deeper between 1000 m to ~3500 
m water depth during the LGM and across cold stadials of  the last deglaciation in the 
Bering Sea and across the North Pacific (Duplessy et al., 1989, Ahagon et al., 2003, 
Sagawa and Ikehara, 2008, Okazaki et al., 2012, Rae et al., 2014, Max et al., 2014, 
Cook et al., 2016). Increased intermediate/deep water formation in the North Pacific 
during Heinrich stadial 1 (HS1) is also seen in climate models (Saenko et al., 2004, 
Okazaki et al., 2010), however, proxy evidence from > ~2400 m water depth in the 
north western and north eastern North Pacific does not show increased ventilation 
during HS1 (Lund et al., 2011, Jaccard and Galbraith, 2013), with the exception of one 
record in the Gulf of Alaska (Rae et al., 2014), contradicting the formation of a ‘true’ 
deep water mass in the North Pacific during the last deglaciation. Nevertheless, proxy 
records from across the North Pacific and its marginal seas during the last 
glacial/interglacial (G/IG) cycle, indicate increased penetration of well-ventilated 
intermediate waters to depths of up to ~2000 m (Duplessy et al., 1989, Ahagon et al., 
2003, Sagawa and Ikehara, 2008, Okazaki et al., 2012, Rae et al., 2014, Max et al., 
2014, Cook et al., 2016), underlain by NPDW characterised by decreased glacial [O2] 
(Galbraith et al., 2007, Jaccard et al., 2009, Lund et al., 2011, Jaccard and Galbraith, 
2013). Evidence of carbon and oxygen isotopes together with neodymium isotopes 
(εNd), suggests that the Bering Sea may have been the primary location of glacial 
NPIW water formation during the late Pleistocene, with brine formation during sea ice 
freezing facilitating the subduction of atmospherically-equilibrated O2-rich waters 
(Ohkushi et al., 2003, Horikawa et al., 2010, Rella et al., 2012, Knudson and Ravelo, 
2015b). On the other hand, the Sea of Okhotsk might also have been important with 
respect to NPIW water formation during both glacials and interglacials (Talley, 1993, 
Watanabe and Wakatsuchi, 1998, Max et al., 2014, Okazaki et al., 2014), indicating 
that further research is needed to fully understand the source region dynamics of NPIW 
on G/IG timescales.  
Chapter 5: Pleistocene variability in sedimentary redox chemistry in the eastern Bering Sea 
129 
 
Compared to intermediate waters that are ventilated locally, deep waters in the North 
Pacific originate in the south and are ventilated primarily by deep water formation 
around Antarctica (Killworth, 1983, Broecker et al., 1998, Kawabe and Fujio, 2010). 
On orbital timescales large amounts of carbon were likely stored in the deep ocean 
during glacials and released across the deglaciation (Boyle, 1988, Galbraith et al., 
2007, Jaccard et al., 2009, Yu et al., 2010a, Skinner et al., 2010, Burke and Robinson, 
2012). Additionally, evidence from the North Atlantic suggest increased deep ocean 
carbon storage first observed between 800-1000 ka associated with the Mid-
Pleistocene transition (MPT) (Lear et al., 2016, Sosdian et al., 2018). Sequestration of 
carbon in the deep ocean via changes in the air-sea gas exchange (Stephens and 
Keeling, 2000, Toggweiler et al., 2006, Schmittner and Galbraith, 2008, Anderson et 
al., 2009, Jaccard et al., 2013, Ferrari et al., 2014, Billups et al., 2018) and/or changes 
in the efficiency of the biological pump (Martin, 1990, Jaccard et al., 2009, Jaccard 
and Galbraith, 2012, Ziegler et al., 2013, Jaccard et al., 2013, Martínez-García et al., 
2014, Gottschalk et al., 2016), has the potential to influence the bottom water [O2] on 
orbital time scales. Whereas, reduced air-sea gas exchange, caused by increased sea 
ice and/or stratification in areas of deep water formation around Antarctica (Stephens 
and Keeling, 2000, Schmittner and Galbraith, 2008, Ferrari et al., 2014, Billups et al., 
2018), would decrease bottom water oxygenation by reducing the invasion of 
atmospheric O2 and the evasion of dissolved CO2, changes in the biological pump, 
would affect deep water [O2] by increasing the amount of respired carbon that 
accumulates in the deep ocean (Jaccard et al., 2009, Bradtmiller et al., 2010, Jaccard 
and Galbraith, 2012, Gottschalk et al., 2016). The deep North Pacific [O2] has been 
shown to sensitively respond to changes in deep ocean carbon storage on G/IG 
timescales throughout the late Pleistocene. Decreased [O2] of NPDW is observed in 
the equatorial Pacific during marine isotope stage (MIS) 2, 4, 6 and 8 (Jacobel et al., 
2017) and in the North Pacific during glacial intervals of the last ~150 ka, associated 
with a change in the ratio of preformed to regenerated nutrients, facilitating deep ocean 
carbon storage (Galbraith et al., 2007, Jaccard et al., 2009).  
In addition to changes in the water mass structure across G/IG cycles, Bering Sea 
bottom water [O2] is influenced by regional processes, in particular primary 
productivity, causing an expansion or contraction of the mid-depth OMZ. Today, 
primary productivity in the Bering Sea ‘Green Belt’ is on the order of 175-275 g C m-
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2 yr-1 (Springer et al., 1996) and causes high rates of remineralisation of organic matter 
settling through the water column accompanied by oxygen consumption and the 
formation of a mid-depth OMZ, with [O2] of 0.43-1.57 mg L-1 (Whitledge and Luchin, 
1999) (Figure 1.5). Laminated sediments on the Bering Sea Ridges and along the 
continental margin are faithful recorders of OMZ dynamics, indicating an expansion 
of the OMZ during periods of increased primary productivity across the last 
deglaciation, such as the Bølling-Allerød (B/A, ~12.7 ka to 14.7 ka) and the early 
Holocene (Cook et al., 2005, Expedition 323 Scientists 2010, Caissie et al., 2010, 
Aiello and Ravelo, 2012, Kuehn et al., 2014, Pelto et al., 2018). 
Multiple approaches exist to reconstruct past bottom water [O2], including bulk 
sedimentary redox sensitive trace metals (Morford and Emerson, 1999, Chase et al., 
2001, Morford et al., 2007, Jaccard et al., 2009, Pattan and Pearce, 2009), benthic 
foraminiferal assemblages (Hayward et al., 2005, Jorissen et al., 2007, Ovsepyan et 
al., 2017), foraminiferal I/Ca (Lu et al., 2010, Glock et al., 2014) and Mn/Ca 
(Groeneveld and Filipsson, 2013, Koho et al., 2015, McKay et al., 2015), and 
authigenic foraminiferal U/Ca and U/Mn (Boiteau et al., 2012, Gottschalk et al., 2016, 
Chen et al., 2017), however each proxy comes with individual caveats. To date only 
very limited applications have been reported for reconstructing bottom water [O2] 
across the Mid-Pleistocene (Hayward et al., 2005).  
I present records of authigenic U/Mn and U/Ca of benthic and planktonic foraminifera 
as a proxy for sedimentary redox chemistry linked to bottom water [O2] (Boiteau et 
al., 2012, Gottschalk et al., 2016, Chen et al., 2017), in combination with benthic 
foraminiferal assemblages, as an independent quantitative ecological parameter 
(Jorissen et al., 2007), from International Ocean Discover Program (IODP) Site U1343 
in the eastern Bering Sea (~2000 m water depth) across the Mid-Pleistocene and the 
LGM-Holocene. Benthic foraminiferal assemblages, benthic/planktonic U/Mn, and 
planktonic U/Ca demonstrate prominent changes in the sedimentary redox chemistry 
on G/IG timescales, influenced by the range of processes described above. Even 
though the influence of primary productivity on bottom water [O2] cannot be ruled 
out, records of sedimentary redox chemistry and foraminiferal assemblages likely 
suggest a deepening of NPIW across the MPT, also seen during the LGM and HS1. 
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5.2 Materials and methods 
5.2.1 U/Mn and U/Ca of authigenic foraminiferal coatings  
U/Ca and Mn/Ca was measured on benthic and planktonic foraminifera across the last 
G/IG cycle and the Mid-Pleistocene at IODP Site U1343. Benthic U/Mn of Elphidium 
batialis, Islandiella norcrossi, and Uvigerina spp. (150-250 µm size fraction) was 
calculated from U/Ca and Mn/Ca ratios measured on the same sample material as 
Mg/Ca, cleaned according to the Cd-cleaning protocol (Boyle, 1983, Boyle and 
Keigwin, 1985). In total U/Mn was quantified on 55, 79, and 18 E. batialis, I. 
norcrossi, and Uvigerina spp. samples respectively. Additionally, 54 samples of 
Neogloboquadrina pachyderma from the 150-250 µm size fraction cleaned according 
to the Mg-cleaning protocol (Barker et al., 2003), were analysed for Mn/Ca and U/Ca 
to calculate the U/Mn ratios. 
All samples were analysed on a Thermo Element XR High Resolution Inductively 
Coupled Plasma Mass Spectrometer (ICP-MS) at Cardiff University with matrix-
matched standards for ratio calculations. The consistency standards contain 0.16 mmol 
mol-1 and 0.14 mmol mol-1 U/Mn, respectively with an external reproducibility of ± 
3.11 % and ± 2.26 % (relative standard deviation (r.s.d.)) across the time period of this 
study. Based on the approach taken to calculate benthic and planktonic U/Mn ratios, 
the average propagated analytical uncertainty is very low for all species (below ± 0.06 
mmol mol-1, s.e.).  
5.2.2 Low oxygen benthic foraminifera assemblage census counts 
The assemblage in the mid-depth Bering Sea is typically dominated by calcareous 
infaunal foraminiferal species, controlled by the oxygen conditions and supply of 
organic matter to the seafloor (Setoyama and Kaminski, 2015). Dominant species are 
tolerant to depleted oxygen conditions, related to the pronounced mid-depth OMZ and 
large export of organic carbon to the sediments, particularly within the Green Belt 
along the eastern slope (Khusid et al., 2006, Setoyama and Kaminski, 2015).  
The dominant benthic foraminiferal species at Site U1343 include Elphidium batialis, 
Uvigerina spp., Islandiella norcrossi, Eubuliminella exilis, Cassidulinoides 
parkerianus, Nonionella labradorica, and Globobulimina spp. (primarily G. pacifica 
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and G. affinis). Other commonly occurring species include Valvulineria auracana, 
Nonionella digitata, Lagena spp., and Epistominella exigua.  
 
Table 5.1 Dysoxic foraminiferal assemblage in the Bering Sea  
Dysoxic (0.1-0.3 ml L-1 [O2]) foraminiferal assemblage 
Species Reference 
Bolivina spp. 
Globobulimina spp. 
Nonionella digitata 
Chilostomella fimbriata 
Ovsepyan et al. (2017) 
Eubuliminella exilis McKay et al. (2016), Caralp (1989), 
Jannink et al. (1998), Filipsson et al. 
(2011), Cauelle et al. (2014) 
  
The dysoxic (0.1-0.3 ml L- 1) (Kaiho, 1994) foraminiferal assemblage is based on the 
criteria set out in Ovsepyan et al. (2017) (Table 5.1), with predominantly Nonionella 
digitata, and Globobulimina spp. occurring at Site U1343. Additionally, 
Eubuliminella exilis associated with high input of labile organic matter and tolerant to 
low-oxygen environments is considered for the dysoxic assemblage (Caralp, 1989, 
Jannink et al., 1998, Filipsson et al., 2011, Cauelle et al., 2014, McKay et al., 2016) 
(Table 5.1). In total 241 samples from the Mid-Pleistocene and 30 samples from the 
LGM-Holocene were processed for benthic foraminiferal assemblage counts. The 
census counts of the dysoxic benthic foraminiferal assemblage are presented in 
percentage of the total counts of foraminifera in the respective sample. All samples 
with >30 specimens are considered. When present, E. exilis occurs in large quantities, 
dominating the dysoxic assemblage at Site U1343. 
5.3 Results 
5.3.1 Down-core U/Mn and U/Ca of authigenic foraminiferal coatings at 
IODP Site U1343 
U/Mn ratios of shallow infaunal benthic foraminifera at Site U1343 across the Mid-
Pleistocene (1200 ka to 450 ka) vary between 0.3-11.3 mmol mol-1, 0.7-23.5 mmol 
mol-1, and 0.2-7.6 mmol mol-1, for E. batialis, I. norcrossi, and Uvigerina spp., 
Chapter 5: Pleistocene variability in sedimentary redox chemistry in the eastern Bering Sea 
133 
 
respectively, similar to the overall range in U/Mn of the planktonic species N. 
pachyderma (1.32-12.5 mmol mol-1) (Figure 5.1).  
 
 
Figure 5.1 (A) Planktonic U/Mn of N. pachyderma (orange dots) including the 3-point 
running mean (thick orange line) across the Mid-Pleistocene from Site U1343, together with 
(B) the benthic U/Mn of E. batialis (red triangles), I. norcrossi (green diamonds), and 
Uvigerina spp. (blue diamonds) and the 3-point running mean (thick purple line). Note that 
the axes for U/Mn are on the logarithmic scale. (C) The δ18Ob curve at IODP Site U1343 
(Asahi et al., 2016, Kender et al., in review) (black) together with the LR04 stack (grey) 
(Lisiecki and Raymo, 2005). The grey vertical bars represent glacial intervals, numbers at the 
top correspond to marine isotope stages (MIS boundaries from (Lisiecki and Raymo, 2005)).  
 
Across the LGM-Holocene interval U/Mn varies between 0.1-0.2 mmol mol-1 and 0.5-
1.2 mmol mol-1 for Uvigerina spp. and I. norcrossi, respectively (Figure 5.2). 
However, interpretation of benthic U/Mn across this interval is hindered by a faunal 
change associated with the deglaciation, with I. norcrossi exclusively occurring during 
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the LGM and Uvigerina spp. only during the Holocene (Figure 5.2). As these samples 
are from above the Sulphate-Methane Transition Zone (SMTZ), less authigenic 
carbonate formation is expected, such that chemical cleaning may be more effective 
in removing the authigenic phases.  
 
 
Figure 5.2 (A) U/Ca of planktonic foraminiferal species N. pachyderma (orange) across 
Termination I. (B) U/Mn of I. norcrossi (green diamonds) and Uvigerina spp. (blue diamonds) 
across the LGM-Holocene, the deglaciation is associated with a faunal change (dashed line). 
Note that the axis for U/Mn is on the logarithmic scale. (C) δ18Ob record at IODP Site U1343 
(adjusted for the offset between E. batialis and equilibrium) (black) (Asahi et al., 2016) and 
the LR04 stack (grey) (Lisiecki and Raymo, 2005). The grey vertical bar represents the last 
glacial interval, numbers at the top correspond to marine isotope stages (MIS boundaries from 
(Lisiecki and Raymo, 2005)). 
 
This is in line with U/Ca and Mn/Ca ratios of benthic foraminifera across the LGM-
Holocene, cleaned according to the Cd-cleaning protocol, being within the expected 
range of primary foraminiferal calcite of <23 nmol mol-1 and <100 µmol mol-1 for 
U/Ca and Mn/Ca, respectively (Barker et al., 2003, Chen et al., 2017). Thus, the 
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primary foraminiferal trace metal ratios may have a larger influence on the measured 
U/Mn signal, compared to samples from below the SMTZ. Mn/Ca ratios of primary 
foraminiferal calcite, for example have been proposed to increase together with the 
average living depth of the organism (Koho et al., 2017). However, Koho et al. (2017) 
also note a large interspecific difference likely reflecting changes in the Mn 
partitioning, also observed for U partitioning into primary foraminiferal calcite 
(Raitzsch et al., 2011). Consistently higher U/Mn ratios in Uvigerina spp. compared 
to I. norcrossi across this interval, are thus either related to changes in the redox 
chemistry between the LGM and the Holocene, or reflect species-specific differences 
in the partition coefficient of Mn (Koho et al., 2017) or U into foraminiferal calcite 
(Raitzsch et al., 2011).  
Samples of N. pachyderma across the LGM-Holocene were too small to quantify the 
Mn/Ca ratio with certainty (signal-to-noise ratio <5). Instead, U/Ca varying between 
10.6 nmol mol-1 and 46.8 nmol mol-1 are examined across the LGM-Holocene 
transition (Termination I). U/Ca ratios of authigenic foraminiferal coatings are also 
proposed to reflect changes in the ocean’s redox chemistry, similar to U/Mn (Boiteau 
et al., 2012). Compared to U/Mn, however, U/Ca may be affected by differences in 
the surface-to-mass ratio of foraminiferal tests, influenced by the shell size and wall 
thickness (Gottschalk et al., 2016). Thus, U/Ca ratios may exhibit bias with respect to 
size fraction and species. Since records of planktonic U/Ca are from a single species 
and a relatively narrow size fraction (150-250 µm), the effect of the surface-to-mass 
ratio on authigenic carbonate accumulation is likely small.  
5.3.2 The effect of different cleaning techniques on foraminiferal 
authigenic U/Mn  
Unlike benthic foraminiferal U/Mn ratios that were acquired on the same sample 
material as Mg/Ca ratios, cleaned using the Cd-protocol (Boyle, 1983, Boyle and 
Keigwin, 1985), N. pachyderma samples were cleaned using the Mg-cleaning protocol 
(Chapter 2 section 2.3.7) (Barker et al., 2003). Boiteau et al. (2012) demonstrate that 
authigenic U/Ca ratios of planktonic foraminifera are highly sensitive to the applied 
chemical cleaning techniques, with a reduction in U/Ca of ~30 % during the reductive 
cleaning, likely as a result of dissolution of the U-enriched contamination phase 
(Boiteau et al., 2012). Similar reduction in U/Ca, related to the reductive cleaning, has 
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also been observed for core top benthic foraminiferal U/Ca ratios (Chen et al., 2017), 
while U/Mn ratios of the same samples seemed to be less sensitive to the cleaning 
method (Chen et al., 2017). 
Oxidatively cleaned planktonic and reductively cleaned benthic foraminifera from Site 
U1343 demonstrate very similar trends in U/Mn across the Mid-Pleistocene, 
highlighted by a significant positive correlation (R2 = 0.51 [0.29; 0.68], n = 25) (Figure 
5.3). Thus, even though reductive cleaning likely removes a larger fraction of the 
contamination phase (Pena et al., 2005, Hasenfratz et al., 2017a), the measured U/Mn 
of reductively cleaned foraminiferal samples at Site U1343 still varies in conjunction 
with changes in the U/Mn of authigenic carbonates. Scanning electron microscope 
(SEM) images and Electron probe microanalyser (EPMA) chemical mapping of 
individual foraminifera fragments, demonstrates that authigenic carbonates can form 
as a crust on the inside and/or outside of the foraminiferal tests, or as recrystallization 
within the test walls (Figure 3.8). Hence, a complete removal of authigenic carbonates 
by reductive cleaning is unlikely, indicating that both planktonic and benthic 
foraminiferal U/Mn ratios reflect changes in the authigenic carbonate composition, at 
least below the SMTZ. 
 
 
Figure 5.3 Cross plot of U/Mn of benthic foraminifera (I. norcrossi (green diamonds) and E. 
batialis (red triangles)) cleaned using the Cd-protocol (Boyle and Keigwin, 1985, Boyle and 
Keigwin, 1987) and U/Mn of planktonic foraminiferal species N. pachyderma cleaned using 
the Mg-protocol (Barker et al., 2003). There is a significant positive correlation (R2 = 0.51 
[0.29; 0.68], n = 25). 
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5.3.3 Inter- and intra-species variability of U/Mn  
To assess the natural variability in U/Mn, two replicates of two E. batialis and one 
Uvigerina spp. sample were picked, cleaned, and measured separately. The variability 
is on the order of 5-16 % (relative standard deviation (r.s.d.)). The inter-species 
variability between E. batialis, I. norcrossi, and Uvigerina spp. at Site U1343 in 
samples from below the SMTZ varies between 1.5 % (r.s.d.) and 82 % (r.s.d.), 
however, the offsets between species are inconsistent (Figure 5.4). I therefore 
conclude, that the intra-species variability cannot solemnly result from offsets in the 
primary foraminiferal U/Ca and Mn/Ca ratios as a result of microhabitat differences 
of the individual species. Gottschalk et al. (2016) propose, that normalising 
foraminifera-bound authigenic U to Mn, rather than Ca, reduces the species-specific 
effects, associated with the surface to mass ratio of the tests, as both U and Mn are 
primarily associated with the authigenic phases. The observed intra-species variability 
thus likely reflects spatial variability in the sedimentary redox chemistry and the 
formation of microenvironments within the sediment/foraminifera tests, fostering 
authigenic carbonate precipitation. This is also supported by the large inter and intra 
species variability in diagenetic alteration within one sample as seen under the 
reflective light microscope (Chapter 3). 
 
 
Figure 5.4 Cross plot of U/Mn of E. batialis versus U/Mn of I. norcrossi (green diamonds) 
and Uvigerina spp. (blue diamonds) from the same sample. The species-specific offsets are 
not consistent as seen from the scatter in the data both above and below the 1:1 line (black 
line).  
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5.3.4 Low oxygen benthic foraminiferal assemblages 
The abundance of low oxygen tolerant foraminifera at IODP Site U1343 varies 
between 3 % and 93 % across the LGM-Holocene and between 0 % and 87 % across 
the Mid-Pleistocene (Figure 5.5). The abundance demonstrates distinct variability on 
G/IG timescales. MIS 2 is marked by an average abundance of 32 ± 5 % (standard 
error (s.e.)), whereas the deglaciation shows up to 93 % low oxygen benthic 
foraminifera, indicating prominent changes in either bottom water [O2] and/or the 
supply of labile organic matter on these timescales. Across the Mid-Pleistocene glacial 
intervals are characterised by an average of 15 ± 7 % (s.e.), whereas interglacials show 
an average abundance of 18 ± 6 % (s.e.). In general the dysoxic benthic foraminiferal 
assemblage demonstrates low abundance prior to MIS 26 (Table 4.2). Following MIS 
26 peaks in the dysoxic foraminiferal assemblage occur predominantly during late 
glacials/early deglaciations (Figure 5.5). 
 
 
Figure 5.5 (A) The abundance of dysoxic benthic foraminiferal species at Site U1343 (dark 
blue) across the LGM-Holocene and the Mid-Pleistocene in percent. (B) δ18Ob at IODP Site 
U1343 (black) (Asahi et al., 2016) together with the LR04 stack (grey) (Lisiecki and Raymo, 
2005). The grey vertical bars represent glacial intervals, numbers at the top correspond to 
marine isotope stages (MIS boundaries from (Lisiecki and Raymo, 2005)). 
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5.4 Discussion 
5.4.1 Authigenic foraminiferal U/Mn as a proxy for sedimentary redox 
conditions above and below the SMTZ 
As demonstrated in Chapter 3 foraminiferal-bound U and Mn are significantly 
influenced by early diagenesis at Site U1343. Laser ablation inductively coupled 
plasma mass spectrometry (LA-ICP-MS) U/Ca ratios of foraminifera from above the 
modern SMTZ suggest precipitation of minor amounts of authigenic low-Mg calcite, 
as a result of organoclastic sulphate reduction. This could indicate that instead of 
representing changes in the redox chemistry, authigenic carbonates on foraminiferal 
tests accumulate continuously as they get buried in the sediments. Even though 
dissolved U concentrations in pore waters vary with the redox chemistry, continuous 
accumulation would likely be characterised by increased authigenic U/Ca ratios of 
foraminifera with increasing depth. U/Ca ratios of planktonic foraminiferal species N. 
pachyderma, however, decrease with increasing sediment depth (Figure 5.2), 
suggesting that foraminiferal trace metal ratios of authigenic carbonates from above 
the SMTZ track early diagenetic processes, related to changes in the redox chemistry 
in support of previous studies (Gottschalk et al., 2016, Chen et al., 2017).  
Within the SMTZ anaerobic oxidation of methane (AOM) drives authigenic carbonate 
precipitation (Pierre et al., 2016), significantly influencing the U/Ca and Mn/Ca ratio 
of foraminiferal authigenic coatings at Site U1343 (Chapter 3). LA-ICP-MS data and 
SEM imaging of foraminifera (Chapter 3) show that major diagenetic alterations of 
foraminiferal tests, likely indicating more intense rates of AOM and authigenic 
carbonate formation, are accompanied by increased Mn/Ca and U/Ca ratios (Figure 
3.11). However, the U/Ca versus Mn/Ca ratios do not fall on a 1:1 line, instead the 
U/Ca increase associated with a higher degree of diagenetic alterations of 
foraminiferal tests is proportionally larger compared to the related Mn/Ca increase 
(Figure 3.13). This suggests an increase in the U/Mn ratio with diagenetic alteration, 
in line with more reducing conditions leading to stronger rates of AOM and authigenic 
carbonate formation. Thus, the U/Mn ratios of foraminifera from below the SMTZ 
likely vary according to changes in the sedimentary redox state, however, the vertical 
movement of the SMTZ could have caused build-up of authigenic carbonates in 
sedimentary horizons. Consequently, U/Mn ratios of foraminifera from below the 
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SMTZ either reflect changes in the sedimentary redox chemistry and/or residence time 
of foraminifera tests within the SMTZ associated with vertical migration of this redox-
horizon. The former implies an age offset between the SMTZ precipitation and the 
redox state it reflects, determined by the depth of the SMTZ, which is driven by the 
balance of the downward flux of sulphate and the upward flux of methane in the pore 
waters (Wehrmann et al., 2011).  
 
 
Figure 5.6 The depth of the Sulphate-Methane Transition Zone (SMTZ) at 3 different Sites 
(A) U1344, (B) U1345, and (C) U1343 along the eastern Bering Sea slope, cored during IODP 
Leg 323 (Expedition 323 Scientists 2010). The pore water sulphate and methane profiles 
demonstrate clear gradients with no/little overlap, characteristic of the SMTZ. The depth of 
the SMTZ along the eastern Bering Sea slope is governed by the bottom water [O2] 
(Wehrmann et al., 2011). Dissolved sulphate and methane concentrations from LIMS Version 
17.3 (http://web.iodp.tamu.edu/LORE/), bottom water [O2] from Olsen et al. (2016) and 
Garcia et al. (2006a). 
 
Sulphate in pore waters originates from diffusion of seawater with constant sulphate 
concentrations (~29 mM (Millero, 2013)), thus changes in the sulphate flux into the 
SMTZ are primarily related to rates of organoclastic sulphate reduction above the 
SMTZ (Wehrmann et al., 2011). Changes in the methane flux, on the other hand, are 
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controlled by the supply of methane from either a thermogenic origin or, in the case 
of the eastern Bering Sea continental margin, microbial methanogenesis in deeper 
sediments (Wehrmann et al., 2011). The modern depth of the SMTZ along the eastern 
Bering Sea slope is governed by the [O2] of the bottom waters, with a shallower SMTZ 
depth for sediments within the OMZ, related to the increased availability of labile 
organic matter for methanogenesis in deeper sediments due to an early shift from 
aerobic to anaerobic remineralisation pathways (Wehrmann et al., 2011) (Figure 5.6). 
This indicates that the SMTZ depth at Site U1343 may have changed in the past in 
relation to changes in the bottom water [O2], as a result of either local OMZ expansion 
or changes in the [O2] of water masses contributing to the deep Bering Sea. Laminated 
intervals from across the Bering Sea (Expedition 323 Scientists 2010, Aiello and 
Ravelo, 2012, Kuehn et al., 2014, Pelto et al., 2018) and at Site U1343 (Expedition 
323 Scientists 2010), correlating with the B/A and the early Holocene (Expedition 323 
Scientists 2010), demonstrate OMZ expansion during times of increased primary 
productivity and increased organic carbon remineralization in the water column 
(Aiello and Ravelo, 2012, Kuehn et al., 2014) (Figure 5.7). Additionally, studies from 
the North Pacific and the Bering Sea indicate prominent changes in bottom and 
intermediate water [O2] on G/IG timescales in relation to increased deep ocean carbon 
storage during glacial intervals and local NPIW formation (Galbraith et al., 2007, 
Jaccard et al., 2009, Knudson and Ravelo, 2015b, Cook et al., 2016, Max et al., 2017).  
The rate and magnitude of vertical SMTZ migration in relation to environmental 
changes, however, is still poorly understood. In the modern day Bering Sea, the SMTZ 
depth along the eastern Bering Sea margin between 1000-3000 m water depth varies 
by ~2 m in conjunction with differences in the bottom water [O2] (Wehrmann et al., 
2011) (Figure 5.6). Foraminiferal Mg/Ca and U/Ca LA-ICP-MS data from IODP Site 
U1343, support potential SMTZ migration on a meter-scale. Considering the LGM-
Holocene climate change, the lowest bottom water [O2] in the eastern Bering Sea is 
expected during the B/A and the early Holocene, characterised by laminated sediments 
at Site U1343 and throughout the Bering Sea (Cook et al., 2005, Expedition 323 
Scientists 2010, Caissie et al., 2010, Aiello and Ravelo, 2012, Kuehn et al., 2014, Pelto 
et al., 2018), indicating bottom water [O2] below <0.1 ml L-1 (Moffitt et al., 2015).  
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Figure 5.7 Schematic view of the lithology and stratigraphy of the core composite at IODP 
Site U1343. The age model is based on oxygen isotope stratigraphy (Asahi et al., 2016), the 
depth of the modern Sulphate-Methane Transition Zone (SMTZ) is at ~8 mbsf (Wehrmann et 
al., 2011) (yellow horizontal bar). There is no evidence of SMTZ-related high-Mg authigenic 
calcite on foraminiferal shells above ~7 m CCSF-A (green vertical bar), indicating that during 
the B/A (orange horizontal bar) the SMTZ could not have been above ~4.6 mbsf. Laminations 
are indicated in blue (Expedition 323 Scientists 2010). Core images and dissolved sulphate 
(white) and methane (light grey) concentrations from LIMS 
(http://web.iodp.tamu.edu/LORE/). 
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Since the B/A, ~2.4 m of sediments have accumulated at Site U1343, indicating a 
minimum possible SMTZ depth of ~4.6 mbsf during this time, as there is no evidence 
for SMTZ-related authigenic high-Mg precipitation on foraminifera above ~7 m core 
composite depth below seafloor (CCSF-A) today (Figure 5.7). Other studies from the 
western Svalbard margin also demonstrate SMTZ-related authigenic carbonate 
precipitation within ~1 m of the present day SMTZ in support of vertical migration on 
a meter-scale (Panieri et al., 2017). Assuming SMTZ migration on the order of ±4 m 
would imply an age uncertainty of 24 ± 11 ka associated with authigenic carbonates 
precipitated within the SMTZ, considering sedimentation rates of 34 ± 11 cm ka-1 at 
Site U1343 (Asahi et al., 2016).  
This uncertainty accounts for roughly half a G/IG cycle prior to the MPT and a quarter 
of a climate cycle post-MPT. I thus argue that even though the precise timing of 
changes in the U/Mn related to bottom water [O2] of samples from below the SMTZ 
may not be definable, average glacial and interglacial U/Mn values may still provide 
valuable information with respect to environmental changes on orbital timescales, 
especially during the late Pleistocene, marked by 100-ka climate cyclicity. To 
calculate the age offset (Δka) between the authigenic carbonate formation within the 
SMTZ and the changes in the sedimentary redox-chemistry it reflects, I used the linear 
sedimentation rates (LSR) at Site U1343 in combination with the modern depth of the 
SMTZ (~ 8 mbsf (Wehrmann et al., 2011)) assuming a constant depth of the SMTZ 
through time (Equation 5.1). 
𝛥𝑘𝑎 =  
𝐷𝑒𝑝𝑡ℎ𝑆𝑀𝑇𝑍 (𝑐𝑚)
𝐿𝑆𝑅 (𝑐𝑚 𝑘𝑎−1)
                                     (Equation 5.1) 
Subsequently, glacial and interglacial averages of both planktonic and benthic U/Mn 
were calculated to reduce the bias associated with the SMTZ migration and the inter-
species U/Mn differences.  
5.4.2 Sedimentary redox chemistry across the last glacial maximum to the 
Holocene 
Authigenic U/Mn and U/Ca of benthic and planktonic foraminifera at Site U1343 
across the LGM to Holocene demonstrate prominent changes in the sedimentary redox 
regime. Here I explore changes in the bottom water [O2] and primary productivity as 
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drivers of sedimentary redox conditions, to infer changes in the Bering Sea ventilation 
across MIS 2 and MIS 1 at ~2000 m water depth.  
Modern bottom water oxygen concentrations at Site U1343, bathed in NPDW, are 52 
μmol kg-1 (Olsen et al., 2016) underlying the prominent mid-depth OMZ in the Bering 
Sea (Figure 1.5). Glacial NPDW in the North Pacific is characterised by decreased 
bottom water [O2] on the order of 20 [5; 50] μmol kg-1 (Jaccard et al., 2009) across the 
LGM, suggesting decreased bottom water [O2] at Site U1343 during glacials if it was 
consistently bathed in NPDW. On the other hand, atmospherically-equilibrated O2-
rich NPIW has been proposed to form locally in the Bering Sea during glacials, 
carrying well ventilated waters to greater depth (Horikawa et al., 2010, Rella et al., 
2012, Knudson and Ravelo, 2015b, Cook et al., 2016), thus episodes of NPIW 
entrainment at Site U1343 should be characterised by increased bottom water [O2] 
compared to the modern concentration. Laminated sediments along the eastern Bering 
slope, however, demonstrate that OMZ expansion may also have played a fundamental 
role for oxygenation of mid-depth waters, primarily across intervals of enhanced 
primary productivity across the last deglaciation, namely the B/A and the early 
Holocene (Expedition 323 Scientists Cook et al., 2005, 2010, Aiello and Ravelo, 2012, 
Kuehn et al., 2014, Ovsepyan et al., 2017, Pelto et al., 2018), characterised by bottom 
water [O2] of <5 μmol kg-1 (Moffitt et al., 2015).  
During MIS 2 benthic foraminiferal U/Mn measured on I. norcrossi is 0.92 ± 0.12 
mmol mol-1 standard error (s.e.) on average, with two episodes of slightly decreased 
values (0.55 ± 0.05 mmol mol-1 (s.e.)) around ~25 ka and ~17.5 ka, coinciding with 
HS1 (~14.7-18 ka), indicative of either decreased export productivity or increased [O2] 
of bottom waters at Site U1343 (Figure 5.8). This is also supported by the dysoxic 
benthic foraminiferal assemblage, demonstrating a decrease at 25 ka, but even more 
prominently at 17.5 ka (Figure 5.8). Whilst the decrease in benthic U/Mn at ~25 ka is 
marked by an interval barren in planktonic foraminifera, a coeval decrease in benthic 
U/Mn and planktonic U/Ca at ~17.5 ka reinforces the sedimentary redox changes 
observed across this period (Figure 5.8). The mass accumulation rate of biogenic opal 
(MARopal) at Site U1343 (Kim et al., 2014), indicative of first order changes in primary 
productivity, is consistently low across the LGM with no pronounced changes at 25 
ka and 17.5 ka (Figure 5.8), suggesting that decreased benthic U/Mn and planktonic 
U/Ca likely reflect increased bottom water [O2] of the Bering Sea at ~2000 m during 
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these times rather than decreased remineralisation of organic matter. Increased bottom 
water [O2] could either result from increased ventilation of waters at 2000 m in the 
Bering Sea or the release of respired carbon from the deep ocean, of which the latter 
would result in an increase in atmospheric CO2. There is no increase in atmospheric 
CO2 at 25 ka (Figure 5.8) (Bereiter et al., 2015), however, the second interval of 
increased bottom water [O2] at Site U1343 during HS1 is coeval with an increase in 
atmospheric CO2 of ~40 ppmv (Figure 5.8) (Bereiter et al., 2015). A study from the 
Gulf of Alaska suggests a breakdown of North Pacific stratification during HS1 
resulting in release of deeply sequestered carbon, which could have resulted in an 
atmospheric CO2 rise of ~30 ppm (Rae et al., 2014). This is accompanied by local 
deep water formation transporting well ventilated waters to depth of up to ~3500 m 
(Rae et al., 2014). Other shallower records from the western and eastern North Pacific, 
however, do not agree with a release of carbon from the deep ocean during HS1, 
instead an increase in ventilation is not observed until the B/A interstadial (Galbraith 
et al., 2007, Jaccard et al., 2009, Lund et al., 2011, Jaccard and Galbraith, 2012). Thus, 
if a release of deeply stored carbon was the main driver of increased [O2] in the Bering 
Sea at ~2000 m water depth at 17.5 ka a more local mechanism must have been 
responsible, instead of a North Pacific wide breakdown in stratification. One such 
mechanism could be a strengthening of the eddy kinetic energy along the eastern 
Bering Sea slope. Stronger, deeper reaching eddies could tap into the carbon reservoir 
of the deep ocean, causing upwelling of CO2-rich, high-nutrient deep waters to the 
surface ocean along the eastern Bering slope, potentially contributing to the observed 
atmospheric CO2 rise of ~40 ppmv during HS1 (Figure 5.8) (Bereiter et al., 2015). 
Eddy kinetic energy of the Bering Slope Current is related to its flow speed, which in 
turn changes with the inflow of Alaskan Stream waters through the Aleutian Arc, 
sensitive to sea level changes (Mizobata and Saitoh, 2004). Hence, a slightly higher 
sea level during HS1 of  -101.2 ± 5.8 m (s.e.) compared to the LGM (-122.9 ± 1.7 m 
(s.e.)) (Spratt and Lisiecki, 2016) could have increased the inflow of Alaskan Stream 
waters into the southern Bering Sea. Neodenticula seminae, a diatom species 
associated with the Alaskan Stream (Sancetta, 1983), however, does not increase until 
15 ka in the western Bering Sea (Max et al., 2012) and 11 ka at the Umnak Plateau 
(Caissie et al., 2010). This suggests that locally enhanced eddy kinetic energy along 
the eastern Bering Sea slope is likely not the driving mechanism of increased bottom 
water [O2] along the eastern Bering slope during HS1.  
Chapter 5: Pleistocene variability in sedimentary redox chemistry in the eastern Bering Sea 
146 
 
 
Chapter 5: Pleistocene variability in sedimentary redox chemistry in the eastern Bering Sea 
147 
 
Figure 5.8 (A) Atmospheric CO2 record from the Antarctic ice core composite (pink) across 
the LGM-Holocene transition (Bereiter et al., 2015). (B) The abundance of dysoxic benthic 
foraminiferal species (dark blue) at Site U1343 in percent. The green dots represent samples 
with >100 specimens. (C) The MARopal at Site U1343 (brown) indicative of first order changes 
in primary productivity (Kim et al., 2014). (D) BWT at Site U1343 (purple) across 
Termination I based on I. norcrossi (green diamonds) and Uvigerina spp. (blue diamonds) 
including the ±s.e. envelope (light purple). (E) U/Ca of N. pachyderma (orange) at Site U1343, 
higher values suggest more reducing conditions in the sediments. Note that the axis for U/Ca 
is on the logarithmic scale. (F) U/Mn of I. norcrossi (green diamonds) and Uvigerina spp. 
(blue diamonds) across the LGM-Holocene, the deglaciation is associated with a faunal 
change (dashed line). Note that the axis for U/Mn is on the logarithmic scale. (G) δ18Ob records 
from U1343 adjusted for the E. batialis equilibrium offset (+0.65 ‰) (black) (Asahi et al., 
2016) and U1342 (light grey) (Knudson and Ravelo, 2015b) together with the LR04 stack 
(middle grey) (Lisiecki and Raymo, 2005). The dark grey bar represents the LGM (18-25 ka), 
the light grey vertical bars represent the Heinrich stadial 1 (~14.7-18 ka) and the Younger 
Dryas (~12.9-11.7 ka), while the yellow vertical bar represents the Bølling-Allerød (~12.7 ka 
to 14.7 ka). The dashed vertical lines represent the MIS boundaries and numbers at the top 
correspond to the respective MIS (MIS boundaries from (Lisiecki and Raymo, 2005)). The 
blue vertical bars indicate intervals across MIS 2 were NPIW incursion likely occurred at 
~2000 m water depth in the eastern Bering Sea. 
 
Instead, increased bottom water [O2] at 25 ka and 17.5 ka at ~2000 m water depth in 
the eastern Bering Sea is likely driven by increased ventilation and deepening of 
glacial NPIW. HS1, characterised by cooling in the northern hemisphere, is marked 
by a widespread increase in the intermediate water ventilation in the Bering Sea and 
the North Pacific (Duplessy et al., 1989, Ahagon et al., 2003, Sagawa and Ikehara, 
2008, Okazaki et al., 2012, Rae et al., 2014, Max et al., 2014, Cook et al., 2016). The 
depth of well-ventilated waters is still a subject of debate, however, the divide between 
well-ventilated intermediate and poorly ventilated deep waters was likely close to 
~2000 m in the North Pacific (Matsumoto et al., 2002, Jaccard and Galbraith, 2013). 
NPIW on G/IG timescales forms via brine rejection during sea ice freezing in the Sea 
of Okhotsk (Watanabe and Wakatsuchi, 1998, Max et al., 2014, Okazaki et al., 2014) 
or the Bering Sea (Horikawa et al., 2010, Rella et al., 2012, Knudson and Ravelo, 
2015b), carrying O2-rich, oxygen isotope depleted waters to greater depth (Knudson 
and Ravelo, 2015b, Cook et al., 2016). Across HS1 Méheust et al. (2016) and Méheust 
et al. (2018) demonstrate increased sea ice extent in the western Bering Sea and the 
North Pacific, in line with simultaneous ice rafted debris (IRD) peaks in the North 
Pacific (Gebhardt et al., 2008) and sea ice expansion in the Sea of Okhotsk (Seki et 
al., 2005, Sakamoto et al., 2005, Lo et al., 2018). Thus, even though the resolution of 
the U1343 foraminiferal U/Mn and U/Ca records does not allow the reconstruction of 
millennial scale climate events, increased bottom water ventilation at Site U1343 
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around 17.5 ka, likely resulted from regional cooling, associated with the HS1 and 
increased formation of NPIW. Additionally, the benthic foraminiferal oxygen isotope 
(δ18Ob) record at Site U1343 (Asahi et al., 2016) demonstrates a negative offset from 
the LR04 stack during times of decreased U/Mn and U/Ca across MIS 2 (Figure 5.8), 
in line with 16O-rich NPIW entrainment at 25 ka and 17.5 ka (Knudson and Ravelo, 
2015b, Cook et al., 2016).  
Following HS1 the B/A and the early Holocene, periods of northern hemisphere 
warming, are marked by laminated sediments in mid-depth waters across the Bering 
Sea (Cook et al., 2005, Aiello and Ravelo, 2012, Kuehn et al., 2014, Pelto et al., 2018) 
and at Site U1343 (Expedition 323 Scientists 2010), suggesting bottom water [O2] 
concentrations <5 µmol kg-1 (Moffitt et al., 2015) (Figure 5.7). Whereas U/Mn of 
shallow infaunal benthic foraminifera decreases across Termination I, U/Ca of 
planktonic foraminifera increases across the B/A and the early Holocene (Figure 5.8). 
As aforementioned, benthic U/Mn across the deglaciation is associated with a faunal 
change from I. norcrossi to Uvigerina spp. (Figure 5.8). Opposite changes of benthic 
U/Mn compared to planktonic U/Ca, thus likely suggest species-specific differences 
in the partition coefficient of U and/or Mn into primary foraminiferal calcite (Raitzsch 
et al., 2011, Koho et al., 2017), altering the benthic U/Mn ratios across this interval. 
Hence, the decrease in benthic U/Mn across Termination I likely reflects species-
specific effects, rather than changes in the sedimentary redox state. U/Ca of planktonic 
foraminiferal species N. pachyderma, on the other hand, shows a pronounced increase 
across the B/A and early Holocene, in line with reduced bottom water [O2], as 
suggested from laminated sediments at Site U1343 (Expedition 323 Scientists 2010). 
The B/A and early Holocene coincide with a pronounced peak in the MARopal at Site 
U1343 (Kim et al., 2014) (Figure 5.8), suggesting increased primary productivity at 
these times, also seen across the North Pacific (Okazaki et al., 2005, Cook et al., 2005, 
Brunelle et al., 2007, Kohfeld and Chase, 2011, Max et al., 2012, Lam et al., 2013). 
Laminated sediments, together with decreased bottom water [O2] and enhanced rates 
of primary productivity and remineralisation of organic carbon in the water column 
during the B/A and early Holocene, suggest expansion of the mid-depth OMZ (Cook 
et al., 2005, Expedition 323 Scientists 2010, Aiello and Ravelo, 2012, Kuehn et al., 
2014, Pelto et al., 2018). An expansion of the OMZ is also supported by a broad peak 
in the dysoxic benthic foraminiferal assemblage at Site U1343 around ~12.5 ka (Figure 
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5.8). Across this interval the dysoxic assemblage is dominated by E. exilis, associated 
with low oxygen environments (Ovsepyan et al., 2017), but also occurring in relation 
to sustained flux of labile organic matter (Corliss, 1985, Caralp, 1989). Hence, the 
peak in dysoxic benthic foraminifera between 15-10 ka (Figure 5.8) is related to the 
co-occurring peak in MARopal (Kim et al., 2014) and OMZ expansion across the B/A 
and early Holocene (Cook et al., 2005, Expedition 323 Scientists 2010, Aiello and 
Ravelo, 2012, Kuehn et al., 2014, Pelto et al., 2018).  
The sedimentary redox state along the eastern Bering slope across the LGM-Holocene, 
is therefore controlled by both changes in bottom water [O2] and primary productivity. 
During intervals of low productivity, characterised by a contracted OMZ, such as MIS 
2, sedimentary redox conditions seem to be more sensitive to changes in the water 
mass [O2], as indicated by the influence of well-ventilated NPIW on authigenic U/Mn 
and U/Ca of benthic and planktonic foraminifera at ~25 ka and ~17.5 ka. Intervals of 
high primary productivity such as the B/A and the early Holocene, on the other hand, 
seem to be dominated by the influence of organic carbon export and remineralisation 
in the water column, leading to OMZ expansion and decreased [O2] in bottom waters 
at Site U1343. 
5.4.3 Sedimentary redox changes in the deep eastern Bering Sea across the 
Mid-Pleistocene 
In this section I explore the glacial and interglacial averages of planktonic and benthic 
U/Mn across the Mid-Pleistocene together with glacial and interglacial averages of the 
dysoxic benthic foraminiferal assemblage. Averages have been determined based on 
the respective MIS, in order to reduce the age uncertainty associated with authigenic 
U/Mn below the SMTZ at Site U1343. 
Across the Mid-Pleistocene glacial planktonic U/Mn averages vary between 2.7 mmol 
mol-1 and 6.5 mmol mol-1 and interglacial planktonic U/Mn averages vary between 2.7 
mmol mol-1 and 8.3 mmol mol-1 (Figure 5.9). Both glacial and interglacial planktonic 
U/Mn averages demonstrate a long-term decrease across the Mid-Pleistocene (Figure 
5.9). Similarly, benthic U/Mn averages vary between 0.7 mmol mol-1 and 8.1 mmol 
mol-1 during glacials and 0.7 mmol mol-1 and 8.0 mmol mol-1 during interglacials, also 
with a long-term decrease observed during both glacials and interglacials (Figure 5.9). 
A long-term decrease in both planktonic and benthic U/Mn glacial and interglacial 
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averages across the Mid-Pleistocene suggests a decrease in the reducing conditions of 
sediments along the eastern Bering Sea slope, which I infer to represent increased 
bottom water [O2], in line with previous studies (Gottschalk et al., 2016, Chen et al., 
2017). Bottom water [O2] in the eastern Bering Sea on orbital timescales is driven by 
changes in the biogeochemical cycling, in particular primary productivity and 
remineralisation of organic matter in the water column, with higher primary 
productivity likely causing more reducing conditions by either OMZ expansion and/or 
increased remineralisation of organic matter in the sediments. Additionally, Bering 
Sea bottom water [O2] is controlled by the contribution and ventilation of NPIW and 
NPDW. Below I explore the variability and long-term trends in planktonic and benthic 
U/Mn across interglacials and glacials, separately. 
5.4.3.1 Interglacial evolution of sedimentary redox conditions across the 
Mid-Pleistocene  
As previously mentioned, average interglacial U/Mn values of both benthic and 
planktonic foraminifera show a decreasing trend across the Mid-Pleistocene (Figure 
5.9). Benthic U/Mn during MIS 23 (Table 4.2) stands out, marked by relatively low 
U/Mn (Figure 5.9). However, MIS 23 is only characterised by one data point, 
indicating that this might not represent the true variability in sedimentary redox 
chemistry across this MIS. Nonetheless, a long-term decrease suggests an increase in 
interglacial bottom water [O2] across the Mid-Pleistocene in the eastern Bering Sea, 
resulting from either changes in the ventilation and/or local primary productivity. 
Well-ventilated NPIW likely plays a less prominent role during interglacial intervals, 
as it is formed locally from brine rejection during sea ice freezing (Talley, 1993, 
Yasuda, 1997), with reduced ventilation observed during warm phases of the last 1200 
ka (Knudson and Ravelo, 2015b). Thus, increased ventilation could result from 
changes in NPDW. Studies of the flow speed of the Deep Western Boundary Current 
(DWBC), a precursor of NPDW, suggest a more sluggish inflow into the deep South 
Pacific following MIS 22 (Table 4.2), observed during both glacials and interglacials 
(Hall et al., 2001, Venuti et al., 2007), contradicting enhanced ventilation of the deep 
Pacific Ocean across the Mid-Pleistocene. On the other hand, a long-term interglacial 
increase in [O2] of NPDW across the Pleistocene could result from a decrease in the 
accumulation of respired carbon. Inferring changes in the respired carbon content of 
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NPDW, however, is challenging, as this depends on the evolution of primary 
productivity and the efficiency of the biological pump downstream.  
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Figure 5.9 (A) MARopal (grey dots) together with the 3-point running mean (grey line) at Site 
U1343 (Kim et al., 2014) including the glacial (blue dots) and interglacial (orange dots) 
averages. (B) Planktonic U/Mn data (pink dots) across the Mid-Pleistocene together with the 
glacial (blue dots) and interglacial (red dots) averages. Error bars represent the standard error, 
open symbols indicate intervals with only one data point. (C) Benthic U/Mn data (purple dots) 
across the Mid-Pleistocene together with the glacial (blue dots) and interglacial (red dots) 
averages. Error bars represent the standard error, open symbols indicate MISs with only one 
data point. Note that the axes for U/Mn are on the logarithmic scale. (D) The 3-point running 
mean of the abundance of dysoxic foraminiferal species (grey line) at Site U1343 together 
with the glacial (blue dots) and interglacial (orange dots) averages. Error bars represent the 
standard error, intervals with no error bars are only represented by one data point. (E) δ18Ob at 
Site U1343 (black) (Asahi et al., 2016, Kender et al., in review) together with the LR04 stack 
(grey) (Lisiecki and Raymo, 2005). The grey vertical bars represent glacial intervals, numbers 
at the top correspond to marine isotope stages (MIS boundaries from (Lisiecki and Raymo, 
2005)). 
 
Recent studies of primary productivity from across the Pacific indicate variable 
patterns of both decreased and increased productivity following the MPT (Diester-
Haass et al., 2018). Nevertheless Ocean Drilling Program (ODP) Site 1123 and ODP 
Site 806 in the southwestern and western equatorial Pacific, respectively, demonstrate 
decreased interglacial productivity compared to glacial intervals following the MPT, 
in line with potentially decreased accumulation of respired carbon in the deep North 
Pacific during interglacials (Diester-Haass et al., 2018).  
In addition to changes in the respired carbon content of NPDW, local primary 
productivity might also have played an important role in driving interglacial bottom 
water [O2] across the Mid-Pleistocene. The MARopal at Site U1343 (Kim et al., 2014) 
demonstrates increased productivity during interglacials compared to glacial intervals 
(Figure 5.9), in line with the generally higher interglacial than glacial U/Mn averages, 
in particular seen in planktonic foraminifera (Figure 5.9). Additionally, superimposed 
on the G/IG variability of MARopal there is a long-term decrease the interglacial 
productivity at Site U1343 across the Mid-Pleistocene, in line with an increase in 
bottom water [O2] (Figure 5.9). However, average interglacial MARopal and 
interglacial U/Mn of both planktonic and benthic foraminifera demonstrate a 
significant negative correlation (R2 = -0.5 [-0.8; -0.1], n = 17) (Figure 5.10). This 
suggests that primary productivity in the Bering Sea likely did not exert the 
predominant control on interglacial bottom water [O2] across this time interval and 
records of NPDW nutrient content and [O2] are needed to decipher the influence of 
ventilation and respired carbon content on the [O2] of the deep Bering Sea. 
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Figure 5.10 Cross plots of (A) glacial and (B) interglacial U/Mn (both benthic and planktonic) 
versus the average glacial and interglacial MARopal (Kim et al., 2014) at Site U1343 across the 
Mid-Pleistocene. Glacial U/Mn does not show a significant correlation with MARopal, whereas 
interglacial U/Mn demonstrates a significant negative correlation with MARopal. 
 
5.4.3.2 Glacial variability and long-term trends of sedimentary redox 
conditions across the Mid-Pleistocene  
Similar to interglacial U/Mn, average glacial U/Mn values of both benthic and 
planktonic foraminifera show a decreasing trend across the Mid-Pleistocene (Figure 
5.9), with the first pronounced decrease in glacial U/Mn in both benthic and planktonic 
observed during MIS 28 (Table 4.2) (Figure 5.9). Preceding MIS 28, MIS 32 is also 
marked by relatively low U/Mn, however, this is primarily observed in benthic 
foraminifera and less pronounced in planktonic U/Mn (Figure 5.9). Higher glacial 
benthic and planktonic U/Mn values during MIS 36 and 30 (Figure 5.9), suggest more 
reducing conditions with lower bottom water [O2] during early Mid-Pleistocene 
compared to late Mid-Pleistocene glacials.  
A simultaneous decrease in glacial benthic and planktonic U/Mn is first observed 
during MIS 28 (Table 4.2), followed by consistently low benthic U/Mn values during 
MIS 26 (Table 4.2), and between MIS 10 to MIS 20 (~2 mmol mol-1) together with a 
decreasing trend in planktonic U/Mn where data is available (Figure 5.9). Lower U/Mn 
in both planktonic and benthic foraminifera likely indicates increased glacial bottom 
water [O2], following MIS 28, in line with a long-term decrease in the average glacial 
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MARopal at Site U1343 (Kim et al., 2014) (Figure 5.9). However, even though a 
decrease in the glacial primary productivity is observed coinciding with MIS 28 (Kim 
et al., 2014) (Figure 5.9), this is not a consistent feature throughout the following 
glacials also characterised by decreased benthic and planktonic U/Mn (MIS 26, MIS 
10-20) (Figure 5.9). Additionally, no significant correlation was found between 
average glacial benthic and planktonic U/Mn and average MARopal at Site U1343 (Kim 
et al., 2014) (R2 = 0.06 [ -0.4; 0.5], n = 19). Hence, increased Bering Sea bottom water 
[O2] during glacial intervals of the Mid-Pleistocene was most likely driven by changes 
in the ventilation and/or contribution of NPIW and NPDW. 
The MPT was accompanied by an increase in the glacial deep ocean carbon storage, 
recorded in the North Atlantic around ~900 ka (Lear et al., 2016, Sosdian et al., 2018) 
in conjunction with prominent changes in the thermohaline overturning circulation 
(Pena and Goldstein, 2014). Furthermore, decreased glacial CaCO3 accumulation is 
observed in the deep North Pacific throughout the entire Pleistocene (Haug et al., 
1995, Jaccard et al., 2005, Burls et al., 2017) indicating more corrosive glacial than 
interglacial bottom waters. Together with the more sluggish deep Pacific inflow 
following MIS 22 (Table 4.2) (Hall et al., 2001, Venuti et al., 2007) this suggests that 
decreased [O2] content of NPDW, as observed for the last 150 ka (Jaccard et al., 2009), 
could have been a consistent feature of Pleistocene glacials, even though absolute [O2] 
likely varied in response to deep ocean carbon storage and changes in the thermohaline 
circulation. On the other hand, Knudson and Ravelo (2015b) demonstrate increased 
ventilation of NPIW during glacials of the last 1200 ka at 800 m water depth in the 
Bering Sea, however, there are no constraints on the maximum depth of glacial NPIW 
on these timescales. Thus, increased bottom water [O2] at Site U1343, observed from 
MIS 28 (Table 4.2), is most likely derived from enhanced incursion of well-ventilated 
NPIW. 
NPIW carries the low oxygen isotope composition of seawater (δ18Ow) of subpolar 
surface waters, as it is produced from brine rejection during sea ice freezing with little 
fractionation of oxygen isotopes (Knudson and Ravelo, 2015b, Cook et al., 2016). 
Hence, if NPIW was the predominant contributing water mass to Site U1343 across 
MIS 28, MIS 26 (Table 4.2), and MIS 10-20 the δ18Ob record would be expected to 
show a negative offset from the LR04 stack, as observed for other shallower sites in 
the Bering Sea (Knudson and Ravelo, 2015b, Cook et al., 2016). δ18Ob at Site U1343 
Chapter 5: Pleistocene variability in sedimentary redox chemistry in the eastern Bering Sea 
155 
 
across MIS 28 (Asahi et al., 2016, Kender et al., in review) compares well with the 
LR04 stack (Figure 5.9), indicating that NPDW likely was the main water mass at Site 
U1343 with only little entrainment of NPIW as suggested from the planktonic and 
benthic U/Mn. Some of the following glacials, however, show intervals with a 
negative offset from the LR04 stack, such as MIS 18 (Figure 4.10), in line with 
enhanced NPIW contribution to Site U1343.  
MIS 22 and MIS 24 (Table 4.2) stand out from the trend of decreased glacial benthic 
U/Mn, with higher U/Mn ratios compared to MIS 28 and MIS 26 (Table 4.2), 
suggestive of decreased bottom water [O2] (Figure 5.9). MIS 24, however, consists of 
only one data point close to the boundary of MIS 24/25 (Figure 5.9), which may not 
capture the true bottom water [O2] variability across this interval. MIS 22, on the other 
hand, is characterised by six data points with a relatively large spread in the data 
(Figure 5.9). The MARopal (Kim et al., 2014) is consistently low across MIS 23, MIS 
22, and early MIS 21 (Table 4.2), indicating that primary productivity driven OMZ 
expansion likely did not cause a decrease in the bottom water [O2] across this interval 
(Figure 5.9). Thus, decreased bottom water [O2] suggests less contribution of NPIW 
to Site U1343 and/or decreased [O2] of NPDW during MIS 22. MIS 22 coincides with 
the onset of increased carbon storage in the deep North Atlantic (Lear et al., 2016, 
Sosdian et al., 2018) and, as part of the 900-ka event, with pronounced changes in the 
thermohaline overturning circulation (Pena and Goldstein, 2014). Additionally, MIS 
22 stands out in records of BWT and δ18Ow at Site U3143, with BWT warming during 
MIS 22 also observed at ODP Site 1208 on Shatsky Rise (Ford and Raymo, 2017), 
indicating that there may have been North Pacific wide hydrographical changes at this 
time. Kender et al. (in review) suggest increased NPIW contribution to Site U1343 
during late MIS 22, supported by a positive U1343 δ18Ob offset from the LR04 stack 
during late MIS 22 (Figure 5.11). Examining the non-averaged benthic U/Mn record 
across MIS 22 demonstrates that the proposed interval of NPIW entrainment at Site 
U1343 is indeed characterised by low U/Mn, indicating higher bottom water [O2], 
whereas both the early and late MIS 22 show decreased bottom water [O2], however 
one needs to consider that the U/Mn data is associated with an age uncertainty of 24 ± 
11 ka (Figure 5.11).  
As previously mentioned, the dysoxic tolerant benthic foraminiferal assemblage at 
Site U1343 is dominated by E. exilis, which occurs in low oxygen environments 
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(Ovsepyan et al., 2017), but also in relation to sustained flux of labile organic matter 
(Corliss, 1985, Caralp, 1989). I suggest that at higher glacial bottom water [O2], as 
inferred from benthic and planktonic U/Mn from MIS 28 onwards, the dysoxic 
foraminiferal assemblage may be more sensitive to changes in the supply of labile 
organic matter, also indicated by the TROX (TRophic OXygen) model (Jorissen et al., 
1995) (Figure 2.7). Hence, the foraminiferal assemblage may be more sensitive to 
changes in the primary productivity, compared to U/Mn. 
 
 
Figure 5.11 The 7-point running mean of δ18Ob at Site U1343 adjusted for the E. batialis 
equilibrium offset (+0.65 ‰) (Asahi et al., 2016) (black) (Kender et al., in review) together 
with the LR04 stack (grey) (Lisiecki and Raymo, 2005) and U/Mn (orange) across MIS 22. 
Note that the axis for U/Mn is on the logarithmic scale. The blue vertical bar represents the 
interval characterised by a negative U1343 δ18Ob offset from the LR04 stack, in line with 
NPIW contribution and high bottom water [O2], as suggested from U/Mn. However, U/Mn 
data are associated with an age uncertainty of 24 ± 11 ka. 
 
The increase in bottom water [O2], first observed during MIS 28 (Table 4.2), coincides 
with a prominent change in the sea ice regime in the eastern Bering Sea from MIS 28 
onwards (Detlef et al., 2018) (Chapter 6). Enhanced sea ice formation during glacial 
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intervals since MIS 28, suggests increased brine formation in the Bering Sea, 
potentially contributing to the increased ventilation and deepening of NPIW across 
this time period. The significant correlation of eastern Bering Sea sea ice across the 
MPT with records of intermediate water ventilation from the Bowers Ridge (Knudson 
and Ravelo, 2015b), further supports a link between sea ice formation in the Bering 
Sea and increased NPIW ventilation (Detlef et al., 2018). However, it is unclear 
whether glacial NPIW was exclusively formed in the Bering Sea or if the Sea of 
Okhotsk also played a fundamental role for driving NPIW ventilation, as no sea ice 
records or intermediate depth ventilation records exists across the MPT from the Sea 
of Okhotsk to decipher the influence of these two regions.  
Lastly, Mid-Pleistocene glacial average benthic U/Mn values (0.7-8.3 mmol mol-1) 
suggest more reducing conditions in the sediments along the eastern Bering Sea slope, 
compared to the LGM, characterised by benthic U/Mn of 0.5 mmol mol-1 to 1.3 mmol 
mol-1 (Figure 5.8, Figure 5.9). This is in line with the long-term decrease in glacial 
benthic U/Mn observed across the Mid-Pleistocene and NPIW contribution to Site 
U1343 during the LGM and HS1 as seen from benthic U/Mn and planktonic U/Ca in 
conjunction with a negative δ18Ob offset from the LR04 stack (Figure 5.8). Hence, 
enhanced ventilation and deepening of NPIW may be consistent across glacial 
intervals following the MPT, in line with sea ice diatom assemblages in the Bering 
Sea (Teraishi et al., 2016, Stroynowski et al., 2017), suggesting enhanced sea ice 
extent during the late Pleistocene and biomarker sea ice reconstructions at Site U1343 
(Detlef et al., 2018) (Chapter 6).  
5.5 Conclusions 
Here I present records of benthic and planktonic foraminiferal authigenic U/Mn and 
U/Ca together with dysoxic foraminiferal assemblage counts, suggesting prominent 
changes in the bottom water [O2] in the eastern Bering Sea resulting from the 
contribution of different water masses and changes in the local primary productivity. 
LGM-Holocene benthic authigenic U/Mn and planktonic authigenic U/Ca indicate 
intermittent admixture of NPIW to Site U1343 during the LGM and HS1 (Figure 5.8). 
Increased bottom water [O2] during HS1 at 2000 m water depth agrees well with 
records from across the Bering Sea and the North Pacific suggesting enhanced 
intermediate overturning at this time, ventilating the North Pacific to depth of ~2000 
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m (Duplessy et al., 1989, Ahagon et al., 2003, Sagawa and Ikehara, 2008, Okazaki et 
al., 2012, Rae et al., 2014, Max et al., 2014, Cook et al., 2016) (Figure 5.8). Across 
deglacial warm phases, such as the B/A and the early Holocene, planktonic authigenic 
U/Ca and dysoxic foraminiferal assemblages indicate decreased bottom water [O2] at 
the eastern Bering slope. This is corroborated by abundant laminated sediments across 
the Bering Sea during the B/A and early Holocene (Cook et al., 2005, Expedition 323 
Scientists 2010, Caissie et al., 2010, Aiello and Ravelo, 2012, Kuehn et al., 2014, Pelto 
et al., 2018), suggesting OMZ expansion to ~2000 m water depth at times of enhanced 
primary productivity (Figure 5.8).  
Across the Mid-Pleistocene U/Mn reveals a long-term decrease during both glacial 
and interglacial intervals (Figure 5.9). While no Holocene analogue exists for benthic 
foraminiferal U/Mn, LGM values indicate that the decrease in U/Mn might have 
continued throughout late Pleistocene glacials (Figure 5.8). A long-term decrease in 
U/Mn suggests a decrease in reducing conditions in sediments at Site U1343, 
indicative of an increase in bottom water [O2] across the Pleistocene. Whereas the 
mechanisms for increased interglacial bottom water [O2] across the Mid-Pleistocene 
are unclear, glacial U/Mn in conjunction with regional and global climate records, 
suggests deepening and enhanced ventilation of NPIW during glacials, leading to 
entrainment of atmospherically-equilibrated O2 enriched waters at Site U1343. Even 
though higher resolution records from different water depth across the Bering Sea are 
needed, deepening of NPIW likely occurred together with a prominent change in the 
Bering Sea sea ice dynamics (Detlef et al., 2018), suggesting that the Bering Sea may 
have played a prominent role in NPIW ventilation during glacial intervals since the 
MPT. However, the δ18Ob record (Asahi et al., 2016, Kender et al., in review), 
indicates that even though NPIW entrainment might have occurred, NPDW remained 
the primary water mass at Site U1343 throughout glacial intervals of the late 
Pleistocene. 
Increased formation and deepening of NPIW together with decreased eddy strength 
during late Pleistocene glacials, as suggested from decreased inflow of the Alaskan 
Stream into the southern Bering Sea (Teraishi et al., 2016), could have provided a 
mechanism for glacial atmospheric CO2 drawdown, by reducing the outgassing of 
CO2-rich bottom waters along the eastern Bering slope (Kender et al., in review). Thus, 
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future studies should focus on constraining the depth of NPIW throughout the MPT 
and its role for the North Pacific carbon cycle. 
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6. Sea ice dynamics in the Bering 
Sea across the Mid- to late 
Pleistocene 
6.1 Introduction  
Sea ice plays a key role in both long-term (Tziperman and Gildor, 2003, Sayag et al., 
2004) and abrupt millennial-scale (Hoff et al., 2016) climate change as a result of its 
far-reaching climate feedbacks, including the ice albedo effect, ocean-atmosphere 
gas/moisture exchange and ocean circulation patterns. In recent decades sea ice has 
undergone a dramatic reduction in the Arctic and subarctic realm, with fundamental 
consequences for the ecosystem (Hunt Jr et al., 2002, Grebmeier et al., 2006, Serreze 
et al., 2007, Wassmann et al., 2011, Stroeve et al., 2012). Our ability to predict future 
sea ice extent hinges, in part, on a greater understanding of the sensitivity of sea ice to 
climate change. However, it is only through the identification of long-term sea ice 
dynamics that our understanding of the role of sea ice for climate change can improve 
and hence our ability to predict future sea ice extent. This study focuses on Pleistocene 
sea ice dynamics in the eastern Bering Sea, with emphasis on the Mid-Pleistocene 
transition (MPT, ~0.7-1.2 Ma) and the last glacial maximum (LGM) to Holocene, to 
determine the role of sea ice in changing climates.  
The deglacial climate evolution in the Bering Sea and the North Pacific realm across 
the LGM-Holocene transition (Termination I) has experienced recurrent attention in 
the past decade, as modelling and proxy studies disagree concerning the North Pacific 
response to millennial-scale climate change in the North Atlantic. Across Termination 
I two cold events, the Heinrich stadial 1 (HS1, ~14.7-18 ka) and the Younger Dryas 
(YD, ~12.9-11.7 ka), most prominently seen in Greenland ice core and North Atlantic 
sea surface temperature (SST) records (Heinrich, 1988, Dansgaard et al., 1993, Bond 
et al., 1993), are linked to freshwater perturbations and a slowdown of the Atlantic 
meridional overturning circulation (AMOC) (Heinrich, 1988, McManus et al., 2004), 
associated with a decrease in the northward heat transport. Whilst some studies 
indicate warming in the North Pacific in response to North Atlantic cooling (Sarnthein 
et al., 2004, Kiefer and Kienast, 2005, Sarnthein et al., 2006, Okazaki et al., 2010), for 
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example as a result of the onset of a Pacific Meridional Overturning Circulation 
(PMOC) and increased heat transport (Saenko et al., 2004, Okazaki et al., 2010), other 
studies suggest in-phase climate change of the North Atlantic and North Pacific as a 
result of atmospheric or oceanic teleconnections (Kienast and McKay, 2001, Pisias et 
al., 2001, Okumura et al., 2009, Caissie et al., 2010, Max et al., 2012, Chikamoto et 
al., 2012, Meyer et al., 2016). Across the LGM-Holocene detailed studies of sea ice 
related biomarker abundances across the Bering Sea and the North Pacific reveal a 
seasonally extended sea ice cover in the eastern and western North Pacific for the 
LGM, together with pronounced millennial-scale sea ice variability across 
Termination I (Méheust et al., 2016, Méheust et al., 2018). Enhanced LGM sea ice 
cover in the Bering Sea is also seen in records of sea ice diatoms, suggesting seasonal 
or perennial sea ice cover across the Bering Sea (Katsuki et al., 2003, Katsuki and 
Takahashi, 2005, Cook et al., 2005, Caissie et al., 2010). 
Sea ice in the Sea of Okhotsk and the Bering Sea plays a fundamental role for North 
Pacific Intermediate Water (NPIW) formation on glacial/interglacial (G/IG) 
timescales. Whereas at modern times brine rejection in the Sea of Okhotsk is important 
for NPIW formation, evidence of neodymium isotopes (εNd), microfossil assemblages, 
and foraminiferal oxygen and carbon isotopes suggest that glacial NPIW was at least 
partly formed in the Bering Sea (Ohkushi et al., 2003, Horikawa et al., 2010, Rella et 
al., 2012, Knudson and Ravelo, 2015b). Increased ventilation and extent of glacial 
NPIW (Keigwin, 1998, Ohkushi et al., 2003, Rae et al., 2014, Knudson and Ravelo, 
2015b, Cook et al., 2016, Max et al., 2017) together with a markedly increased sea ice 
cover in the Bering Sea during the LGM and cold phases of Termination I (Katsuki et 
al., 2003, Cook et al., 2005, Katsuki and Takahashi, 2005, Caissie et al., 2010, Méheust 
et al., 2016, Méheust et al., 2018), thus demonstrates the potential importance of the 
Bering Sea for glacial oceanic circulation patterns in the North Pacific realm and 
beyond (Keigwin, 1998, Max et al., 2017). 
Investigating the interactions of sea ice dynamics with ocean circulation and 
productivity patterns and identifying the role of sea ice for major climate transitions is 
thus critical for our understanding of Arctic and sub-Arctic climate change. One such 
climate transition during the Quaternary period is the MPT. The shift in G/IG 
frequency across the MPT (Ruddiman et al., 1989, Mudelsee and Schulz, 1997, 
Lisiecki and Raymo, 2005, Clark et al., 2006) without attributable changes in orbital 
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forcing, indicates a shift in the response of the climate system to external forcing, 
likely caused by internal climate mechanisms. Conceptual modelling (coupled 
meridional box model) has identified potential key feedback mechanisms involving 
sea ice, such as the so-called ‘sea ice-switch’ hypothesis (SIS) (Gildor and Tziperman, 
2001, Tziperman and Gildor, 2003, Sayag et al., 2004), which suggests that sea ice 
can modify the climate state, switching it between a growing and a retreating land 
glacier mode, via a temperature-precipitation feedback. This hypothesis makes two 
critical predictions. First, the SIS invokes a gradual deep ocean cooling and a change 
in the vertical ocean mixing as the underlying cause for increased high-latitude sea ice 
extent across the MPT (Gildor and Tziperman, 2001, Tziperman and Gildor, 2003, 
Sayag et al., 2004). Second, the SIS proposes a land versus sea ice hysteresis, with 
large sea ice extent across early deglaciations (Sayag et al., 2004). Recent modelling 
studies also suggest that the periodicity of G/IG cycles is linked to changes in the 
interhemispheric pattern of sea ice growth (Lee et al., 2017). However, while 
modelling studies clearly suggest the importance of sea ice for controlling climate 
change across the MPT (Gildor and Tziperman, 2001, Tziperman and Gildor, 2003, 
Sayag et al., 2004, Lee et al., 2017), complementary high-resolution proxy-based 
reconstructions of sea ice dynamics are yet to be reported. 
Recent advances in the development of source-specific biomarkers for 
paleoenvironmental reconstructions, including IP25 (Belt et al., 2007), a proxy for 
seasonal Arctic sea ice, together with those indicative of open water conditions (Belt 
et al., 2015) and in combination with proxies for primary productivity (Méheust et al., 
2016), such as the mass accumulation rate of opal (MARopal), enable high-resolution 
reconstructions of past sea ice dynamics. To date, IP25 has been readily identified in 
sediments dating back to the Plio-Pleistocene boundary (Knies et al., 2014) and has 
even been detected in sediments of Miocene age (Stein et al., 2016), albeit from 
different locations. Sedimentary IP25 abundance has been found to reliably reflect 
variations in seasonal spring sea ice extent, while absent/low IP25 is normally 
considered to reflect ice free or extended sea ice cover regimes (Müller et al., 2009, 
Xiao et al., 2013, Méheust et al., 2013, Müller and Stein, 2014, Xiao et al., 2015, Smik 
et al., 2016, Berben et al., 2017). Consistent with these interpretations, IP25 is present 
in surface sediments from sites in the sub-polar North Pacific that experience seasonal 
sea ice cover during modern times, but is absent from year-round ice free locations 
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(Méheust et al., 2013). Further, elevated concentrations of a tri-unsaturated highly 
branched isoprenoid biomarker (HBI III), shown recently to be produced by certain 
diatoms in polar environments (Belt et al., 2017), reflect the spring ice-edge bloom 
within the open waters of the marginal ice zone (MIZ), at least within the Barents Sea 
(Belt et al., 2015), which has a similar annual sea ice cycle to the Bering Sea. In 
contrast, lower abundances of HBI III (Belt et al., 2015) and variable abundances of 
other phytoplankton biomarkers, including brassicasterol (Navarro-Rodriguez et al., 
2013), are found in year-round ice free settings of the Barents Sea and Norwegian Sea. 
However, lower abundances of phytoplankton biomarkers also generally occur under 
perennial sea ice conditions, similar to IP25. Measurements of MARopal provide an 
alternative means of distinguishing these two extremes in sea ice cover, especially as 
siliceous phytoplankton are the most important primary producers in the Bering Sea 
today (Tsunogai et al., 1979). In the subarctic North Pacific, MARopal represents first 
order changes in primary productivity (Kim et al., 2014) such that extended sea ice 
cover leads to decreased productivity in the region (Kim et al., 2014). Previously, 
Méheust et al. (2016) used the sedimentary biogenic opal content in the western Bering 
Sea across Termination I, in order to distinguish between different sea ice states.  
Additionally, beyond looking at the absolute biomarker concentrations, the nature of 
the correlation between IP25 and HBI III can also provide insight into seasonal sea ice 
dynamics, although these relationships are not yet fully understood. Nevertheless, 
observational surface sediment calibration studies (Belt et al., 2015, Smik et al., 2016) 
and downcore records from the Barents and Norwegian Sea (Belt et al., 2015, Berben 
et al., 2017) have shown that a weak or inverse relationship between IP25 and HBI III 
is associated with a strong seasonal sea ice cycle, whereas a positive in-phase 
relationship likely reflects a fluctuating sea ice margin, with reduced seasonality, and 
smaller changes in the position of the winter and summer sea ice edge (Cabedo-Sanz 
and Belt, 2016, Smik and Belt, 2017). Other biomarkers, including brassicasterol, are 
also indicative of open water settings (Müller et al., 2009), although the complication 
of other potential sources (e.g. riverine input and potentially sea ice algae (Belt et al., 
2013)), somewhat limits their use beyond a qualitative indication of general 
phytoplankton production. However, the relationship between IP25 and brassicasterol 
may provide context with respect to phytoplankton production in the high-productivity 
region of the eastern Bering Sea slope (Springer et al., 1996).  
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Two records of sea ice development based on the abundance of sea ice diatoms exist 
across the MPT in the Bering Sea (Teraishi et al., 2016, Stroynowski et al., 2017). 
Both reconstructions from International Ocean Discovery Program (IODP) Site 
U1344 and U1343 indicate sea ice advancement in conjunction with MPT climate 
change. However, their low temporal resolutions, preclude a robust evaluation of sea 
ice dynamics on G/IG timescales. Additionally, even though detailed reconstructions 
of deglacial sea ice dynamics exist for Termination I in the Bering Sea, LGM records 
of biomarker-based sea ice variability have not yet been reported.  
Here, I address this gap by presenting a high-resolution sea ice reconstruction for the 
MPT, between 1220-800 ka, from IODP Site U1343 located close to the present day 
winter sea ice margin. Further the MPT findings are examined by comparisons with 
data obtained from the same core (Site U1343) corresponding to the pre-MPT 41-ka 
(~1530-1360 ka), the post-MPT 100-ka (~500-340 ka) G/IG cycles, and the LGM-
Holocene (~40-10 ka) to test previous hypotheses of a strong causal link between sea 
ice and the changing nature of G/IG cycles.  
The sea ice reconstruction is based on IP25 from Site U1343, together with HBI III and 
MARopal (Kim et al., 2014). Building on the approach of Méheust et al. (2016), 
MARopal is utilised together with threshold concentrations of IP25 and HBI III in order 
to provide a classification of the sea ice states recorded at Site U1343. 
Together the proxy records from Site U1343 provide the first high-resolution 
reconstruction of sea ice dynamics in the eastern Bering Sea spanning four time 
intervals across the Pleistocene. Most notably, a substantial increase of sea ice in the 
Bering Sea is seen together with the appearance of transient late-glacial/deglacial sea 
ice maxima across the MPT, in support of land glacier retreat via a temperature-
precipitation feedback mechanism as proposed by the SIS model. Further, I examine 
the LGM-Holocene record in light of regional sea ice records and proposed forcing 
mechanisms of deglacial sea ice dynamics. Together with existing regional and global 
climate records, I propose that sea ice extent in the eastern Bering Sea plays an 
important role for glacial NPIW formation since the MPT and potentially North 
Pacific carbon storage. 
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6.2 Materials and methods  
6.2.1 Biomarker extraction and analysis 
In total, IP25 and HBI III were measured in 157 samples for this study. Brassicasterol, 
on the other hand, was measured in 142 samples only, as the sterol content in the 
Holocene-LGM samples has not yet been determined.  
HBI lipids were extracted from 3 g of freeze dried homogenized sediments as 
described in Belt et al. (2012). Additionally removal of elemental sulphur was 
performed (Cabedo-Sanz and Belt, 2015) and sterol fractions were collected. In 
addition to sediment samples a blank and two samples of standard sediments with 
known biomarker concentrations were added to each extraction batch. Standard 
sediments are from the Canadian Arctic Archipelago and 0.5 g of sediment were 
weighed in per sample. 10 µl of 0.01 mg mL-1 9-octylheptadec-8-ene (9-OHD) and 5 
α-androstan-3βol solution were added to each sediment vial and procedural blank as 
internal standards for HBI and sterol quantification, respectively. The samples were 
extracted three times using a mixture of Dichloromethane (high performance liquid 
chromatography (HPLC) grade) and Methanol (MeOH, HPLC grade) 2:1 (v/v). Gas 
chromatography of the first extraction batch showed high concentrations of elemental 
sulphur in Site U1343 sediment samples that interfere with IP25 analysis. Therefore 
sulphur removal (Cabedo-Sanz and Belt, 2015) using tetrabutylammonium sulphite 
reagent (TBA) was performed for all samples prior to silica column chromatographic 
purification of the total organic extracts (TOE) (Belt et al., 2012). During silica 
chromatography non-polar components (HBIs, including IP25) were eluted with 
hexane and collected in new pre-labelled 7 mL glass vials (TOE-2), whereas more 
polar hydrocarbon fractions (sterols) were eluted using hexane methyl acetate (1:4, 
v/v) and collected in separate pre-labelled 7 mL glass vials (TOE-3). TOE-2 was dried 
under N2 flow at 25°C and re-dissolved in 150 µL hexane before being transferred to 
300 µL Gas chromatography (GC) glass vials, concentrated to 20 µL under N2 flow at 
25°C, and capped with aluminium crimp-top caps with Teflon septa (Chromacol Ltd., 
UK). Due to low abundance of HBI lipids and high concentrations of n-alkanes HBI 
fractions from the oldest time interval (1530-1360 ka) were additionally purified using 
silver-ion chromatography (5:95 AgNO3:SiO2) to remove n-alkanes. TOE-3 was dried 
under N2 flow at 25°C and derivatised using N,O-Bis(trimethylsilyl)- 
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trifluoroacetamide (50 µL, 70°C; 1h). All samples were measured on the gas 
chromatography mass spectrometer (Agilent 7890A GC coupled to a 5975 series mass 
selective detector fitted with an Agilent HP-5ms column) at Plymouth University 
using the operating conditions specified in Belt et al. (2012) (Table 6.1). The 
identification of individual lipids was based on their characteristic retention time and 
mass spectra and quantification was achieved by integrating the peak area of selected 
ions (m/z 350 (IP25); 346 (HBI III); 470 (brassicasterol)) in comparison to the peak 
area of the internal standards added to each sample (Belt et al., 2012). Quantification 
of individual lipids also considers an instrumental response factor obtained from 
known concentrations of biomarker lipids in the standard sediments (Belt et al., 2012). 
 
Table 6.1 GC-MS operating conditions 
Sample injection Auto-splitless mode 
1 µl sample injected 
Injector temperature: 300 °C 
Constant flow of helium carrier gas 
(1 mL min-1) 
Oven temperature profile 40-300 °C at 10 °C min-1 
300 °C for 10 minutes 
Data collection and quantification 
software 
Agilent Chemstation 
 
6.3 Results 
6.3.1 Sea ice biomarker variability across the LGM-Holocene and the Mid-
Pleistocene in the eastern Bering Sea 
Across the LGM-Holocene Biomarker concentrations were measured at an average 
resolution of ~2 ka between 10-40 ka (early MIS 1 to late MIS 3), with IP25 varying 
between 0-5.6 ng g-1 dry sediment (sed) (Figure 6.1). IP25 concentrations are relatively 
constant throughout late marine isotope stage (MIS) 3 and MIS 2, with maximum 
concentrations during early MIS 2 (Figure 6.1). Minimum IP25 concentrations are 
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encountered during early MIS 1 with two samples characterised by absent IP25 (Figure 
6.1). 
 
 
Figure 6.1 (A) Sedimentary mass accumulation rate of biogenic opal (MARopal) at Site U1343 
(purple) (Kim et al., 2014). (B) HBI III (blue) and (C) IP25 (violet) at Site U1343 expressed in 
ng g-1 dry sediment (sed) across MIS 1-3 (~10-40 ka). (D) The benthic foraminiferal oxygen 
isotope record of Site U1343 (black) (Asahi et al., 2016) together with the LR04 stack (grey) 
(Lisiecki and Raymo, 2005). The light grey vertical bar indicates the last glacial interval and 
the white bars mark interglacial intervals (numbers at the top correspond to marine isotope 
stages (MIS), MIS boundaries from Lisiecki and Raymo (2005)). 
 
Across the Mid-Pleistocene IP25 demonstrates pronounced orbital variability with an 
average resolution of ~5.1 ka between 1365 ka to 1520 ka and 343 ka to 503 ka and 
~5.4 ka on average between 808 ka and 1220 ka. MIS 10 to MIS 13 (340-500 ka) are 
characterised by IP25 concentrations between 0-4.9 ng g-1 sed, with highest IP25 during 
early glacial intervals (Figure 6.2). A prolonged period of absent IP25, indicating either 
perennial and/or ice free sea ice conditions, is observed during early MIS 11 to late 
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MIS 12 (Figure 6.2). The interval between MIS 20 to MIS 36 (800-1220 ka) spans the 
onset and the majority of the MPT (700-1200 ka). IP25 was identified in 71 out of the 
78 samples analysed varying between 0-4.3 ng g-1 sed (Figure 6.3), demonstrating the 
presence of seasonal sea ice in the eastern Bering Sea throughout most of the MPT, in 
line with the late Pleistocene interval. Between MIS 44 and MIS 51 (1362 ka to 1510 
ka) IP25 varies on the order of 0-1.69 ng g-1 sed, demonstrating the presence of seasonal 
sea ice in the eastern Bering Sea prior to the MPT. Glacial intervals across this period 
are generally characterised by increased IP25 concentrations (Figure 6.4), however, the 
age model resolution at Site U1343 decreases beyond 1200 ka (Asahi et al., 2016), 
making orbital inferences more challenging.  
 
 
Figure 6.2 (A) Sedimentary mass accumulation rate of biogenic opal (MARopal) at Site U1343 
(purple) (Kim et al., 2014). (B) HBI III (blue) and (C) IP25 (violet) at Site U1343 expressed in 
ng g-1 dry sediment (sed) across MIS 10-13 (~340-500 ka). (D) The benthic foraminiferal 
oxygen isotope record of Site U1343 (black) (Asahi et al., 2016) together with the LR04 stack 
(grey) (Lisiecki and Raymo, 2005). The light grey vertical bars indicate glacial intervals and 
the white bars mark interglacial intervals (numbers at the top correspond to marine isotope 
stages (MIS), MIS boundaries from Lisiecki and Raymo (2005)). 
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In general there is an increasing trend in IP25 concentrations across all four intervals, 
with the highest concentrations observed during MIS 2. This is consistent with studies 
of sea ice diatoms in the Bering Sea, indicating a progressive expansion of sea ice 
across the Pleistocene (Teraishi et al., 2016, Stroynowski et al., 2017). 
 
 
Figure 6.3 (A) Sedimentary mass accumulation rate of biogenic opal (MARopal) at Site U1343 
(purple) (Kim et al., 2014). (B) HBI III (blue) and (C) IP25 (violet) at Site U1343 expressed in 
ng g-1 dry sediment (sed) across MIS 20-36 (~800-1200 ka). (D) The benthic foraminiferal 
oxygen isotope record of Site U1343 (black) (Asahi et al., 2016) together with the LR04 stack 
(grey) (Lisiecki and Raymo, 2005). The light grey vertical bars indicate glacial intervals and 
the white bars mark interglacial intervals (numbers at the top correspond to marine isotope 
stages (MIS), MIS boundaries from Lisiecki and Raymo (2005)). 
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Figure 6.4 (A) Sedimentary mass accumulation rate of biogenic opal (MARopal) at Site U1343 
(purple) (Kim et al., 2014). (B) HBI III (blue) and (C) IP25 (violet) at Site U1343 expressed in 
ng g-1 dry sediment (sed) across MIS 44-51 (~1350-1500 ka). (D) The benthic foraminiferal 
oxygen isotope record of Site U1343 (black) (Asahi et al., 2016) together with the LR04 stack 
(grey) (Lisiecki and Raymo, 2005). The light grey vertical bars indicate glacial intervals and 
the white bars mark interglacial intervals (numbers at the top correspond to marine isotope 
stages (MIS), MIS boundaries from Lisiecki and Raymo (2005)). 
 
6.3.2 Phytoplankton biomarkers in the eastern Bering Sea  
6.3.2.1 HBI III across the LGM-Holocene and the Mid-Pleistocene 
HBI III, indicative of the MIZ, varies between 0.4 ng g-1 sed and 4.5 ng g-1 sed across 
MIS 1 to MIS 3 (Figure 6.1). The concentration of HBI III is low throughout MIS 3 
and most of MIS 2 (~1 ng g-1 sed) before it increases towards a local maximum during 
late MIS 2 and early MIS 1 (Figure 6.1). 
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The Mid-Pleistocene is characterised by HBI III concentrations of 0-0.4 5 ng g-1 sed, 
0.1-7.1 ng g-1 sed, and 0.1-3.1 ng g-1 sed between MIS 10 to MIS 13, MIS 20 to MIS 
36, and MIS 44 to MIS 51, respectively (Figure 6.2, Figure 6.3, Figure 6.4). In general 
HBI III concentrations tend to be highest during transitional periods from interglacials 
to glacials or vice versa (Figure 6.2, Figure 6.3, Figure 6.4), however prominent peaks 
can also be observed during some glacial intervals, such as MIS 22 to MIS 30 (Figure 
6.3). 
Compared to IP25 concentrations, that seem to increase consistently across the four 
measured intervals, HBI III concentrations are highest during the MPT interval across 
MIS 26 to MIS 28 (Table 4.2) (Figure 6.3). This coincides with a pronounced increase 
in IP25 concentrations (Figure 6.3). 
6.3.2.2 Brassicasterol across the Mid-Pleistocene 
Brassicasterol, a general phytoplankton biomarker of primarily marine origin (Goad 
and Withers, 1982, Gladu et al., 1990, Volkman, 2006) with potential additional 
sources such as riverine input and sea ice algae (Belt et al., 2013), has concentrations 
an order of magnitude higher than IP25 and HBI III. It varies between 74.2 ng g-1 sed 
and 733.4 ng g-1 sed, 41.1 ng g-1 sed and 1049.3 ng g-1 sed, and 0.2 ng g-1 sed and 
638.0 ng g-1 sed, for MIS 10 to MIS 13, MIS 20 to MIS 36, and MIS 44 to MIS 51, 
respectively (Figure 6.5). MIS 44 to MIS 55 are characterised by highest brassicasterol 
concentrations during interglacials (Figure 6.5), whereas the remaining two intervals 
(MIS 10-13 and MIS 20-36) show increased brassicasterol during glacial intervals 
(Figure 6.5).  
In general, brassicasterol concentrations vary between 0 ng g-1 sed and 800 ng g-1 sed 
between MIS 44 to MIS 51 and MIS 20 to MIS 36, with a slight increase observed 
towards the end of the latter interval (Figure 6.5). MIS 10 to MIS 13, however, is 
characterised by a pronounced decrease in the brassicasterol concentrations compared 
to the previous intervals (Figure 6.5). 
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Figure 6.5 (A) The Pearson r correlation coefficient of brassicasterol and IP25 at IODP Site 
U1343 (blue), including the 95% confidence interval (blue shaded area) (B) IP25 at Site U1343 
expressed in ng g-1 dry sediment (sed) (violet) across all three Mid-Pleistocene intervals (350-
500 ka, 800-1200 ka, 1350-1500 ka). (C) Brassicasterol in ng g-1 sed (green) across all three 
Mid-Pleistocene intervals (350-500 ka, 800-1200 ka, 1350-1500 ka). (D) The benthic 
foraminiferal oxygen isotope record of Site U1343 (black) (Asahi et al., 2016) together with 
the LR04 stack (grey) (Lisiecki and Raymo, 2005). The light grey vertical bars indicate glacial 
intervals and the white bars mark interglacial intervals (numbers at the top correspond to 
marine isotope stages (MIS), MIS boundaries from Lisiecki and Raymo (2005)). 
 
6.4 Discussion 
6.4.1 Defining sea ice boundary conditions 
In recent years a mathematical approach of IP25 in combination with phytoplankton 
biomarkers (PIP25), such as HBI III, brassicasterol, or dinosterol has provided 
important advances with regard to semi-quantitative sea ice reconstructions, the 
ambiguity of absent IP25, and the comparison of sea ice reconstructions from different 
regions (Müller et al., 2011, Smik et al., 2016). However, difficulties exist with 
calculating the PIP25 index, as it includes a balance term (c-factor) to account for 
differences in the abundance of IP25 and phytoplankton biomarkers (Müller et al., 
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2011) (Equation 2.1). The c-factor can be calculated from the downcore data, or from 
a regional surface sediment calibration. The latter, however, does not yet exist for the 
Bering Sea. Calculating the c-factor based on mean sedimentary abundances of IP25 
and the respective phytoplankton biomarker potentially introduces bias to the balance 
term based on the core sections studied (Belt and Müller, 2013). This study is based 
on four distinct core sections of IODP Site U1343 across the Pleistocene, characterised 
by variable c-factors (MIS 3-1: 1.9, MIS 13-MIS 10: 1.5, MIS 37-20: 0.94, MIS 51-
44: 4.2). Potentially a result of the prominent changes in the eastern Bering Sea sea 
ice regime across this interval, as suggested from diatom assemblages (Teraishi et al., 
2016, Stroynowski et al., 2017), or a result of the difference in resolution of data points 
per G/IG cycle. Using an average c-factor for all four studied intervals, on the other 
hand, might also introduce bias, based on the fact that the record is non-continuous 
with variable resolution across the studied intervals.  
 
Table 6.2 Threshold values for identification of sea ice scenarios 
Sea ice state IP25 (ng g-1 
sed) 
HBI III (ng g-1 
sed) 
MARopal (g cm-2 ka-1) 
Ice free < 0.56 < 0.7 > 4 
Extended sea 
ice 
< 0.56 < 0.7 < 4 
Seasonal sea 
ice (within the 
MIZ) 
> 0.56 > 0.7 variable 
Seasonal sea 
ice (outside 
the MIZ) 
> 0.56 < 0.7 variable 
 
Thus, in order to reconstruct different sea ice states, a combinatory approach of IP25 
(indication of seasonal sea ice), HBI III (most prominent in the MIZ), and the MARopal 
(first order changes in export productivity) (Kim et al., 2014) is used, building on the 
method outlined in Méheust et al. (2016). Méheust et al. (2016) used threshold values 
for IP25 and sedimentary biogenic opal content in the western Bering Sea to identify 
sea ice regime shifts over the past 20 ka. Site U1343, is located on a topographic high 
off the eastern Bering slope, which reduces the influence of downslope transport. 
However, to avoid potential siliciclastic dilution effects, the MARopal (Kim et al., 
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2014) was used, rather than the sedimentary biogenic opal content. IP25 and MARopal 
at Site U1343 are significantly anti-correlated (IP25-MARopal: R2 = -0.30 [-0.48; -0.11], 
n = 157), consistent with the interpretation, that an increased sea ice cover leads to 
decreased primary productivity as a result of light limitation in the surface ocean.  
 
 
Figure 6.6 Schematic overview of the IP25 (light blue), HBI III (green), and MARopal (orange) 
dynamics under ice free, seasonal sea ice, and extended sea ice conditions. Seasonal sea ice at 
IODP Site U1343 is characterised by variable MARopal conditions and can be further 
subdivided based on the concentration of HBI III, with higher HBI III concentrations 
indicating predominantly marginal ice zone conditions. 
 
A multi-proxy classification was developed, where threshold values of IP25, HBI III, 
and the MARopal are used to identify four different sea ice states (Table 6.2) (Figure 
6.6, Figure 6.7). The threshold values of IP25 and HBI III represent 10% of the total 
range of the respective biomarker (total range of IP25: 0-5.6 ng g-1 sed, total range of 
HBI III: 0-7 ng g-1 sed), while the corresponding threshold value of the MARopal is 
based on the past 20 ka. Sea ice reconstructions using IP25 and sea ice diatoms from 
the western Bering Sea (Méheust et al., 2016, Méheust et al., 2018) and the Umnak 
Plateau (Caissie et al., 2010), respectively, indicate a change from a more extended 
sea ice cover to seasonal sea ice/ice free conditions around 15 ka across Termination 
I (Figure 6.8). This is in line with LGM-Holocene IP25 and HBI III records from Site 
U1343 (Figure 6.1), demonstrating a decrease in IP25 abundance from ~15.4 ka, 
together with a marked increase in HBI III, suggestive of more MIZ conditions and 
decreased seasonal sea ice cover along the eastern Bering Sea slope. This suggests a 
contemporaneous change in Bering Sea sea ice dynamics around 15 ka towards 
reduced seasonal sea ice extent. The MARopal value at Site U1343 at 15 ka is 4 g cm-2 
ka-1 (Figure 6.8), which is used as the threshold value to distinguish between an 
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extended sea ice cover and more seasonal sea ice/ice free conditions (Table 6.2) 
(Figure 6.6). In contrast to the western Bering Sea (Méheust et al., 2016), seasonal sea 
ice conditions in the eastern Bering Sea (as indicated by increased IP25) are 
characterised by variable MARopal values. This could be a result of the dynamic high 
productivity region overlying the core Site of U1343, indicating that sea ice 
concentration, even though of major importance, is not the sole driver of primary 
productivity along the eastern Bering slope. 
 
 
Figure 6.7 All biomarker samples are clustered according to their predominant sea ice state 
(for biomarker and MARopal boundaries see Table 6.2). Blue data points represent extended 
sea ice cover, red ice free conditions, orange seasonal sea ice within the MIZ, and yellow 
seasonal sea ice outside the MIZ. The ice free and extended ice cover scenarios are separated 
by MARopal of 4 g cm
-2 ka-1, determined from sea ice studies (Méheust et al., 2016) and 
MARopal at Site U1343 across Termination I (Figure 6.8, Figure 6.1). 
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Five data points do not fit with the proposed sea ice state classification (Table 6.3), as 
a result of low IP25, but HBI III values above the threshold value for the extended/ice 
free states. The reasons for this are unclear, but potentially indicate predominantly ice 
free/perennial sea ice conditions with occasional MIZ sedimentation. For these data 
points, the MARopal and were available other records of Bering Sea sea ice dynamics 
can be used to distinguish between ice free and extended ice cover scenarios (Table 
6.3).  
 
 
Figure 6.8 Termination I sea ice studies based on IP25 from three sediment cores in the western 
Bering Sea (SO201-2-114 (navy blue), SO201-2-77 (light blue)) and the northwest Pacific 
(SO201-2-12 (medium blue)) (Méheust et al., 2016) and the mass accumulation rate of 
biogenic opal (MARopal) at Site U1343 (Kim et al., 2014) (purple). The black horizontal line 
represents IP25 values of 0.008 µg g
-1 sed, the boundary between seasonal and ice 
free/extended sea ice conditions in the western Bering Sea, as identified by Méheust et al. 
(2016). Seasonal/ice free conditions are observed from 15 ka onwards (red dashed vertical 
line) in the western Bering Sea. At 15 ka MARopal at Site U1343 is 4 g cm
-2 ka-1 (red horizontal 
line), taken as the boundary to identify ice free versus extended sea ice conditions at Site 
U1343. 
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Table 6.3 Data points that do not fit the sea ice scenario classification 
Age (ka) 
IP25 (ng g-1 
sed) 
HBI III (ng g-1 
sed) 
MARopal (g cm-2 ka-1) 
10.2 0 4.07 3.69 
13.6 0 1.09 7.10 
500.0 0 2.56 7.74 
846.7 0.31 3.48 1.26 
1182.1 0.19 1.66 3.17 
 
6.4.2 Sea ice variability in the eastern Bering Sea across the Mid- to late 
Pleistocene 
6.4.2.1 Marine isotope stages 1 to 3 
Co-examining IP25, HBI III, and MARopal at Site U1343 across MIS 1 to MIS 3 
suggests primarily seasonal sea ice of variable duration with a pronounced MIZ bloom 
along the eastern Bering slope (Figure 6.9). Early MIS 2 is characterised by the highest 
IP25 concentrations across this interval, in conjunction with low but >0.7 ng g-1 sed 
HBI III concentrations, suggesting enhanced seasonal sea ice across the early MIS 2 
and the LGM (~25-18 ka) with a pronounced ice edge bloom in the vicinity of the core 
Site (Figure 6.9). Late MIS 2, on the other hand, is characterised by a decrease in IP25 
coinciding with an increase in the HBI III concentration. This suggests a slight 
reduction in the seasonal sea ice extent in the eastern Bering Sea and predominantly 
MIZ sedimentation (Figure 6.9). Contrasting MIS 2, early MIS 1 is marked by absent 
or reduced IP25 together with an increase in HBI III (Figure 6.1). Both data points with 
absent IP25 across the early MIS 1 do not fit with the proposed thresholds values for 
the different sea ice scenarios (Table 6.3) in the eastern Bering Sea, as a result of 
increased HBI III > 0.7 ng g-1 sed. Considering the contemporaneous MARopal at Site 
U1343 and other records of sea ice variability in the Bering Sea and across the 
subarctic North Pacific (Méheust et al., 2016, Méheust et al., 2018) for the same time 
interval both data points are characterised as representing predominantly ice free 
conditions (Figure 6.9). IP25 and HBI III demonstrate no significant correlation (R2 = 
-0.58 [-0.97; 0.65], n = 15) across MIS 1 to MIS 3. The lack of correlation suggests a 
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strong seasonal sea ice cycle in the eastern Bering Sea across this time interval (Figure 
6.10), in line with modern sea ice dynamics (Méheust et al., 2013). 
 
 
Figure 6.9 Overview of eastern Bering Sea sea ice dynamics across (A) MIS 1 to MIS 3 (10-
40 ka), (B) MIS 10 to MIS 13 (350-500 ka), (C) MIS 20 to MIS 36 (800-1200 ka), and (D) 
MIS 44 to MIS 51 (1350-1500 ka). Different sea ice scenarios have been colour coded with 
red representing ice free conditions, blue extended sea ice, yellow seasonal sea ice outside of 
the MIZ, and orange seasonal sea ice within the MIZ (see Table 6.2 for threshold values of 
sea ice conditions). This is in comparison to the benthic foraminiferal oxygen isotope record 
of Site U1343 (black) (Asahi et al., 2016) together with the LR04 stack (grey) (Lisiecki and 
Raymo, 2005). The light grey vertical bars indicate glacial intervals and the white bars mark 
interglacial intervals (numbers at the top correspond to marine isotope stages (MIS), MIS 
boundaries from Lisiecki and Raymo (2005)). 
 
6.4.2.2 Marine isotope stages 10 to 13 
MIS 10 to MIS 13 (500-340 ka) represents two G/IG cycles during the post-MPT 
quasi-100-ka climate variability. A broad gradual increase of IP25 and HBI III, 
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accompanied by a high MARopal, occurs during cooling phases of the interglacial 
intervals, indicative of seasonal sea ice of increasing duration, with predominantly 
MIZ conditions (Figure 6.9). Biomarker data at 500 ka (MIS 13) do not conform to 
the suggested sea ice state classification (Table 6.3) as a result of relatively high HBI 
III concentrations (>0.7 ng g-1 sed), yet low IP25 content. However, a high MARopal is 
indicative of ice free conditions (Table 6.3, Figure 6.9). Absent or very low IP25 across 
the MIS 12/11 transition is accompanied by low HBI III concentrations, and low/high 
MARopal values, indicating extended sea ice cover across the late-glacial/deglacial, and 
ice free conditions during the interglacial MIS 11 from ~425 ka (Figure 6.9). This is 
in line with sea ice variability at IODP Site U1345 across this time interval, 
reconstructed from diatom assemblages, indicating increased sea ice extent during late 
MIS 12 and late MIS 11, compared to the early MIS 11 (Caissie et al., 2016). There is 
no change observed in HBI III associated with the transition from extended sea ice to 
ice free conditions across the MIS 12/11 transition, potentially resulting from a very 
rapid shift in sea ice dynamics (Figure 6.2). The relationship of IP25 and HBI III shows 
no correlation across G/IG cycles (R2 = 0.24 [-0.53; 0.79], n = 32), suggesting a strong 
seasonal sea ice cycle (Figure 6.10) similar to sea ice dynamics across MIS 1 to MIS 
3. 
6.4.2.3 Marine isotope stages 20 to 36 
MIS 20 to MIS 36 covers large parts of the MPT, associated with a pronounced shift 
in the frequency of the benthic foraminiferal oxygen isotope composition (δ18Ob) at 
Site U1343 from 41-ka to 100-ka first apparent around ~1200 ka and dominant from 
700 ka onwards (Asahi et al., 2016). IP25 concentrations exhibits distinct variability 
on G/IG timescales, with generally higher values throughout glacial intervals (Figure 
6.9), indicative of regionally enhanced sea ice cover. Low IP25, HBI III, and MARopal 
values during MIS 35, 26/25 (Table 4.2), and 22 (Table 4.2), collectively suggest 
extended sea ice cover at the eastern Bering slope at these times (Figure 6.9). In 
contrast, low IP25 and HBI III concentrations, together with a relatively high MARopal 
during MIS 31 and 33, suggest ice free conditions (Figure 6.9). The biomarker values 
at 850 ka (MIS 21) and 1180 ka (early MIS 35) (Table 6.3) do not convincingly fall 
within the proposed sea ice state classifications (Table 6.2), largely as a result of 
relatively high HBI III content (>0.7 ng g-1 sed). The reasons for this are unclear, but 
potentially indicate the influence of occasional MIZ sedimentation.  
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Figure 6.10 Schematic cartoon of the correlation of IP25 and HBI III in the sediments 
underlying the seasonal sea ice/ice marginal zone depending on the seasonal sea ice cycle at 
the core site. A pronounced seasonal cycle leads to a negative or no correlation between IP25 
and HBI III, whereas a more fluctuating sea ice margin typically leads to a positive correlation 
of IP25 and HBI III. 
 
A pronounced increase in peak glacial IP25 values is observed consistently across all 
glacial intervals following MIS 28 (~1000 ka) concomitant with a shift in the timing 
of the glacial IP25 maximum from the mid-glacial to the late-glacial/deglacial (Figure 
6.9), with exception of MIS 22 (Table 4.2). Furthermore, the correlation of IP25 and 
HBI III changes to one that is in-phase between 1000-950 ka (Figure 6.11) (R2 = 0.67 
[0.15; 0.90], n = 17), indicating a more fluctuating sea ice margin with predominantly 
MIZ conditions (Figure 6.10). This is framed by intervals of no apparent correlation 
between these two biomarkers from 1220-1000 ka, MIS 36 to 29 (R2 = -0.02 [-0.30; 
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0.27], n = 26) and 950-800 ka, MIS 24-20 (R2 = -0.17 [-0.44; 0.12], n = 35) (Figure 
6.11) more consistent with a stronger seasonal cycle and a pronounced advance and 
retreat of the sea ice margin (Figure 6.10), as seen in the modern setting and for most 
other Arctic marginal seas (Deser and Teng, 2008, Méheust et al., 2013).  
 
 
Figure 6.11 (A) Pearson r correlation coefficient for IP25 and HBI III between 800-1220 ka 
(blue), including the 95% confidence interval (shaded blue area), calculated using Pearson T3 
(Mudelsee, 2003). The interval has been divided into three subsections based on the 
correlation of both biomarkers, the absolute concentration, and the profile of sea ice increase 
across glacial periods. (B) IP25 (violet) and HBI III (blue) concentrations between 800 ka and 
1220 ka expressed in ng g-1 dry sediment (sed). 
 
6.4.2.4 Marine isotope stages 44 to 51 
MIS 44 to MIS 51 precedes the onset of the MPT and is characterised by 41-ka G/IG 
frequency, as seen from the δ18Ob record at Site U1343, demonstrating significant 41-
ka periodicity from 1500 ka (Asahi et al., 2016) in accordance with the global LR04 
stack (Lisiecki and Raymo, 2005). Although the relative timing of sea ice changes in 
comparison to G/IG cycles is uncertain, resulting from the low resolution of the U1343 
δ18Ob record prior to 1200 ka (Figure 6.9), it is nonetheless clear that this interval is 
within the late Pleistocene as indicated by biostratigraphy, magnetostratigraphy, and 
tuning of long-term U1343 δ18Ob (Asahi et al., 2016) to the LR04 stack (Lisiecki and 
Raymo, 2005).  
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Across this interval periods of absent IP25 are accompanied by variable MARopal values 
indicative of both ice free (high MARopal) and perennial sea ice (low MARopal) 
conditions (Figure 6.9). Concentrations of HBI III were generally low, indicating that 
a spring ice edge bloom associated with the retreating MIZ most likely did not occur 
in the vicinity of Site U1343 during this interval. Further, a weak positive relationship 
between IP25 and HBI III (IP25-HBI III: R2 = 0.47 [0.18; 0.69], n = 32) suggests a 
fluctuating sea ice margin (Figure 6.10), with smaller changes in the position of the 
summer and winter sea ice edge. 
6.4.3 Sea ice dynamics in the eastern Bering Sea across the last glacial cycle 
Sea ice variability as reconstructed from IP25 and HBI III in the eastern Bering Sea 
across MIS 3 to MIS 1 exerts distinct G/IG variability (Figure 6.12), in line with other 
Pleistocene intervals studied at Site U1343. Late MIS 3 is marked by conditions 
predominantly outside the MIZ, indicating the presence of seasonal sea ice in the 
eastern Bering Sea, but no spring sea ice edge bloom in the vicinity of the core Site 
(Figure 6.12). Seasonal sea ice expansion is supported by increased content of ice 
rafted debris (IRD) in sediments of the southern Bering Sea across MIS 3 and MIS 2 
(Gorbarenko et al., 2010) and radiolarian assemblages, indicating a low-temperature, 
low-salinity surface layer during MIS 3, favourable for sea ice formation (Tanaka and 
Takahashi, 2005). Following MIS 3, early MIS 2 is characterised by the highest IP25 
concentrations throughout all four intervals studied at Site U1343 (Figure 6.9), in line 
with the proposed increase in sea ice extent across the Pleistocene based on diatom 
assemblages (Teraishi et al., 2016, Stroynowski et al., 2017) and increased IP25 in the 
western and eastern North Pacific (Méheust et al., 2018). HBI III concentrations across 
this interval, indicate a prominent spring sea ice edge bloom at Site U1343 (Figure 
6.12) and the relationship of HBI III and IP25 is in favour of a pronounced seasonal 
advance and retreat of the sea ice margin. Compared to MIS 3 (-84 ± 3 m (standard 
error (s.e.)) (Spratt and Lisiecki, 2016)), MIS 2 is characterised by a lower sea level (-
123 ± 2 m (s.e.) (Spratt and Lisiecki, 2016)) in conjunction with increased continental 
ice volume. Thus, even though both MIS 3 and MIS 2 were marked by a closed Bering 
Strait (~50 m water depth), the shoreline of Beringia was closer to Site U1343 during 
MIS 2, in line with a reduced geographical retreat of the spring sea ice edge and an 
associated phytoplankton bloom in the vicinity of the eastern Bering Sea slope.  
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Figure 6.12 All biomarker-based sea ice studies from the Bering Sea and the North Pacific in 
geographical order from the north to the south. (A) IP25 at site SO202-18-6 on the northern 
Bering Sea slope (Méheust et al., 2018), (B) SO201-2-114 on the western Bering Sea slope 
(Méheust et al., 2016), (C) Site U1343 (this study) with data points coloured according to the 
predominant sea ice state (orange: seasonal sea ice within the MIZ, yellow: seasonal sea ice 
outside the MIZ, red: ice free), (D) SO201-2-77 on the southern Shirshov Ridge (Méheust et 
al., 2016), (E) SO201-2-12 in the western subarctic Pacific (Méheust et al., 2016), (F) SO202-
27-6 on Patton Seamount in the north-eastern Pacific (Méheust et al., 2018), and (G) SO202-
07-6 on Detroit Seamount in the north-western Pacific (Méheust et al., 2018), together with 
(H) δ18Ob at Site U1343 (black) (Asahi et al., 2016) and the global LR04 stack (grey) (Lisiecki 
and Raymo, 2005). The dark grey vertical bar indicates the last glacial maximum (LGM, ~25-
18 ka), the light grey bars represent deglacial cold events, the Heinrich stadial 1 (HS1, (~14.7-
18 ka) and the Younger Dryas (YD, ~12.9-11.7 ka), the yellow bar marks the Bølling-Allerød 
(B/A, 12.7 ka to 14.7 ka), and the yellow/orange bar indicates the early Holocene including 
the Holocene Thermal Maximum (9-11.5 ka). The dashed vertical lines represent the marine 
isotope stage (MIS) boundaries as indicated by numbers at the top, MIS boundaries from 
Lisiecki and Raymo (2005). 
 
Across the LGM (~18-25 ka) a small decrease in IP25 is observed, however, 
consistently high concentrations are in line with enhanced seasonal sea ice in the 
eastern Bering Sea similar to the early MIS 2 (Figure 6.12). This is in agreement with 
both biomarker and diatom assemblage records of sea ice variability in the Bering Sea 
and the North Pacific, suggesting variable sea ice extent in western North Pacific and 
extended sea ice cover in the eastern North Pacific (Méheust et al., 2018), together 
with perennial or extended seasonal sea ice at the Umnak Plateau, the Shirshov Ridge, 
and in the western subarctic Pacific (Katsuki et al., 2003, Cook et al., 2005, Katsuki 
and Takahashi, 2005, Caissie et al., 2010, Max et al., 2012) (Figure 6.12).  
MIS 3 and MIS 2 are characterised by relatively well-ventilated intermediate waters 
at IODP Site U1342 (~800 m water depth) in the southern Bering Sea (Knudson and 
Ravelo, 2015b), however controversy exists, whether NPIW was formed in the Bering 
Sea or the Sea of Okhotsk. Based on the distribution of radiolarian assemblages 
Tanaka and Takahashi (2005) conclude that NPIW was formed in both the Bering Sea 
and the Sea of Okhotsk during MIS 3, whereas the Bering Sea was likely the primary 
location of NPIW formation during MIS 2. Neodymium isotope evidence indicates 
more radiogenic εNd during MIS 2 compared to MIS 3, suggesting enhanced 
intermediate water formation in the Bering Sea across the LGM (Horikawa et al., 
2010). Rella et al. (2012) also suggest increased Bering Sea intermediate water 
formation during stadial events of MIS 3 and across Termination I, whilst other studies 
indicate that the Sea of Okhotsk remained the primary location for NPIW formation 
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during millennial-scale cold events (Max et al., 2014, Okazaki et al., 2014). Increased 
sea ice extent in the Bering Sea, together with a pronounced seasonal sea ice cycle, as 
suggested from the relationship of HBI III and IP25 (R2 = -0.58 [-0.97;0.65], n = 15), 
across MIS 3 and MIS 2 is in support of increased brine rejection in the Bering Sea, 
potentially indicating increased NPIW formation. Further, records of nitrogen isotopes 
and biological productivity in the Bering Sea and the North Pacific, suggest increased 
stratification and decreased primary productivity during MIS 3 and MIS 2 as a result 
of enhanced salinity stratification and reduced nutrient supply to the surface ocean 
(Jaccard et al., 2005, Brunelle et al., 2007, Brunelle et al., 2010, Ovsepyan et al., 2017), 
in agreement with the MARopal at Site U1343 (Kim et al., 2014) (Figure 6.1). Increased 
seasonal sea ice cover could aid in enabling decreased primary productivity by 
reducing the light availability and facilitating stratification by strengthening the 
halocline during winter and freshwater input during summer.  
6.4.3.1 Sea ice evolution in the eastern Bering Sea across Termination I 
The resolution of IP25 across Termination I at Site U1343 is relatively low with an 
average temporal resolution of ~1.8 ka, hampering an in-depth discussion of 
millennial-scale climate events (Figure 6.12). Nevertheless, I will be examining the 
deglacial sea ice history at Site U1343 in light of additional sea ice records from across 
the Bering Sea and the North Pacific, providing a comprehensive picture of sea ice 
variability across Termination I. 
Across HS1 two samples were measured for sea ice reconstructions at Site U1343 
(Figure 6.12), with the early HS1 (17.4 ka) characterised by similar sea ice conditions 
to the LGM and the late HS1 (15.4 ka) indicating a decrease in the seasonal sea ice 
extent, as suggested from decreased IP25 and increased HBI III concentrations (Figure 
6.1, Figure 6.12). This is in agreement with biomarker-based sea ice reconstructions 
from the western Bering Sea, the Shirshov Ridge, and the western and eastern North 
Pacific all demonstrating increased seasonal sea ice extent during HS1 (Méheust et al., 
2016, Méheust et al., 2018) (Figure 6.12). Further, a simultaneous decrease in sea ice 
extent around ~15 ka can be observed across the Bering Sea and the western subarctic 
Pacific (Caissie et al., 2010, Méheust et al., 2016, Méheust et al., 2018) (Figure 6.12), 
in line with a coeval increase in the regional primary productivity (Brunelle et al., 
2007, Kim et al., 2014, Méheust et al., 2018, Pelto et al., 2018) and SST warming 
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(Meyer et al., 2016). However, due to the lower resolution the sea ice record at Site 
U1343 likely does not capture the true dynamic nature of the HS1 sea ice evolution as 
seen in other biomarker records from across the Bering Sea (Méheust et al., 2016, 
Méheust et al., 2018) (Figure 6.12). A pronounced increase in the mid-depth 
ventilation of the Bering Sea (Rella et al., 2012, Max et al., 2014, Knudson and Ravelo, 
2015b) and a deepening of NPIW penetration (Gebhardt et al., 2008, Max et al., 2014, 
Rae et al., 2014) (Chapter 5), point towards increased formation of intermediate waters 
via brine rejection during sea ice freezing across HS1. Enhanced seasonal sea ice 
formation in the Bering Sea during HS1 is in support of strengthened brine rejection, 
likely promoting intermediate water ventilation. However, further research is needed 
to determine, whether the Bering Sea and/or the Sea of Okhotsk were the primary 
sources of intermediate water formation during HS1 (Rella et al., 2012, Okazaki et al., 
2014, Max et al., 2014). 
The Bølling-Allerød (B/A, ~12.7 ka to 14.7 ka) warm period following HS1 is marked 
by absent IP25 at Site U1343 suggesting ice free conditions, in line with ice free 
conditions in the subarctic North Pacific and reduced sea ice extent in the western and 
south eastern Bering Sea (Caissie et al., 2010, Méheust et al., 2016, Méheust et al., 
2018) (Figure 6.12). Decreased sea ice extent is accompanied by an increase in the 
SST in the western Bering Sea (Max et al., 2012, Meyer et al., 2016) and increased 
primary productivity (Brunelle et al., 2007, Caissie et al., 2010, Kim et al., 2014, 
Méheust et al., 2016, Méheust et al., 2018). Warming and enhanced remineralisation 
of organic matter in the water column led to a pronounced expansion of the mid-depth 
oxygen minimum zone (OMZ) across the B/A, as seen from widespread laminated 
sediments (up to ~2000 m water depth) (Expedition 323 Scientists 2010, Aiello and 
Ravelo, 2012, Kuehn et al., 2014, Ovsepyan et al., 2017, Pelto et al., 2018) and from 
benthic foraminiferal assemblages and elemental proxies along the eastern Bering 
slope (Chapter 5). 
Following the B/A the YD cold event (~12.9-11.7 ka) is characterised by the re-
emergence of increased seasonal sea ice extent in the Bering Sea (Méheust et al., 2016, 
Méheust et al., 2018), also seen at Site U1343 (Figure 6.12). However, again the 
temporal resolution of the sea ice record with only one sample at the YD/Holocene 
boundary (Figure 6.12), suggests that the true sea ice variability may not be 
represented at Site U1343, likely explaining the dampened increase in IP25 compared 
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to other Bering Sea sites across the YD (Figure 6.12). Markedly increased HBI III 
concentrations in this sample are in favour of pronounced MIZ conditions along the 
eastern Bering Sea slope around 11.8 ka (Figure 6.12).  
Holocene sea ice variability at Site U1343 is represented by one data point at 10.2 ka 
that falls within the Holocene Thermal Maximum (9-11.5 ka), a warm period within 
the last interglacial driven by peak northern hemisphere summer insolation (12-10 ka) 
(Kaufman et al., 2004). It is characterised by absent IP25 concentrations, increased HBI 
III ~4 ng g-1 sed, and MARopal (3.7 g cm-2 ka-1) close to the threshold of seasonal sea 
ice versus ice free/extended sea ice conditions. Thus, although it does not fall 
convincingly within the proposed boundary conditions for eastern Bering Sea sea ice 
scenarios (Table 6.2), co-examination with other biomarker-based sea ice 
reconstructions from across the Bering Sea and the subarctic North Pacific (Méheust 
et al., 2016, Méheust et al., 2018), suggest ice free conditions prevailed along the 
eastern Bering Sea slope (Figure 6.12). This is further supported by SST warming in 
the Bering Sea across the early Holocene (Caissie et al., 2010, Max et al., 2012, Meyer 
et al., 2016) and increased warm Alaskan Stream inflow into the south eastern Bering 
Sea from around 11 ka as seen from the assemblage of the diatom species 
Neodenticula seminae at the Umnak Plateau (Katsuki and Takahashi, 2005, Caissie et 
al., 2010). 
Thus, biomarker-based sea ice records at Site U1343 across MIS 3 to MIS 1 support 
previously reconstructed G/IG and millennial-scale changes in Bering Sea sea ice 
extent, demonstrating variability closely linked to deglacial North Atlantic millennial-
scale climate events via oceanic or atmospheric teleconnections (Caissie et al., 2010, 
Max et al., 2012, Méheust et al., 2016, Méheust et al., 2018). Potential oceanic 
teleconnections of North Atlantic climate change and Bering Sea sea ice variability 
include changes in the sea level, driving warm and salty Alaskan Stream inflow into 
the southern Bering Sea (Méheust et al., 2016, Méheust et al., 2018), influencing the 
sea ice extent. Abundances of N. seminae, a diatom species indicative of Alaskan 
Stream waters (Sancetta, 1983), increases in the subarctic western Pacific during the 
B/A and at the onset of the Holocene (Max et al., 2012), in line with sea ice 
development at this site (Méheust et al., 2016). In the southeastern Bering Sea, 
however, N. seminae does not increase until ~11 ka at the Umnak Plateau (Katsuki 
and Takahashi, 2005, Caissie et al., 2010), suggesting decreased influence of the 
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Alaskan Stream during deglacial warm phases prior to 11 ka. Meyer et al. (2016) 
suggest that the subarctic western Pacific may be more sensitive to changes in the 
surface ocean circulation related to reduced Alaskan Stream flow through the Aleutian 
Arc during sea level lowstands, such as the LGM and early deglaciation, whilst the 
surface ocean conditions in the Bering Sea are more sensitive to atmospheric 
teleconnections. Possible atmospheric teleconnections include increased advection of 
cold air masses from the North Atlantic via increased zonal wind velocities during 
deglacial cold events (Manabe and Stouffer, 1988). Moreover, Okumura et al. (2009) 
suggest an influence of tropical SST anomalies on North Pacific atmospheric 
circulation in conjunction with AMOC slowdown during deglacial stadials. Decreased 
northward heat transport in the Atlantic, thus causes a deeper and stronger Aleutian 
Low over the North Pacific, increasing the surface heat fluxes and the southward 
Ekman transport, promoting hemisphere-wide cooling during HS1 and the YD 
(Okumura et al., 2009). 
Across the LGM-Holocene biomarker-based sea ice reconstructions from IODP Site 
U1343, thus agree well with previous studies from across the Bering Sea and the North 
Pacific (Méheust et al., 2016, Méheust et al., 2018), suggesting millennial-scale sea 
ice changes in-phase with North Atlantic climate change across Termination I (Figure 
6.12). Additionally, the record of sea ice variability at Site U1343 is the first 
biomarker-based record in the Bering Sea extending into the LGM and even as far 
back as MIS 3, indicating extended seasonal sea ice throughout late MIS 3 and MIS 2 
(Figure 6.12), corroborated by findings of diatom assemblage studies (Katsuki et al., 
2003, Katsuki and Takahashi, 2005, Caissie et al., 2010, Max et al., 2012). 
6.4.4 Mid-Pleistocene sea ice dynamics in the eastern Bering Sea  
Variations in sea ice and phytoplankton biomarkers, together with previously reported 
MARopal from Site U1343, demonstrate major changes in sea ice dynamics in the 
eastern Bering Sea during the past 1500 ka, especially across the interval covering the 
MPT (Figure 6.13). Three broad intervals of sea ice change are identified 
corresponding to the early-mid Pleistocene (1220-1000 ka), an interim state (1000-
950 ka), and the mid-to-late Pleistocene (950-800 ka and 500-340 ka).  
During the early-mid Pleistocene (1220-1000 ka) IP25 and HBI III concentrations are 
de-coupled (Figure 6.11), indicating a pronounced seasonal advance and retreat of the 
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sea ice margin, as per modern conditions. This contrasts the preceding interval (MIS 
51 to 43) where IP25 and HBI III concentrations exhibit a weak positive correlation 
indicative of a fluctuating sea ice margin (Cabedo-Sanz and Belt, 2016) and relatively 
small changes in the position of the winter and summer sea ice edge during 41-ka 
climate cycles, potentially as a result of less extreme climate variability (Figure 6.13).  
At ~1000 ka, an increase in IP25 and HBI III, together with a shift to a statistically 
significant in-phase relationship between these two biomarkers (Figure 6.11), 
indicates a return to a more fluctuating sea ice margin (Cabedo-Sanz and Belt, 2016), 
and the onset of an interim state in sea ice dynamics. This is accompanied by a 
pronounced increase in the mean abundance of sea ice related diatoms at Site U1343 
(Figure 6.13) (Teraishi et al., 2016), in line with the increase in IP25 indicating a larger 
sea ice extent. Highest HBI III concentrations within the entire record (Figure 6.13) 
indicate that MIZ conditions likely prevailed close to Site U1343. Additionally, the 
temporal profile of sea ice increase across glacial periods changes during the interim 
state, such that sea ice reaches its maximum during the late-glacial/deglacial, 
compared to the mid-glacial IP25 peaks of the early-MPT interval (1220-1000 ka) 
(Figure 6.13). The gradual early glacial increase in sea ice during the interim state is 
followed by a pronounced maximum in IP25 concentration, first observed during MIS 
28 (Table 4.2) (Figure 6.13). Determination of the exact duration of late-
glacial/deglacial sea ice maxima is limited by variable sample resolution, although the 
best resolved maxima during late MIS 26/early MIS 25 (Table 4.2) has a duration of 
~4.8 ka. These transient late-glacial/deglacial sea ice maxima, even though of variable 
resolution (one to four data points), are observed during MIS 28, 26, 24 (Table 4.2), 
and 12. Compared to the sea ice maxima observed across the MPT interval, however, 
the sea ice maximum during late MIS 12 is characterised by a prolonged period (~33 
ka) of extended sea ice cover, as shown by the low MARopal values (Figure 6.13). This 
potentially points towards an intensification of late-glacial/deglacial sea ice maxima 
between the MPT G/IG cycles and the quasi-100 ka cycles of the late Pleistocene, 
though a continuous sea ice record, spanning at least the last 1500 ka, is needed, to 
confirm this suggestion. Nevertheless, in support of this interpretation, it has been 
reported previously that perennial sea ice dominated the western Bering Sea (Méheust 
et al., 2016) the Umnak Plateau (Caissie et al., 2010), and the subarctic North Pacific 
(Méheust et al., 2018) (Figure 6.12) until ~15 ka across Termination I, with ice free 
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conditions not reached until ~11 ka (Figure 6.12). This is additionally corroborated by 
the sea ice record at Site U1343 suggesting increased sea ice extent until ~15.4 ka in 
the eastern Bering Sea. Studies from other marginal seas, such as the Barents Sea, the 
Fram Strait, and the Nordic Seas, also confirm the presence of an extensive sea ice 
cover during Termination I (Aagaard-Sørensen et al., 2010, Müller and Stein, 2014, 
Hoff et al., 2016), suggesting that this could be a common feature of late Pleistocene 
climate cycles. 
In addition to IP25 and HBI III a third biomarker, brassicasterol (24-methylcholesta-
5,22E-dien-3β-ol), was measured, which has a variety of sources, including marine 
and lacustrine phytoplankton (Goad and Withers, 1982, Gladu et al., 1990, Volkman, 
2006, Belt et al., 2013) and potentially even sea ice algae (Belt et al., 2013). As such, 
brassicasterol is used to investigate the importance of sea ice for phytoplankton growth 
in the eastern Bering Sea and, indeed, a weak positive relationship (R2 = 0.56 [0.16; 
0.81], n = 32) is found between IP25 and brassicasterol (Figure 6.5) from 1530-1360 
ka. This likely reflects production of brassicasterol by sea ice algae or phytoplankton 
stimulated by nutrient release during spring sea ice melting (Wang et al., 2014). From 
at least ~1000 ka onwards, however, brassicasterol and IP25 are de-coupled (~1000-
800 ka: R2 = 0.09 [-0.26; 0.43], n = 52; ~500-340 ka: R2 = -0.08 [-0.60; 0.48], n = 32) 
(Figure 6.5), which is suggestive of additional sources for brassicasterol (e.g. possibly 
from non-biogenic entrainment in sea ice) and/or other mechanisms potentially 
becoming more important for nutrient supply to the surface ocean at the eastern Bering 
Sea slope. Possible mechanisms include changes in the ocean stratification/vertical 
mixing and/or changes in the inflow of nutrient-rich Pacific waters, specifically the 
Alaskan Stream (Mordy et al., 2005). The abundance of the diatom species N. seminae 
(Teraishi et al., 2016), shows a pronounced decrease in the mean percentage in Site 
U1343 at the end of the interim state 950 ka (Figure 6.13). This suggests that mid-to-
late Pleistocene glacial periods (at least) are characterised by decreased influence of 
North Pacific waters at the core Site as a result of glacial sea level lowstands (Teraishi 
et al., 2016). With respect to nutrient transport to the surface ocean along the Bering 
Sea slope, this indicates that upwelling of nutrient-rich waters via deep-reaching 
eddies (Mizobata and Saitoh, 2004) potentially played the most important role for 
nutrient supply and phytoplankton growth from at least 950 ka onwards.  
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The continued inflow of North Pacific waters (as indicated by N. seminae (Figure 
6.13)) into the southern Bering Sea during the interim state (1000-950 ka) is consistent 
with the in-phase relationship between IP25 and HBI III (Figure 6.11), suggesting 
smaller variations in the position of the summer and winter sea ice margin. Even 
though regional climate cooling in the North Pacific from ~1150 ka (see below) 
promoted an increase in the eastern Bering Sea seasonal sea ice cover, as seen by 
increased IP25 concentrations, the continued inflow of North Pacific waters could have 
counteracted an extensive seasonal expansion of sea ice and resulted in the observed 
fluctuating sea ice margin at Site U1343 across the interim state. Concomitant with 
the decrease in Alaskan Stream inflow at 950 ka, as suggested by the abundance of N. 
seminae in U1343 (Figure 6.13), the correlation of HBI III and IP25 shifts (Figure 6.11) 
to one that is more indicative of a pronounced seasonal cycle in the position of the 
winter and summer sea ice margin.  
The onset of the mid-to-late Pleistocene interval (950-800 ka, 500-340 ka), beginning 
at MIS 25 (Table 4.2), is characterised by an ice free eastern Bering Sea (Figure 6.13), 
as shown by absent IP25, low HBI III, and high MARopal. Temporal IP25 variability 
across G/IG cycles is similar to that of the interim state with higher IP25 concentration 
indicative of increased sea ice cover during the late-glacial/deglacial. Exceptionally, 
MIS 22 (Table 4.2) is characterised by lower IP25 values compared to the three 
preceding glacial periods, apart from one sample indicating extended sea ice cover 
along the eastern Bering slope (Figure 6.13). However, a consistently low MARopal 
between MIS 23 and late MIS 21 (Table 4.2) suggest a persistent seasonal/extended 
sea ice cover during this time interval, which may explain the relatively lower IP25 
content during MIS 22 (Table 4.2) (Figure 6.13).  
Overall, the data suggest a twofold change in sea ice dynamics across the MPT with 
an increase in sea ice extent from ~1150 ka accompanied by a change in the timing of 
glacial sea ice increase at ~1000 ka. From 1220-1000 ka sea ice maxima are 
encountered during mid-glacials (Figure 6.13), whereas the studied glacial periods 
post ~1000 ka show distinct sea ice maxima during the late-glacial/deglacial (Figure 
6.13), with the exception of MIS 22 (Table 4.2).  
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Figure 6.13 Overview of regional and global climate records across the Pleistocene. (A) 
Abundance of sea ice diatoms in Site U1343 (Teraishi et al., 2016) (light blue) together with 
the mean values pre and post 1000 ka. (B) Abundance of N. seminae in sediments of Site 
U1343 (Teraishi et al., 2016) (dark green). (C) Site U1343 mass accumulation rate of biogenic 
opal (Kim et al., 2014) (MARopal) (purple). (D) Δδ
13C(849-U1342) (Knudson and Ravelo, 2015b) 
indicative of NPIW ventilation/formation (brown). (E) Site U1343 IP25 record (this study), 
colour-coded according to the predominant sea ice regime (red: ice free, blue: extended ice 
cover, orange: seasonal sea ice within the MIZ, yellow: seasonal sea ice outside the MIZ). The 
IP25 peak labelled with an asterisk denotes the first glacial interval (MIS 28) characterised by 
a late glacial/deglacial sea ice maximum. (F) Site U1343 HBI III (blue) record (this study). 
(G) Alkenone-based North Pacific SSTs ODP Site 882 (Martínez-Garcia et al., 2010) (light 
purple). (H) BWT in DSDP Site 607 (Sosdian and Rosenthal, 2009) in the North Atlantic 
(light grey). (I) BWT in ODP Site 1123 (Elderfield et al., 2012) in the southwest Pacific (dark 
grey). (J) Site U1343 18Ob record (Asahi et al., 2016) (black) together with the global 
18Ob 
stack (grey) (LR04) (Lisiecki and Raymo, 2005). The horizontal lines in the MARopal, IP25, 
and HBI III records indicate the threshold values for interpreting the sea ice scenarios (as 
indicated in Table 2). Grey bars indicate glacial intervals, white bars represent interglacials 
(numbers at the top correspond to MIS, MIS boundaries from Lisiecki and Raymo (2005)). 
 
As previously shown by Gildor and Tziperman (2001), extensive sea ice cover during 
glacial terminations negatively impacts snow accumulation on continental glaciers via 
the temperature-precipitation feedback, limiting evaporation from the polar ocean, and 
via the diversion of the winter storm tracks. Model results suggest a sea ice versus land 
ice hysteresis with a deglacial sea ice spike of 5-10 ka (Sayag et al., 2004), which is 
of slightly longer duration than the best resolved sea ice maximum during the MIS 
25/24 transition (Table 4.2) (~4.8 ka) recorded at Site U1343 (Figure 6.13, Figure 6.9). 
Where observed, the transient sea ice maxima are concomitant with deglaciations 
(Figure 6.13), as determined from δ18Ob, suggesting that sea ice likely aids in the 
initiation of major terminations. Furthermore, the overall increase in sea ice extent 
across the MPT is in accordance with outcomes from a recent modelling study (Lee et 
al., 2017), which indicates that a cooler climate results in larger sea ice extent and an 
asymmetric sea ice response between hemispheres, leading to 100-ka G/IG cycles (Lee 
et al., 2017). However, since there are, as yet, no Antarctic sea ice records available 
for the MPT, I cannot directly assess the interhemispheric relationship of sea ice 
growth. Nevertheless, proxy data across the MPT demonstrates a sea ice/land ice 
hysteresis as predicted by the SIS hypothesis (Gildor and Tziperman, 2001, Tziperman 
and Gildor, 2003, Sayag et al., 2004). Thus, despite its variable temporal resolution, 
the sea ice reconstruction from Site U1343 highlights the potential for MPT sea ice 
change to influence the timing and shape of late Pleistocene climate cycles. This is not 
only important with respect to understanding long-term sea ice and G/IG dynamics, 
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but also offers the opportunity for improving proxy-model comparisons aimed at 
assessing the role of sea ice on climate change. Still, further studies from different 
regions and of even higher resolution are needed, to confirm the presence and duration 
of sea ice maxima in the Arctic marginal seas across late-glacials/deglacials during 
late Pleistocene G/IG cycles. 
6.4.4.1 Mechanisms for Mid-Pleistocene sea ice change 
The SIS hypothesis invokes a long-term deep ocean cooling, associated with increased 
polar ocean stratification and changes in the surface ocean heat capacity as a possible 
cause for sea ice changes across the MPT (Tziperman and Gildor, 2003). To date, three 
orbitally-resolved bottom water temperature (BWT) records exist across the MPT; two 
from Deep Sea Driiling Project (DSDP) Site 607 in the North Atlantic (Sosdian and 
Rosenthal, 2009, Ford et al., 2016) and another from Ocean Drilling Program (ODP) 
Site 1123 in the South Pacific (Elderfield et al., 2012) (Figure 6.13). As discussed in 
Chapter 4 both records show divergent trends in the BWT history. North Atlantic 
DSDP Site 607 demonstrates a prominent decline in BWT between ~1150 ka and 850 
ka (Sosdian and Rosenthal, 2009, Ford et al., 2016), in line with the SIS hypothesis. 
OPD Site 1123, on the other hand, shows no evidence for a long-term cooling across 
the MPT (Elderfield et al., 2012), indicating that there are pronounced regional 
differences in BWT history across the MPT unlikely to cause global changes in sea 
ice dynamics. 
The low resolution BWT record at Site U1343 indicates warming across the early MPT 
(until MIS 22) and cooling throughout the late Pleistocene (Figure 4.9). However, 
there is no evidence for BWT cooling at MIS 28 (Table 4.2), the onset of the interim 
state in Bering Sea sea ice dynamics. Thus, enhanced polar ocean stratification driven 
by homogenous water column cooling and resulting increased salinity stratification 
(Sigman et al., 2004), likely did not cause the initial increase in the Bering Sea sea ice 
extent, even though it may have played a role for late Pleistocene climate cycles, where 
a long-term BWT cooling is observed (Figure 4.9) in conjunction with increased IP25 
concentrations (Figure 6.13). Another potential mechanism driving vertical water 
column mixing in the eastern Bering Sea today are mesoscale eddies, forming along 
the shelf break. Eddy formation is correlated to the strength of the Bering Slope 
Current (Mizobata and Saitoh, 2004), which in turn is related to Alaskan Stream inflow 
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into the Bering Sea. Decreased Alaskan Stream inflow during glacial intervals from 
950 ka (Teraishi et al., 2016) (Figure 6.13), could have limited eddy formation, as a 
result of less vigorous surface ocean circulation, promoting a more stratified water 
column. Sea ice extent in the eastern Bering Sea, however, increases prior to 950 ka, 
indicating that circulation-driven changes in the vertical mixing are likely not the 
primary cause for changes in the MPT sea ice dynamics. This is further supported by 
a record of nitrogen isotopes at IODP Site U1342 suggesting enhanced stratification 
of the Bering Sea water column throughout all glacial intervals of the last 1200 ka, 
with no pronounced change observed at MIS 28 (Knudson and Ravelo, 2015a). 
Instead, changes in sea ice dynamics in the Bering Sea across the MPT are 
accompanied by regional climate cooling as observed in North Pacific SST records 
(Martínez-Garcia et al., 2010) and from regional glacier advances (Bintanja and van 
de Wal, 2008b). Bintanja and van de Wal (2008b) modelled ice volume in the northern 
hemisphere over the past 3000 ka. The model results show that the North American 
Ice Sheet started to advance at ~1000 ka during MIS 28 coeval with the onset of 
deglacial sea ice maxima, potentially as a result of strengthened Walker Circulation 
and increased moisture transport to high latitudes (McClymont and Rosell-Melé, 
2005). During MIS 26 (Table 4.2) when the first severe deglacial sea ice spike is 
observed the Cordilleran and Laurentide ice sheet merged for the first time (Bintanja 
and van de Wal, 2008b) (Figure 6.13). Largest ice volume increase in their model, 
however, did not occur until 900 ka in consensus with reconstructions of the oxygen 
isotope composition of seawater (δ18Ow) (Elderfield et al., 2012). Further, the increase 
in sea ice extent in the Bering Sea is consistent with a long-term decrease of North 
Pacific SSTs (ODP Site 882 (Martínez-Garcia et al., 2010, McClymont et al., 2013), 
Figure 6.13) as a result of the progressive expansion of North Pacific polar water 
masses from ~1150 ka (McClymont et al., 2008). Long-term North Pacific SST 
cooling intensified around 1100 ka with lowest SSTs coinciding with the sea ice 
interim state (1000-950 ka) (Figure 6.13). A subsequent increase in North Pacific SSTs 
between 950-850 ka has been attributed to a northward movement of the North Pacific 
Polar Front (McClymont et al., 2008). However, MIS 12, MIS 10, and MIS 2 show 
increased sea ice extent at Site U1343 (Figure 6.13) even though SSTs from Site 882 
remain high from ~850 ka onwards and increase even further from ~500 ka (Figure 
6.13) (Martínez-Garcia et al., 2010). This indicates that the northward shift of the 
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North Pacific Polar Front did not propagate into the Bering Sea as sea ice duration and 
extent increase throughout the late Pleistocene interval. The increase in sea ice extent 
in the Bering Sea thus paralleled North Pacific SST decrease and regional glacier 
advances in association with changes in the atmospheric circulation pattern, 
suggesting a response to global climate change.  
6.4.4.2 The influence of Bering Sea sea ice on intermediate water formation 
Finally, the importance of Mid-Pleistocene sea ice extent in the eastern Bering Sea for 
glacial NPIW formation is examined. The difference between benthic foraminiferal 
carbon isotopes (δ13C) recorded at ODP Site 849 (Mix et al., 1995) (0°11.0'N, 
110°31.1'W; 3851 m) and IODP Site U1342, Δδ13C(849-U1342), is used as a proxy for 
Bering Sea glacial NPIW formation/ventilation as proposed by Knudson and Ravelo 
(2015b) (Figure 6.13). Specifically, since the Site 849 δ13C is believed to approximate 
global oceanic dissolved inorganic carbon (δ13CDIC) values (Mix et al., 1995), 
subtraction of site-specific δ13C values enables local influences to be determined 
(Knudson and Ravelo, 2015b). Site U1342 is located in the southern Bering Sea on 
the Bowers Ridge and lies just below the modern depth of NPIW (300-800 m (Max et 
al., 2017)) at 818 m water depth. At modern times, Site U1342 is bathed in NPDW 
with very low δ13CDIC (Knudson and Ravelo, 2015b). During glacial periods, however, 
NPIW was, at least partly, formed in the Bering Sea and reached down to the seafloor 
(at U1342), transporting high δ13CDIC surface waters to greater depth (Knudson and 
Ravelo, 2015b). Thus high (low) Δδ13C(849-U1342) represents reduced (enhanced) NPIW 
influence at Site U1342 (Figure 6.13).  U1343 IP25 and Δδ13C(849-U1342) are inversely 
correlated (R2 = -0.29 [-0.46; -0.10], n = 118) (Figure 6.14), supporting a role of sea 
ice extent in the eastern Bering Sea for NPIW formation via brine rejection, which is 
consistent with previous studies, indicating intermediate water formation in the Bering 
Sea (Horikawa et al., 2010, Rella et al., 2012, Max et al., 2017). Additionally, U/Mn 
of authigenic foraminiferal coatings at Site U1343 suggest better ventilated deep 
waters (~2000 m) from MIS 28 (Table 4.2) and throughout most MPT glacial intervals 
(Figure 5.9).  
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Figure 6.14 Cross plot of IP25 from Site U1343 versus Δδ
13C(849-U1342) (Knudson and Ravelo, 
2015b) a proxy for intermediate water ventilation at Site U1342 (~800 m water depth), 
including the Pearson r correlation coefficient and the linear regression (grey). Δδ13C(849-U1342) 
has been re-sampled at the same age points as the U1343 IP25 record, using AnalySeries 2.0.8 
(Paillard et al., 1996). 
 
MIS 28 represents the onset of the interim state in sea ice dynamics and is marked by 
the first prominent deglacial sea ice spike (Figure 6.13), suggesting that enhanced sea 
ice formation caused a greater penetration of well-ventilated intermediate waters in 
the Bering Sea since the MPT. Increased sea ice cover during glacials and greater 
penetration of intermediate waters potentially has important implications for the 
ocean/atmosphere gas exchange. Presently, deep reaching eddies bring high-CO2 
NPDW to the surface ocean along the eastern Bering slope (Mizobata and Saitoh, 
2004), resulting in occasional CO2 outgassing (Kelley et al., 1971). It is possible that 
increased sea ice extent in the Bering Sea during late and post-MPT glacial periods 
aided glacial atmospheric CO2 drawdown via two mechanisms. First, by carbon 
sequestration during the formation of NPIW and by reducing the amount of upwelled 
NPDW through greater penetration of NPIW (Kender et al., in review), and second, 
by reducing CO2 outgassing by acting as a physical barrier. Increased sea ice extent in 
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the Bering Sea across the mid Pleistocene thus has the potential to aid in increased 
glacial abyssal North Pacific carbon storage, as proposed by studies from Site 882 
during the late Pleistocene (Jaccard et al., 2005, Galbraith et al., 2007, Jaccard et al., 
2009). Future work should focus on reconstructing the depth of glacial NPIW 
throughout the North Pacific realm across the late Pleistocene and its ability for carbon 
sequestration, as this would likely have been influenced by the amount of brine 
formation and thus sea ice dynamics.  
6.5 Conclusions 
In summary, the sea ice reconstructions across four intervals covering the Mid- to late 
Pleistocene at IODP Site U1343 in the Bering Sea show pronounced G/IG variability 
during both 41-ka and 100-ka climate cycles. Furthermore, fundamental changes in 
sea ice dynamics are observed associated with the MPT. 
The LGM-Holocene, in conjunction with additional high-resolution studies of sea ice 
dynamics from across the Bering Sea and the North Pacific (Katsuki et al., 2003, 
Katsuki and Takahashi, 2005, Cook et al., 2005, Caissie et al., 2010, Max et al., 2012, 
Méheust et al., 2016, Méheust et al., 2018), suggests extended seasonal sea ice cover 
across the late MIS 3 and MIS 2, together with pronounced millennial-scale sea ice 
variability across Termination I. North Atlantic cold stadials, such as HS1 and the YD, 
together with the LGM are characterised by increased sea ice extent in the Bering Sea 
(Figure 6.15), whereas warm intervals, like the B/A and early Holocene are marked 
by ice free conditions (Figure 6.15). This suggests in-phase deglacial climate change 
in the Bering Sea with North Atlantic millennial-scale events, likely resulting from 
atmospheric teleconnections (Manabe and Stouffer, 1988, Okumura et al., 2009). 
Furthermore, a twofold change in sea ice dynamics is observed across the MPT (Figure 
6.13, Figure 6.15). The early-mid Pleistocene (1220-1000 ka) is characterised by a 
fluctuating sea ice margin around the eastern Bering slope during glacial intervals and 
predominantly ice free conditions during interglacials (Figure 6.15). Around 1000 ka 
there is a prominent increase in the IP25 and HBI III concentrations at Site U1343, 
indicating a prolonged seasonal sea ice extent during both glacial and interglacials and 
a fluctuating sea ice margin until ~950 ka (Figure 6.15), likely influenced by the inflow 
of relatively warm and salty Alaskan Stream waters into the southern Bering Sea 
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(Figure 6.13). Since ~950 ka the Bering Sea has been dominated by a pronounced 
seasonal advance and retreat of the sea ice margin (Figure 6.15) and restricted Alaskan 
Stream inflow, at least during glacial intervals (Figure 6.13). This sea ice evolution is 
supported by studies of diatom assemblages (Teraishi et al., 2016, Stroynowski et al., 
2017) in the eastern Bering Sea (Figure 6.13). 
 
 
Chapter 6: Sea ice dynamics in the Bering Sea across the Mid- to late Pleistocene 
200 
 
Figure 6.15 Simplified schematic overview of sea ice change in the Bering Sea across the 
mid-to-late Pleistocene showing the sea ice dynamics across the four intervals identified as 
the early-mid Pleistocene (1220-1000 ka), an interim state (1000-950 ka), the mid-to-late 
Pleistocene (950-800 ka and 500-300 ka), and the LGM (25-18 ka) and the early Holocene 
(~10 ka). (A) Sea ice dynamics across glacial intervals of the respective time period. (B) Sea 
ice dynamics across interglacial intervals of the respective time period. Maps were created 
using Ocean Data View (Schlitzer, 2011). Glacial sea level is based on δ18Ow from DSDP Site 
607 (Sosdian and Rosenthal, 2009), ODP Site 1123 (Elderfield et al., 2012), and the late 
Pleistocene sea level stack (Spratt and Lisiecki, 2016) with the coastline representing the 
average minimum sea level across all glacial intervals of that period. The mid-to-late 
Pleistocene glacial and LGM/Holocene sea ice schematics are additionally supported by 
studies from the Umnak Plateau (Caissie et al., 2010), the eastern Bering Sea and across the 
North Pacific (Max et al., 2012, Méheust et al., 2016, Méheust et al., 2018) across Termination 
I (blue dots). Continental glacier advances are simplified schematics based on maximum 
Pleistocene glacier extent in Alaska (Kaufman and Manley, 2004). 
 
The increase in sea ice extent around ~1000 ka is accompanied by the appearance of 
a consistent late-glacial/deglacial sea ice maximum in all but one studied glacial 
periods post ~1000 ka (Figure 6.13), as predicted by the SIS hypothesis (Gildor and 
Tziperman, 2001, Tziperman and Gildor, 2003, Sayag et al., 2004). On the contrary, 
regional and global climate records across the MPT indicate that long-term deep ocean 
cooling, as suggested by the SIS hypothesis (Tziperman and Gildor, 2003), was likely 
not the primary driver of changes in Bering Sea sea ice dynamics. Instead sea ice likely 
responded to regional and global climate cooling, as seen from coeval expansion of 
polar water masses with lower SSTs in the North Pacific (Martínez-Garcia et al., 2010, 
McClymont et al., 2013), increased extent of the North American Ice Sheet (Bintanja 
and van de Wal, 2008a), and changes in the atmospheric circulation (McClymont and 
Rosell-Melé, 2005). Nonetheless, I propose that the MPT is accompanied by 
fundamental changes in Bering Sea sea ice dynamics, which might have played a 
crucial role in the timing and shape of late Pleistocene climate cycles by reducing the 
moisture supply to continental glaciers across the onset of deglaciations. 
This study is an important step forward in understanding the role of sea ice for the 
MPT, but will need to be supplemented by further high-resolution (and continuous) 
orbitally-resolved sea ice records over the past 1500 ka to determine, the exact timing 
of sea ice build-up across G/IG cycles. Additionally, sea ice records from other Arctic 
marginal seas across the MPT should help confirm the occurrence of deglacial sea ice 
maxima in late-to-post MPT glacial periods and to further understand their 
implications. Finally, additional studies of Bering Sea surface ocean chemistry are 
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needed to determine the role of sea ice for CO2 sequestration and ultimately deep 
ocean carbon storage via glacial NPIW formation. 
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7. Synthesis and outlook 
7.1 Diagenetic alterations of foraminifera underlying the 
high-productivity region of the Green Belt in the eastern 
Bering Sea – challenges and opportunities 
The primary goal of Chapter 3 was to explore the trace metal composition and spatial 
variability of foraminiferal authigenic carbonates in continental margin sediments 
underlying the high productivity area of the eastern Bering Sea slope and to examine 
the potential of carbonate proxies for paleoclimate reconstructions. Continental 
margins are often characterised by very high sedimentation rates, representing ideal 
climate archives to study past climate change at an orbital to sub-orbital resolution. 
Over the last decades the trace metal and isotopic composition of calcareous 
foraminifera have become one of the most important means to reconstruct a large 
variety of different environmental conditions, such as temperature, continental ice 
volume, water mass changes, and carbonate system parameters. However, application 
in continental margin settings is limited due to abundant microbial activity in the 
sediments, resulting from enhanced primary productivity in the surface ocean and 
sedimentary carbon burial, impacting the preservation of calcareous foraminifera. 
Thus, a comprehensive understanding and characterisation of the influence of post-
depositional processes on the foraminiferal geochemistry, has never been more 
important.  
The eastern Bering Sea continental margin is characterised by abundant methane of 
biogenic origin with a modern Sulphate-Methane Transition Zone (SMTZ) at ~8 
meters below seafloor (mbsf) at International Ocean Discovery Program (IODP) Site 
U1343 (Wehrmann et al., 2011). Above the SMTZ organoclastic sulphate reduction 
takes place (Wehrmann et al., 2011), with both anaerobic oxidation of methane (AOM) 
within the SMTZ and organoclastic sulphate reduction raising the pore water alkalinity 
by producing HCO3- (Boetius et al., 2000, Hinrichs and Boetius, 2003, Treude et al., 
2005, Wehrmann et al., 2011). Increased pore water alkalinity can lead to the 
formation of authigenic carbonates, with foraminiferal tests acting as a template for 
authigenic carbonate precipitation.  
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Detailed single specimen imaging and chemical analyses revealed that authigenic 
carbonates can form crusts on the inside and/or outside of foraminiferal tests. Further, 
complete and partial recrystallization of foraminiferal test walls can be observed. 
Recrystallization is likely initiated along lines of weakness within the foraminiferal 
tests, where pore waters may enter, as seen from foraminiferal cross sections with 
authigenic carbonate banding associated with the primary foraminiferal carbonate 
layers.  
Geochemical analyses demonstrate that high-Mg calcite (HMC) and low-Mg calcite 
(LMC) are the main contamination phases in foraminifera at IODP Site U1343, in line 
with studies of authigenic carbonate crystals demonstrating the presence of HMC, 
LMC, dolomite and Fe-carbonates (Pierre et al., 2016). Dolomite and Fe-carbonate 
crystals, however, form in a deeper zone of carbonate diagenesis at ~260 mbsf (Pierre 
et al., 2016) with no pronounced change in foraminiferal geochemistry observed 
across this zone. Trace metal ratios of diagenetically altered foraminifera from above 
and below the modern SMTZ suggest that LMC precipitates on foraminifera above 
the SMTZ, likely as a result of the inhibiting effect of dissolved sulphate on Mg 
incorporation into carbonates (Walter, 1986), whilst HMC with varying amounts of 
Mg represents the main contamination phase in foraminifera below the SMTZ. 
Additionally, the geochemical analyses demonstrate that authigenic carbonates are 
enriched in Sr, Fe, U, and Mn.  
To date two main approaches exist to correct for foraminiferal contamination in 
paleoceanographic studies, in particular Mg/Ca for temperature reconstructions. The 
first one relies on constant Mg/metal ratios (Hasenfratz et al., 2017a), whilst the 
second one utilises the molar ratio of Mg/Ca and a trace metal primarily associated 
with the contamination phase to subtract the Mg stemming from the contaminant (Lea 
et al., 2005). Out of the trace metals enriched in foraminiferal authigenic carbonates, 
U is the most suitable to correct for authigenic carbonates in paleoceanographic 
studies, such as foraminiferal Mg/Ca for temperature reconstructions. Compared to 
Mn and Fe, U is only marginally influenced by other potential contamination phases, 
such as Mn-Fe-oxides and pyrite and is much more enriched in authigenic carbonates 
compared to Sr. However, as a result of the dynamic nature of the redox regime along 
the eastern Bering Sea slope, Mg/U ratios of diagenetically altered foraminifera are 
highly variable, indicating that the first approach is not feasible at IODP Site U1343. 
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The second approach uses the molar ratio of Mg/Ca to U/Ca derived from the slope of 
the regression to correct for Mg/Ca associated with the contamination phase (Lea et 
al., 2005). The regression of U/Ca versus Mg/Ca of diagenetically altered foraminifera 
at Site U1343 is best described by an exponential function, however, samples with 
high Mg/Ca and U/Ca seem to be less well represented by this regression, resulting in 
unrealistically high corrected Mg/Ca ratios. This indicates that this correction could 
be utilised for foraminifera with moderate but not major diagenetic alteration. 
Thus, paleoceanographic studies utilising primary foraminiferal trace metal ratios 
from continental margin settings underlying high primary productivity zones and those 
characterised by abundant microbial activity related to methane cycling in the pore 
waters, should establish thresholds of trace metals primarily associated with the 
authigenic carbonates. At IODP Site U1343 a threshold of U/Ca represents the best 
approach to minimise the influence of authigenic carbonates on measured 
foraminiferal metal/Ca ratios. However, the threshold is likely to vary based on the 
study region, including different redox chemical settings, the analytical instruments, 
and the sample preparation techniques used.  
Nevertheless, authigenic carbonates also offer unique opportunities to study 
environmental change through time using new approaches. Authigenic foraminiferal 
U/Mn has been proposed to record changes in the sedimentary redox chemistry, linked 
to bottom water oxygenation and sedimentary carbon burial (Gottschalk et al., 2016, 
Chen et al., 2017).  A proportionally larger incorporation of U compared to Mn in 
authigenic carbonate at IODP Site U1343 with a higher degree of diagenetic alteration, 
suggests an increase in the U/Mn ratio associated with stronger microbial activity and 
more reducing conditions in the sediment. Application of this proxy offers qualitative 
tool to reconstruct past changes in sedimentary redox chemistry. Together with proxies 
of primary productivity this allows to make inferences regarding deep ocean carbon 
storage, water mass changes, and/or oxygen minimum zone (OMZ) dynamics 
depending on the study area.  
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7.2 Last glacial maximum to Holocene climate change in the 
eastern Bering Sea – records of bottom water temperature, 
oxygenation, and sea ice 
The last glacial maximum (LGM) to Holocene transition is marked by pronounced 
changes in the Bering Sea oceanography. Records of bottom water temperature (BWT) 
at IODP Site U1343 demonstrate a LGM-Holocene ΔBWT of 2.03 ± 0.78 °C (standard 
error (s.e.)) (Figure 7.1), similar to other records from across the Pacific between 800-
3500 m water depth suggesting a ΔBWT of 1-3°C (Shackleton, 2000, Waelbroeck et 
al., 2002, Gorbarenko et al., 2002, Martin et al., 2002, Elderfield et al., 2010, Woodard 
et al., 2014, Knudson and Ravelo, 2015b, McClymont et al., 2016). In conjunction 
with the published benthic foraminiferal oxygen isotope (δ18Ob) record at Site U1343 
(Asahi et al., 2016) BWT reconstructions suggest an LGM-Holocene difference in 
seawater δ18O (Δδ18Ow) of 0.89 ± 0.30 ‰ (s.e.), slightly smaller but within error of the 
proposed mean ocean Δδ18Ow of 1.05 ± 0.2 ‰ (Duplessy et al., 2002). Taken at face 
value, the smaller than mean ocean Δδ18Ow supports entrainment of North Pacific 
Intermediate Water (NPIW) at Site U1343. NPIW forms locally from brine rejection 
during sea ice freezing with minimal oxygen isotope fractionation (Knudson and 
Ravelo, 2015b, Cook et al., 2016). Thus, NPIW is expected to carry the low δ18Ow 
signature of subarctic surface waters to greater depth (Knudson and Ravelo, 2015b, 
Cook et al., 2016). Enhanced contribution of NPIW during glacial intervals of the last 
1.2 Ma is observed at IODP Site U1342 in the southern Bering Sea at 800 m water 
depth, manifested by a negative offset of the δ18Ob record from the global LR04 stack 
(~0.5 ‰ for the LGM) (Lisiecki and Raymo, 2005, Knudson and Ravelo, 2015b). Two 
episodes of decreased δ18Ob compared to the LR04 stack (~0.2 ‰) are observed at 
IODP Site U1343 at ~25 ka and ~17.5 ka, coinciding with the LGM and Heinrich 
stadial 1 (HS1, ~18 ka to 15 ka), respectively (Figure 7.1). Whilst no BWT data is 
available at 25 ka, constant BWTs around 17.5 ka (Figure 7.1) support a decrease in 
the local δ18Ow, likely driven by NPIW entrainment.  
This is further supported by records of sedimentary redox chemistry at Site U1343. As 
aforementioned, NPIW forms locally from brine rejection causing the subduction of 
atmospherically-equilibrated O2-rich waters, in line with decreased authigenic 
foraminiferal U/Mn ratios at 25 ka and ~17.5 ka, indicating less reducing conditions 
in the sediments. As there is no concurrent change in the primary productivity and 
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benthic foraminiferal assemblage data also demonstrates a decrease in the abundance 
of dysoxic species, increased bottom water oxygen concentrations ([O2]) is inferred 
for 25 ka and ~17.5 ka (Figure 7.1). Hence, reconstructions of Δδ18Ow and bottom 
water oxygenation in the Bering Sea across the LGM to Holocene suggest periodic 
entrainment of NPIW at water depth of ~2000 m, which is deeper than the previously 
suggested divide of well and poorly ventilated LGM water masses in the Bering Sea 
of ~1000 m water depth (Cook et al., 2016). 
Increased formation and deepening of NPIW during the LGM and HS1 is in agreement 
with extended seasonal sea ice in the Bering Sea (Figure 7.1) (Katsuki and Takahashi, 
2005, Caissie et al., 2010, Méheust et al., 2016, Méheust et al., 2018). Whilst the sea 
ice record at Site U1343 is of too low resolution to make millennial-scale inferences 
(Figure 7.1), comparison with other records of sea ice variability from across the 
Bering Sea demonstrates distinct millennial changes across the last deglaciation, with 
a larger sea ice extent observed during the LGM, HS1 and the Younger Dryas (YD, 
~12.9-11.7 ka) (Méheust et al., 2016, Méheust et al., 2018) (Figure 7.1). Studies of 
Neodymium isotopes, suggest that the Bering Sea may have been the primary location 
of NPIW formation during the LGM and HS1 (Horikawa et al., 2010), while other 
studies indicate that the Sea of Okhotsk remained the primary source (Max et al., 2014, 
Okazaki et al., 2014). A larger sea ice extent in conjunction with enhanced ventilation 
at ~2000 m water depth during the LGM and HS1 supports, at least partial, NPIW 
formation in the Bering Sea (Figure 7.1). 
Across HS1 increased ventilation of the North Pacific has been commonly reported 
from water depth of up to ~2000 m water depth (Duplessy et al., 1989, Ahagon et al., 
2003, Sagawa and Ikehara, 2008, Okazaki et al., 2012, Rae et al., 2014, Max et al., 
2014, Cook et al., 2016) with one record from the Gulf of Alaska even demonstrating 
decreased ventilation ages at ~3500 m water depth (Rae et al., 2014). Thus, enhanced 
ventilation and deepening of NPIW in the Bering Sea during HS1 is in agreement with 
records from across the North Pacific, suggesting increased intermediate overturning. 
Modelling studies propose that a slowdown in the Atlantic meridional overturning 
circulation (AMOC) during cold events of the last deglaciation, such as HS1 and YD 
(McManus et al., 2004), resulted in increased North Pacific overturning leading to a 
larger northward heat transport in the Pacific (Saenko et al., 2004, Okazaki et al., 
2010). Even though records of δ18Ow and bottom water oxygenation at IODP Site  
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Figure 7.1 (A) Atmospheric CO2 record from the Antarctic ice core composite (pink) across 
the LGM-Holocene transition (Bereiter et al., 2015). (B) The MARopal at Site U1343 (brown) 
indicative of first order changes in primary productivity (Kim et al., 2014). (C) The abundance 
of dysoxic benthic foraminiferal species (dark blue) at Site U1343 in percent. The green dots 
represent samples with >100 specimens picked. (D) U/Mn of I. norcrossi (green diamonds) 
and Uvigerina spp. (blue diamonds) across the LGM-Holocene, the deglaciation is associated 
with a faunal change (dashed line). Note that the axis for U/Mn is on the logarithmic scale. 
(E) U/Ca of N. pachyderma (orange) at Site U1343, higher values suggest more reducing 
conditions in the sediments. Note that the axis for U/Ca is on the logarithmic scale. (F) Site 
U1343 sea ice dynamics with data points coloured according to the predominant sea ice state 
(orange: seasonal sea ice within the MIZ, yellow: seasonal sea ice outside the MIZ, red: ice 
free). (G) BWT at IODP Site U1343 (purple) across Termination I based on I. norcrossi (green 
diamonds) and Uvigerina spp. (blue diamonds) Mg/Ca ratios including the ±s.e. envelope 
(light purple). (H) δ18Ob records from U1343 adjusted for the E. batialis equilibrium offset 
(+0.65 ‰) (black) (Asahi et al., 2016) and U1342 (light grey) (Knudson and Ravelo, 2015b) 
together with the LR04 stack (middle grey) (Lisiecki and Raymo, 2005). The dark grey bar 
represents the LGM (18-25 ka), the light grey vertical bars represent the Heinrich stadial 1 
(~14.7-18 ka) and the Younger Dryas (~12.9-11.7 ka), while the yellow vertical bar represents 
the Bølling-Allerød (~12.7 ka to 14.7 ka). The dashed vertical lines represent the MIS 
boundaries and numbers at the top correspond to the respective MIS (MIS boundaries from 
(Lisiecki and Raymo, 2005)). The blue vertical bars indicate intervals across MIS 2 were 
NPIW incursion likely occurred at ~2000 m water depth in the eastern Bering Sea. 
 
U1343 support increased intermediate water formation during HS1, the large extent 
of sea ice across HS1 and the YD observed in records from around the Bering Sea and 
the North Pacific (Caissie et al., 2010, Méheust et al., 2016, Méheust et al., 2018) 
contradicts enhanced Pacific northward heat transport.  
Additionally, a greater sea ice extent together with enhanced vertical mixing during 
HS1 in the Bering Sea and the North Pacific (Méheust et al., 2016, Méheust et al., 
2018) may be able to explain the mismatch between decreased nutrient utilisation first 
observed in records of nitrogen isotopes (δ15N) around 17.5 ka (Brunelle et al., 2007, 
Brunelle et al., 2010, Pelto et al., 2018) and increased primary productivity, not 
observed until ~15-16 ka (Jaccard et al., 2005, Brunelle et al., 2007, Galbraith et al., 
2007, Jaccard et al., 2009, Brunelle et al., 2010, Kohfeld and Chase, 2011, Max et al., 
2012, Pelto et al., 2018). Greater nutrient utilisation during the LGM in the Bering Sea 
and the North Pacific likely results from stronger stratification of the subpolar water 
column due to homogenous cooling, supported by BWTs at Site U1343 (Figure 7.1). 
BWTs, however, do not increase until after ~16.4 ka, proposing that BWT warming 
was likely not the main driver of increased vertical mixing and nutrient supply to the 
surface ocean during HS1. Instead, increased NPIW formation could have resulted in 
a weakening of stratification and improved vertical mixing. Stronger vertical mixing 
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could have enhanced the supply of nutrients to the surface ocean, as indicated by 
decreased nutrient utilisation (Brunelle et al., 2007, Brunelle et al., 2010), while the 
large sea ice extent in the Bering Sea and the eastern and western North Pacific 
observed until ~15 ka (Caissie et al., 2010, Méheust et al., 2016, Méheust et al., 2018) 
(Figure 7.1) effectively limited the regional primary productivity due to reduced light 
availability. However, other possible explanations for the mismatch in δ15N and 
primary productivity across the LGM-Holocene transition include an early deglacial 
decrease in the iron-to-nitrate ratio of the surface ocean, limiting the drawdown of 
nitrate (Brunelle et al., 2010). 
Compared to the LGM and HS1, deglacial warm phases, such as the Bølling-Allerød 
(B/A, ~12.7 ka to 14.7 ka) and the early Holocene are marked by a decrease in the 
bottom water oxygenation at Site U1343, as seen from planktonic foraminiferal U/Ca 
ratios and the abundance of dysoxic foraminifera (Figure 7.1). Decreased bottom 
water [O2] is in accordance with laminated sediments observed at intermediate-depth 
across the Bering Sea, including Site U1343, during the B/A and the early Holocene, 
suggesting OMZ expansion in conjunction with increased primary productivity 
(Figure 7.1) (Cook et al., 2005, Expedition 323 Scientists 2010, Caissie et al., 2010, 
Aiello and Ravelo, 2012, Kuehn et al., 2014, Pelto et al., 2018). Greater surface ocean 
productivity and warming across these intervals is in line with ice free conditions, as 
recorded at Site U1343 (Figure 7.1) and in the North Pacific (Méheust et al., 2018) 
and reduced seasonal sea ice seen in the western Bering Sea (Méheust et al., 2016, 
Méheust et al., 2018). 
Consequently, the Bering Sea demonstrates in-phase deglacial climate oscillations 
with the North Atlantic, with cooling during HS1 and the YD, when the AMOC is 
reduced (McManus et al., 2004), and warming during the B/A and the early Holocene, 
supporting atmospheric teleconnections causing hemisphere-wide climate change at 
these times (Manabe and Stouffer, 1988, Okumura et al., 2009). Additionally, records 
of BWT, δ18Ow, and sedimentary redox chemistry at Site U1343 suggest deeper than 
previously reported NPIW entrainment in the Bering Sea to depth of ~2000 m 
coinciding with the LGM and HS1. 
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7.3 The Mid-Pleistocene transition from a Bering Sea 
perspective 
The Mid-Pleistocene transition (MPT, 0.7-1.2 Ma) marks the last great transition in 
Quaternary climate, likely driven by changes internal to the climate system. Hence, it 
is ideal to study the influence of a changing climate on Earth’s long-term climate 
dynamics, and represents a unique opportunity to investigate climate forcing 
mechanisms and interactions.  
Our understanding of the North Pacific and its marginal seas across this crucial interval 
is relatively limited. Studies suggest sea surface temperature (SST) cooling associated 
with the early phase of the MPT (McClymont et al., 2008, Martínez-Garcia et al., 
2010), together with step-wise expansion of sea ice in the Bering Sea as seen from 
low-resolution records of diatom assemblages (Teraishi et al., 2016, Ikenoue et al., 
2016, Stroynowski et al., 2017), indicating polar water mass expansion. Further 
Pleistocene glacials in the Bering Sea are characterised by enhanced ventilation of 
mid-depth waters and strengthened stratification of the subpolar water column 
(Knudson and Ravelo, 2015b, Knudson and Ravelo, 2015a). This suggests, a highly 
dynamic system on orbital timescales with pronounced changes observed across the 
Pleistocene. Records of BWT, bottom water [O2], and sea ice dynamics at IODP Site 
U1343 across the MPT provide valuable insights into Bering Sea climate dynamics 
with important implications for the regional and potentially global climate during the 
Mid-Pleistocene.   
Reconstructions of BWT at IODP Site U1343 demonstrate a long-term deep ocean 
warming between marine isotope stage (MIS) 34 and MIS 22 (866 ka to 1141 ka) (0.63 
± 1.10 °C), followed by long-term cooling between MIS 12 and MIS 22 (424 ka to 
900 ka) (1.21 ± 0.63 °C) (Figure 7.2). Together with published records of δ18Ob at Site 
U1343 (Asahi et al., 2016, Kender et al., in review) two possible scenarios for MPT 
continental ice volume arise.  
The first scenario depicts no long-term change in continental ice volume, with a 
distinct hydrographical event centred on MIS 22 (Table 4.2). MIS 22 is marked by 
pronounced BWT warming at Site U1343, also observed on Shatsky Rise in the North 
Pacific (Ford and Raymo, 2017), together with a positive excursion in δ18Ow (Figure 
7.2). Considering, the different water masses contributing to the Bering Sea on orbital 
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timescales, with NPIW representing a well-ventilated, low δ18Ow water mass, the 
observed changes across MIS 22 would likely be driven by North Pacific Deep Water 
(NPDW). This is in line with similar BWT warming observed at 3346 m water depth 
on Shatsky Rise, bathed in NPDW (Ford and Raymo, 2017). However, it is unclear 
what could have caused the observed fluctuations across MIS 22 (Table 4.2). BWT 
warming suggests a potential slowdown of the deep Pacific circulation, with a greater 
influence of the geothermal heat flux at the seafloor. Records of the flow speed of the 
Deep Western Boundary Current (DWBC) a precursor of NPDW, however, do not 
indicate a slowdown until after MIS 22 (Hall et al., 2001, Venuti et al., 2007). The 
large positive excursion in δ18Ow observed during MIS 22 at both IODP Site U1343 
and ODP Site 1208 on Shatsky Rise (Ford and Raymo, 2017) is also challenging to 
explain. Considering the different water masses that contribute to the deep Pacific 
today, North Atlantic Deep Water (NADW) has a higher δ18Ow compared to southern 
sourced deep waters (LeGrande and Schmidt, 2006). However, records of Neodymium 
isotopes demonstrate a pronounced decrease in NADW export associated with the 
MPT, primarily observed across MIS 22 (Table 4.2) (Pena and Goldstein, 2014).  
On the other hand, increased δ18Ow could result from a pronounced increase in 
continental ice volume during MIS 22 as suggested by Elderfield et al. (2012). Thus, 
the second scenario to explain the trends in BWT and δ18Ob across the MPT as seen 
from IODP Site U1343 infers continental ice volume increase prior to/during MIS 22 
with enhanced NPIW contribution to Site U1343 during the following glacials of the 
late Pleistocene. This is additionally supported by some glacial intervals 
demonstrating a negative δ18Ob offset at Site U1343 from the LR04 stack, as seen for 
the LGM-Holocene, suggesting NPIW entrainment.  
Even though, records of BWT and δ18Ow at IODP Site U1343 were unable to reconcile 
the different proposed continental ice volume histories across the MPT, comparison 
of all available records of δ18Ow (Deep Sea Drilling Project (DSDP) Site 607 (Sosdian 
and Rosenthal, 2009, Ford et al., 2016), Ocean Drilling Program (ODP) Site 1123 
(Elderfield et al., 2012), IODP Site U1343) by means of the deviation from the 
respective record average, highlights the 900-ka event (MIS 24 to MIS 22, 866-936 
ka) as an important interval for MPT continental ice volume evolution (Figure 7.2). 
Starting during MIS 22 (Table 4.2) all records demonstrate consistent positive 
deviations from their respective average during glacials, in line with increased 
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continental ice volume during late Pleistocene climate cycles. Furthermore, this study 
emphasises the  
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Figure 7.2 (A) MARopal (grey dots) together with the 3-point running mean (grey line) at Site 
U1343 (Kim et al., 2014). (B) Site U1343 IP25 record across the Mid-Pleistocene, colour-
coded according to the predominant sea ice regime (red: ice free, blue: extended ice cover, 
orange: seasonal sea ice within the MIZ, yellow: seasonal sea ice outside the MIZ). (C) 
Planktonic U/Mn data (pink dots) across the Mid-Pleistocene together with the glacial (blue 
dots) and interglacial (red dots) averages. (D) Benthic U/Mn data (purple dots) across the Mid-
Pleistocene together with the glacial (blue dots) and interglacial (red dots) averages. Error bars 
represent the s.e., open symbols indicate intervals with only one data point in both panels C 
and D. Note that the axes for planktonic and benthic U/Mn are on the logarithmic scale. (E) 
The deviation of the glacial and interglacial average of δ18Ow from the respective mean at Site 
U1343 (dark blue, dark red), ODP Site 1123 (medium blue, orange) (Elderfield et al., 2012), 
and DSDP Site 607 (light blue, pink) (Sosdian and Rosenthal, 2009, Ford et al., 2016) across 
the Mid-Pleistocene. The error bars represent the s.e. (F) δ18Ow at Site U1343 (orange dots) 
together with the 3-point running mean (orange line) and δ18Ow at ODP Site 1123 (green) 
(Elderfield et al., 2012) and DSDP Site 607 (blue) (Sosdian and Rosenthal, 2009, Ford et al., 
2016). (G) 3-point running mean of BWT at Site U1343 (purple) across the Mid-Pleistocene 
based on E. batialis (red triangles), I. norcrossi (green diamonds), and Uvigerina spp. (blue 
diamonds) including the ±s.e. envelope (light purple). (H) δ18Ob at Site U1343 (black) (Asahi 
et al., 2016, Kender et al., in review) together with the LR04 stack (grey) (Lisiecki and Raymo, 
2005). The grey vertical bars represent glacial intervals, numbers at the top represent marine 
isotope stages (MIS). MIS boundaries from (Lisiecki and Raymo, 2005). 
 
importance of regional hydrography on the δ18Ow as proposed by Ford et al. (2016) 
and highlights the need to consider the relative changes in water mass contribution 
when studying δ18Ow on these timescales. This calls upon additional records of δ18Ow 
from different ocean regions across the MPT to derive a globally averaged stack, less 
sensitive to regional variability.  
In addition to BWT, I used authigenic foraminiferal U/Mn glacial/interglacial (G/IG) 
averages across the MPT to explore changes in the sedimentary redox chemistry over 
time, linked to variability in primary productivity and bottom water [O2]. Both glacials 
and interglacials are marked by a long-term decrease in benthic and planktonic U/Mn 
across the Mid-Pleistocene, suggesting progressively less reducing conditions in 
sediments along the eastern Bering Sea slope. While the mechanisms for less reducing 
conditions across interglacials are less clear and may involve changes in the 
accumulation of respired carbon in NPDW and/or change in the local primary 
productivity, the decrease in glacial benthic and planktonic U/Mn is most likely driven 
by enhanced contribution of NPIW to Site U1343, first observed in both planktonic 
and benthic foraminiferal U/Mn during MIS 28 (Table 4.2) (Figure 7.2). NPIW forms 
locally from atmospherically-equilibrated sea ice brines ventilating the North Pacific 
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at intermediate depth. Reconstructions of sea ice dynamics in the eastern Bering Sea 
suggest an increase in sea ice extent during MIS 28, coinciding with improved 
ventilation of Bering Sea deep waters, indicating that sea ice in the Bering Sea may 
have played a fundamental role for NPIW formation during the Mid-Pleistocene 
(Figure 7.2).  
Thus, both sedimentary redox chemistry and sea ice extent suggest dynamic changes 
in the water mass contribution at Site U1343 during MIS 28, while records of BWT 
and δ18Ob indicate potential NPIW contribution to Site U1343 following MIS 22 
(Table 4.2) (Figure 7.2). However, as I am only exploring the long-term trends in BWT 
and δ18Ob at Site U1343 prior to and following MIS 22 orbital-scale features, such as 
increased NPIW contribution from MIS 28 may be subdued. Strikingly, MIS 22 stands 
out in all records generated as part of this study. While BWTs demonstrate pronounced 
warming together with a positive excursion in δ18Ow, benthic foraminiferal authigenic 
U/Mn ratios during MIS 22 deviate from the long-term decrease, suggesting more 
reducing conditions (Figure 7.2). Additionally, MIS 22 stands out in the reconstructed 
sea ice dynamics by lower IP25 concentrations and the lack of late glacial/deglacial sea 
ice maximum, observed consistently from MIS 28 onwards (Figure 7.2). Thus, instead 
of the two proposed scenarios, it is likely that a combination of the two is needed to 
fully explain the paleoclimate records, highlighting the need for additional studies 
across this fundamental time period of Quaternary climate change to fully disentangle 
the influence of regional versus global climate change on BWT, sedimentary redox 
chemistry, and sea ice dynamics in the Bering Sea. 
7.3.1 The role of sea ice for the Mid-Pleistocene transition 
Modelling studies have shown that sea ice might have played a fundamental role for 
changes in the frequency of G/IG cycles across the MPT (Gildor and Tziperman, 2001, 
Tziperman and Gildor, 2003, Ashkenazy and Tziperman, 2004, Lee et al., 2017). In 
particular two predictions were made that can be tested using proxy methods. The first 
being a pronounced increase in the sea ice extent associated with the MPT and the 
second one is land ice sea ice hysteresis during late Pleistocene climate cycles with a 
large sea ice extent across deglaciations (Gildor and Tziperman, 2001, Tziperman and 
Gildor, 2003, Ashkenazy and Tziperman, 2004).  
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The results presented in this thesis support an increase in the sea ice extent in the 
Bering Sea across the MPT, starting during MIS 28 (Table 4.2) (Figure 7.2). This is 
associated with a shift in the glacial IP25 maximum from mid-glacials during the early 
MPT towards the late glacial/early deglaciation observed during MIS 28, 26, 24 (Table 
4.2), and 12 (Figure 7.2). Furthermore, IP25 at Site U1343 together with additional 
records from across the Bering Sea suggests a deglacial sea ice peak across the LGM-
Holocene transition, also observed in the Barents Sea, the Fram Strait, and the Nordic 
Seas (Aagaard-Sørensen et al., 2010, Müller and Stein, 2014, Hoff et al., 2016). Thus, 
biomarker-based reconstructions of sea ice dynamics in the Bering Sea support a 
fundamental role of sea ice for late Pleistocene deglaciations, likely limiting the 
evaporation from the surface ocean and consequently the moisture supply to 
continental glaciers. 
In comparison to the sea ice switch (SIS) hypothesis, however, sea ice increase in the 
Bering Sea did not result from a long-term decrease in BWT, as the early MPT is 
marked by a BWT increase in the deep eastern Bering Sea (Figure 7.2). Instead, sea 
ice increase paralleled regional climate cooling, seen from progressive SST cooling 
and regional glacier advances (McClymont et al., 2008, Bintanja and van de Wal, 
2008a, Martínez-Garcia et al., 2010). Nevertheless, BWT cooling during the late 
Pleistocene (Figure 7.2) may have played a role in observed long-term increase in sea 
ice extent suggested from the increase in IP25 concentrations across all four studied 
intervals.   
Additionally, the sea ice record at Site U1343 correlates significantly with 
intermediate water ventilation in the southern Bering Sea at 800 m water depth 
(Knudson and Ravelo, 2015b). This suggests that sea ice in the Bering Sea might have 
played a fundamental role for intermediate water formation in the North Pacific 
throughout glacials of the Mid-to late Pleistocene, further highlighting the importance 
of sea ice dynamics in the North Pacific for MPT climate change. Kender et al. (in 
review) suggest that enhanced formation and deepening of NPIW in the Bering Sea 
during the Mid-Pleistocene may have provided a positive feedback for atmospheric 
CO2 drawdown by reducing the upwelling of CO2-rich deep waters in eddies along the 
eastern Bering Sea slope. This points towards an effect of sea ice for the North Pacific 
carbon cycle.  
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In conclusion, sea ice reconstructions in the Bering Sea reveal essential dynamics with 
respect to the MPT, advancing our understanding of the role of sea ice for climate 
change. Furthermore, this study emphasises the importance of sea ice for the regional 
climate dynamics, in particular NPIW formation in the North Pacific. 
7.4 Future work 
This study is a significant step forward in our understanding of North Pacific climate 
change across the Mid- to late Pleistocene. In particular it highlights the importance 
of dynamic changes in sea ice extent and NPIW formation on long-term and orbital 
timescales across the MPT and the LGM-Holocene. Changes in the water mass 
contribution to the deep Bering Sea have pivotal consequences for the δ18Ow, the 
ventilation, and potentially even bottom water temperature, emphasising the need to 
determine to role of NPIW for paleoclimate reconstructions. Further, this work has 
provided a more comprehensive understanding of the trace metal composition of 
authigenic carbonates resulting from AOM and organoclastic sulphate reduction. It 
has shown both the limits and the application of traditional paleoclimate proxies, such 
as Mg/Ca, in areas of intense microbially-induced authigenic carbonate formation, but 
also demonstrated the associated opportunities, such as authigenic U/Mn for 
reconstructions of sedimentary redox conditions. 
Hence, future work should focus on exploring the spatial variability of NPIW across 
the Mid-Pleistocene to test a potential deepening of this water mass associated with 
the MPT, as suggested by inferences of δ18Ow, sedimentary redox conditions, and sea 
ice dynamics in the eastern Bering Sea. NPIW is characterised as a well-ventilated, 
low δ18Ow water mass. Thus, multi-proxy reconstructions of bottom water ventilation 
and δ18Ow from different depths across the Bering Sea, the Sea of Okhotsk, and the 
North Pacific could aid in deciphering both the primary source region and spatial 
variability of NPIW. This study uses authigenic foraminiferal U/Mn and dysoxic 
foraminiferal assemblages as a qualitative tool to reconstruct sedimentary redox 
conditions driven by bottom water [O2] and changes in the supply of organic carbon. 
Other, more established proxies include the analysis of bulk sedimentary redox 
sensitive elements (Morford and Emerson, 1999, Chase et al., 2001, Morford et al., 
2007, Jaccard et al., 2009, Pattan and Pearce, 2009) and the carbon isotope gradient 
(Δδ13C) between epi- and infaunal benthic foraminiferal species (Hoogakker et al., 
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2015, Gottschalk et al., 2016), which would allow a more quantitative reconstruction 
of bottom water oxygenation when combined with proxies for primary productivity. 
When studying Δδ13C, however, it is important to avoid areas with methane-related 
authigenic carbonate formation, as these are characterised by depleted δ13C (Schneider 
et al., 2017, Panieri et al., 2017), resulting from the incorporation of methane-derived 
carbon, overprinting the primary foraminiferal δ13C signature. This work could 
additionally benefit from studying G/IG cycles in carbonate preservation using an 
XRF core scanner (Gottschalk et al., 2018), a comparably quick analytical technique. 
The deep North Pacific demonstrates distinct carbonate preservation cycles with 
decreased CaCO3 accumulation during glacials, likely linked to enhanced deep ocean 
carbon storage with more corrosive bottom waters (Haug et al., 1995, Jaccard et al., 
2005, Burls et al., 2017). Thus, if a site, sensitive to changes in the water mass 
contribution was primarily bathed by NPDW during interglacials, but NPIW during 
glacials, this could potentially be reflected in a ‘reversed’ CaCO3 accumulation 
pattern, with increased preservation during glacial intervals as a result of the presence 
of better ventilated NPIW.  
Additionally, further work should focus on exploring the influence of different states 
of NPIW formation on the North Pacific carbon cycle. Recent work suggests that 
enhanced export of NPIW during Heinrich stadial 1 may have increased primary 
productivity in the equatorial Pacific (Max et al., 2014). Moreover, Kender et al. (in 
review) propose that NPIW deepening during MIS 22 (Table 4.2) could have 
decreased eddy-induced CO2 outgassing along the eastern Bering Sea slope. Hence, 
both studies indicate a negative feedback of increased NPIW formation on 
atmospheric CO2 concentrations. Consequently, it is important to study the nutrient 
content of NPIW on G/IG timescales and its ability to promote primary productivity. 
Further, examining carbon cycle parameters, such as pH, may provide insights into 
CO2 dynamics. Traditionally, reconstructions of oceanic pH are based on boron 
isotopes (δ11B) of benthic or planktonic foraminifera (Sanyal et al., 1995, Hönisch and 
Hemming, 2005, Yu et al., 2010b). However, the methodology requires a large amount 
of sample material, which is challenging in the North Pacific due to the low CaCO3 
preservation potential. Yet, newly established approaches use the δ11B of aragonitic 
deep sea corals (Scleractinia) to infer changes in the oceanic carbonate chemistry at 
intermediate depth (Burke et al., 2017). Abundant deep sea corals have been reported 
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from the upper continental slope in the Bering Sea, potentially offering a chance to 
explore the pH of mid-depth waters across the last G/IG cycle, although the abundance 
of the coral order Scleractinia is relatively low (Stone and Shotwell, 2007, Miller et 
al., 2012), indicating the need for detailed site surveys. 
Moreover, future research should aim to reconstruct a continuous ~1.5 Ma record of 
sea ice dynamics in the Bering Sea, to examine the full Pleistocene orbital-scale 
variability and to provide further insights into the role of sea ice for the MPT. A 
continuous record offers the opportunity to study the leads and lags of sea ice 
dynamics versus δ18Ob, to determine the role of sea ice for the deglacial continental 
ice sheet retreat. In addition, biomarker-based records of MPT sea ice evolution from 
other regions across the northern hemisphere and eventually the Southern Ocean are 
needed to confirm the observed changes of MPT sea ice dynamics in the Bering Sea 
and to determine the role of interhemispheric sea ice patterns for climate change (Lee 
et al., 2017). 
Furthermore, it is important for our understanding of high latitude regions to promote 
studies exploring Mg/Ca temperature calibrations of high-latitude specific 
foraminiferal species and/or the Mg/Ca dynamics of global species towards the ‘cold 
end’ of the established calibrations. Especially in relation to future climate change, 
understanding the sensitivity of different climate parameters in high latitude regions 
is of relevance. Additionally, examining the effect of CaCO3 saturation on infaunal 
foraminiferal species is fundamental, in particular with regard to the deep Pacific, 
where old carbon-rich bottom waters prevail.  
Lastly, high resolution records of δ18Ow across the MPT are needed from around the 
world’s ocean. Together with results presented in Ford et al. (2016) this study 
demonstrates the importance of regional hydrography for the δ18Ow. Thus, a global 
stack is needed, similar to the LR04 stack (Lisiecki and Raymo, 2005) to derive an 
averaged record of continental ice volume evolution across this pivotal climate 
transition. Together with future endeavours to drill Antarctic ice cores reaching as far 
back as the early MPT, allowing the reconstruction of atmospheric CO2 (Parrenin et 
al., 2017), this will provide critical momentum in understanding internal climate 
mechanism driving Mid-Pleistocene climate change.
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